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Abstract 
We examined the oxygen isotopic composition of biogenic carbonates, carbon and nitrogen 
abundances and isotopic compositions of bulk organic matter (OM), and the abundances and 
carbon isotopic compositions of individual n-alkanes (C17 to C35) for samples from three, 18 
m long sediment cores from Lake Ontario in order to: (i) assess how changing environmental 
parameters affected the hydrologic history of Lake Ontario, and (ii) evaluate changes in 
organic productivity and sources since the last deglaciation.  Knowledge of the hydrologic 
and ecological behaviour of the Lake Ontario basin during past climate change provides 
insight into its future sensitivity.  During the glacial period, the average lakewater oxygen-
isotope composition was –17.5 ‰ (VSMOW), which indicates a significant glacial meltwater 
contribution.  Higher abundances of mid-chain n-alkanes (C23 and C25) with carbon-isotope 
compositions of –32.5 ‰ (VPDB) record allochthonous OM input, notwithstanding low bulk 
C/N ratios that normally indicate lacustrine productivity.  These results suggest a degraded 
source, perhaps OM associated with clay minerals.  Glacial retreat facilitated proliferation of 
terrestrial vegetation, as recorded in higher abundances of long-chain (terrestrial) n-alkanes 
(C27, C29, C31).  Cessation of glacial meltwater supply is marked by an increase in lakewater 
oxygen-isotope composition to ~ –12 ‰ by 13,000 cal BP.  This increase was interrupted by 
a final inflow of low-
18
O glacial meltwater that lasted ~500 years.  Rerouting of the upper 
Great Lakes caused Lake Ontario to become hydrologically closed from 12,300 to 8,300 cal 
BP.  The lakewater oxygen-isotope composition increased to –7 ‰ because of the end of 
glacial meltwater supply, and climate-related increases in evaporation and the oxygen-
isotope composition of precipitation.  A steady increase in terrestrial n-alkane abundances 
and their carbon-isotope compositions (–31 to –29 ‰) signified plant growth under water-
stressed conditions until ~8,000 cal BP.  Transition to a wetter climate (6,800 cal BP) and 
return of upper Great Lakes water supply (~5,300 cal BP) caused lake levels to rise.  A 
decrease in carbon-isotope composition (~2 ‰) in all aquatic n-alkanes during this time 
signifies a change in the lacustrine carbon pool, whereas a decrease in the carbon-isotope 
composition of terrestrial n-alkanes signifies relief from more arid conditions.  
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Epigraph 
 
Meltwaters did rush to the sea 
They say – from Lake Agassiz 
And that made it cold 
We are constantly told 
But the pathways aren’t shown to me! 
 
–FJL 
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Chapter 1 
1 Introduction 
1.1 Overview 
The glacial history of the Laurentian Great Lakes (Fig. 1.1), and its relationship to global 
climatic and environmental changes, have been studied since the early 1900s.  In 
particular, it has been suggested that meltwater from the ablating Laurentide Ice Sheet 
(LIS) was routed through the Great Lakes to the Atlantic Ocean, weakening thermohaline 
circulation (THC)  in the Atlantic Meridional Overturning Circulation (AMOC) and 
triggering the Younger Dryas (YD) cooling event at ~12,900 cal [11,020 
14
C] BP (Teller, 
1985; Broecker et al., 1989; Teller, 1990; Teller, 1995).  This proposed history has been 
the subject of considerable debate over the past several decades (Fritz et al., 1975; Lewis 
et al., 1994; Rea et al., 1994; Fisher and Lowell, 2006; Cronin et al., 2008; Fisher et al., 
2009; Murton et al., 2010; Teller, 2013).  As such, there remains much to be investigated 
in the Great Lakes region to determine the specific timing and extent of meltwater 
contributions to each lake. The presence of glacial meltwater in the Great Lakes can be 
identified using proxies such as the oxygen isotopic composition of shelly fauna 
preserved in lake sediments.  Lake Ontario – the focus of this thesis – is located at the 
end of the Great Lakes chain-of-lakes, and hence provides a unique opportunity to 
pinpoint meltwater passage from the lower Great Lakes to the Atlantic Ocean. 
Lake Ontario sediments also contain organic matter (OM) proxies that offer an 
opportunity to investigate how post-glacial Lake Ontario responded to varying climate 
conditions since the end of the Pleistocene at 11,700 cal [10,100 
14
C] BP.  Hydrologic 
closure of Lake Ontario began at 12,300 cal [10,400 
14
C] BP and was caused in large part 
by the routing of the upper Great Lakes through the North Bay outlet, bypassing Lake 
Erie and Lake Ontario (Anderson and Lewis, 2012).  Hydrologic closure meaning the 
lake basin operated as a closed basin with no outlets as used by Anderson and Lewis 
(2012).  During the ~4,000 years of hydrologic closure, southern Ontario’s climate has 
been described as cold and dry (Edwards et al., 1996; Anderson and Lewis, 2012).  
Regional warming and increased precipitation, under still dry conditions, then caused 
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Figure 1.1. Satellite maps of the Laurentian Great Lakes (red circle).  Figure modified from Google maps 
(http://www.google.com/maps).    
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Lake Ontario to return to overflow conditions at ~8,300 cal [7,500 
14
C] BP (Edwards et 
al., 1996; Anderson and Lewis, 2012).  Continual warming and still wetter conditions 
developed by ~6,800 cal BP and with the return of upper Great Lakes drainage during the 
Nipissing rise at ~5,800 cal BP, Lake Ontario water levels rose abruptly by ~10 m, 
followed by a more gradual increase to near present levels by 3,000 cal [2,890 
14
C] BP 
(Edwards et al., 1996; Anderson and Lewis, 2012).  Lake Ontario’s 
ecological/environmental response to these shifting climatic conditions and water levels, 
as recorded in OM, has been examined in only a few previous studies (Silliman et al., 
1996; McFadden et al., 2004; 2005).  A more detailed historical baseline for Lake 
Ontario’s response to changing climatic conditions should provide a useful frame of 
reference for anticipating the consequences of future climate change.  In particular, OM 
in Lake Ontario sediments should contain a biochemical record of (i) its source (e.g., 
terrestrial or lacustrine), (ii) changes in primary production within the lake, and (iii) 
variations in allochthonous versus autochthonous OM contributions in response to 
shifting environmental conditions.   
Previous studies on bulk chemical and isotopic analysis of OM by itself, however, is not 
always suitable for discrimination among the types of OM present, or its terrestrial versus 
lacustrine sources, especially in glacio-lacustrine deposits (Hyodo and Longstaffe, 2011).  
A multi-proxy approach, combining compound-specific measurements of lipid 
biomarkers such as n-alkanes with more traditional bulk OM analysis, allows for more 
accurate assessment of primary lacustrine productivity and terrestrial allochthonous 
inputs.  A few previous studies of Lake Ontario have begun such work (Silliman et al., 
1996; McFadden et al., 2004; 2005), and that approach is expanded upon here. 
1.2 Research questions 
This thesis investigates hydrologic, environmental and climatic changes recorded in Lake 
Ontario sediments since the late Pleistocene, in order to assess the impact of natural 
variability on the lacustrine–terrestrial system.  A special effort is made to compare 
traditional lacustrine productivity proxies, such as bulk OM chemical and isotopic 
measurements, with compound-specific OM analysis.  This approach is necessary in 
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order to identify changes in lacustrine productivity versus terrestrial OM inputs under 
varying environmental conditions – within the broader framework of regional and global 
climate change.  One part of this thesis determines the timing and extent of glacial 
meltwater movement through Lake Ontario.  As mentioned earlier, discharge to the 
Atlantic Ocean from glacial Lake Agassiz and other large proglacial lakes via the Great 
Lakes is posited to have disrupted THC (Fig. 1.2) and caused the YD (Broecker et al., 
1989).  More recent research, however, suggests that the meltwater entered the Arctic 
Ocean mostly through a northwestern outlet (Murton et al., 2010).  Still other researchers 
suggest that Glacial Lake Agassiz evaporated rather than drained into either ocean (Fisher 
and Lowell, 2012; Lowell et al., 2013).  Within this conceptual context, the timing and 
extent of glacial meltwater input into Lake Ontario, which sits at the end of the Great 
Lakes chain-of-lakes, has not yet been fully evaluated.  Filling this knowledge gap 
provided my first research question: 
(1) Does the timing of glacial meltwater input into Lake Ontario correlate with the 
onset of the YD and was the extent of meltwater input to Lake Ontario – if 
transported to the Atlantic Ocean – sufficient to cause changes to the THC?   
To make this assessment, I used the oxygen-isotope compositions of ostracode valves and 
clam shells from three 18 meter Lake Ontario sediment cores as proxies for meltwater 
input to Lake Ontario and its precursors.  Samples from the same cores were used for 
additional analyses, as summarized below. 
The second facet of this thesis involves determining the sources of dissolved inorganic 
carbon (DIC) in ancestral Lake Ontario and the relative contributions of allochthonous 
and autochthonous OM to its sediments.  This has been accomplished by addressing two 
research questions.  The second research question was:  
(2) How did the carbon isotopic composition of DIC and the bulk chemistry and 
isotopic composition of OM in Lake Ontario vary throughout its history and do 
these variations record changes in source inputs and in-lake productivity?  
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Figure 1.2. Thermohaline circulation (THC) in the Atlantic and Arctic Oceans.  Warmer 
surface currents (red) and colder deep currents (blue) strongly influence Earth’s climate.  
The Great Lakes (circled red) presently drain northeastward (red arrow) into the Atlantic 
Ocean at a critical location where the warm current transports heat (and salt) northward 
into the Nordic seas between Greenland and Norway and the Labrador Sea where 
convection processes (THC) occur.  The northward-flowing warm surface current and 
returning deep cold current constitute the Atlantic Meridional Overturning Circulation 
(AMOC).  Rapid outflows of freshwater from impoundments of meltwater during 
deglaciation of North America are thought to have diluted the warm salty surface current 
sufficiently to prevent sinkage (convection) during winter cooling in the north Atlantic 
and to have slowed THC and AMOC ~12,900-11,500 cal BP.  The slowdown in 
convection is thought to have diverted the warm current eastward, thereby slowing 
northward transport of heat and inducing the YD cold event.  Figure modified from 
Dickson and Dye (2007).   
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To assess changes in the DIC pool, I have used the carbon-isotope composition of 
ostracode valves and clam shells.  To assess changes in OM sources and productivity, I 
have used traditional proxies, which include bulk OM carbon and nitrogen abundances 
and C/N ratios, and bulk OM carbon- and nitrogen-isotope compositions.  The traditional 
proxies, however, returned results that did not allow increasing/decreasing primary 
productivity to be distinguished unambiguously from terrestrial input, particularly for the 
late Pleistocene glacial sediments.  This provided my third research question:  
(3) Can the abundances and compound-specific carbon-isotope compositions of n-
alkanes be used to discriminate between various terrestrial OM sources and 
lacustrine productivity in Lake Ontario, and does this record reflect regional 
hydrologic, climatic and environmental changes in the region?  
1.3 Research context 
1.3.1 Quaternary history of the Great Lakes basin  
Much of present-day eastern Canada and United States was covered by Wisconsinan Ice 
during the Last Glacial Maximum (Fig. 1.3), which peaked at 24,000 cal [20,000 
14
C] BP 
(Larson and Schaetzl, 2001).  Numerous proglacial lakes formed along the edge of the 
LIS as ice retreated.  The LIS controlled much of the volume and morphology of the 
proglacial lakes by impounding drainage outlets.  At the time of deglaciation, there were 
six Laurentian Great Lakes (Lake Agassiz, Lake Superior, Lake Huron, Lake Michigan, 
Lake Erie and Lake Ontario).  These lakes, from Lake Agassiz in the northwest to Lake 
Ontario in the southeast, linked together the drainage of more than half of North America 
(Teller, 1985; 1987).  
Of most importance to this thesis is the Quaternary history of the Lake Ontario region.  
The Lake Ontario basin lies 200-300 km north of the maximum southern extent of the 
LIS (Hutchinson et al., 1993).  Ancestral Lake Ontario was largely ice-free during the 
Mackinaw interstadial (16,000-15,300 cal [13,140-12,975 
14
C] BP) (Muller and Prest 
1985; Barnett, 1992).  The retreat of the ice also allowed Lake Ypsilanti (occupying the 
Lake Erie basin) to flow into ancestral Lake Ontario.  Ancestral Lake Ontario’s outlet 
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Figure 1.3. Maximum extent (~24,000 cal [20,000 
14
C] BP) of the Laurentide Ice Sheet 
(LIS) in North America.  The Great Lakes are circled in red.  Figure modified from the 
National Science Foundation website (http://www.nsf.gov).
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was located in the southeastern portion of the lake, where upstream flow from Lake 
Ypsilanti continued eastward through the Lake Ontario Basin and drained through the 
Mohawk River Valley to the Atlantic Ocean.  The connectivity between the Ontario and 
Erie basins was truncated when ice readvanced at 15,300 cal [12,975 
14
C] BP.  For ~ 800 
years, the Ontario lobe of the LIS completely covered the Lake Ontario basin and forced 
the newly formed Lake Whittlesey, which occupied the Erie basin, to flow westward 
toward present-day Lake Michigan.   
The Lake Ontario basin became ice-free again at ~14,500 cal [12,400 
14
C] BP when the 
LIS retreated northward.  The LIS impounded the St. Lawrence valley allowing water to 
rise in the Lake Ontario basin.  The proglacial lake occupying the Lake Ontario basin at 
that time is called glacial Lake Iroquois.  Glacial Lake Iroquois was the largest proglacial 
lake to occupy the Lake Ontario basin.  At its maximum, water levels rose to ~35 (west) 
to 115 (east) m above present-day Lake Ontario (Coakley and Karrow, 1994; Anderson 
and Lewis, 2012).  Drainage of glacial Lake Iroquois occurred at Rome, New York 
(Mohawk River valley), which connected to the Atlantic Ocean via the Hudson River 
valleys further east.  From 14,500 to 13,260 cal [12,400-11,350 
14
C] BP glacial Lake 
Iroquois received water directly from the LIS and from upstream Glacial Lake Algonquin 
through the Fenelon Falls outlet to the north.  Shortly thereafter, the LIS retreated further 
north, out of the St. Lawrence River valley, opening a new outlet for Lake Ontario.  
During this period, glacial Lake Iroquois lake levels fell through a series of lake phases: 
Frontenac, Sydney ‘?’, Belleville-Sandy Creek and Trenton-Skinner Creek (Anderson 
and Lewis, 2012).  The latter two lake phases in the Lake Ontario basin were confluent 
with the Fort-Ann phase of Lake Vermont, which occupied the Lake Champlain basin 
further east (Anderson and Lewis, 2012).  The entire confluent water body flowed into 
the Atlantic Ocean via the Hudson River valley.   
Continued retreat of the LIS at 12,900 cal [11,000 
14
C] BP caused Lake Trenton to drain 
to the early Lake Ontario level (Anderson and Lewis, 2012).  At the same time, marine 
water invaded the St. Lawrence River valley to the east to form the Champlain Sea.  
Confluence between the Champlain Sea and early Lake Ontario was maintained as both 
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sea level rise and isostatic uplift of Lake Ontario occurred at nearly the same rate 
(Anderson and Lewis, 2012).  Early Lake Ontario received meltwater from upstream 
sources (glacial Lake Algonquin) during this time period, which likely inhibited marine 
invasion by forcing water out of the basin.  Closed basin conditions ensued shortly after 
12,300 cal [10,400 
14
C] BP in Lake Ontario when upstream glacial Lake Algonquin 
switched its drainage pattern to new outlets at North Bay, which was produced by 
isostatic depression and ice retreat (Eschman and Karrow, 1985).  This change, coupled 
with increased evaporation and decreased precipitation under cold and dry climatic 
conditions, caused Lake Ontario to fall below its outlet at the St. Lawrence River 
(Edwards et al., 1996; Anderson and Lewis, 2012).  Hydrologic closure and associated 
low water levels lasted until 8,300 cal [7,500 
14
C] BP when increased precipitation once 
again allowed Lake Ontario to overflow its outlet.  Connectivity with the upper Great 
Lakes was reestablished during the Nipissing rise when overflow was fully transferred 
from the North Bay outlet to the southern outlets at Port Huron-Sarnia (southern Lake 
Huron) and Chicago (southern Lake Michigan); the Nipissing rise peaked from 6,300 to 
5,200 cal [5,500-4,500 
14
C] BP (Anderson and Lewis, 2012).  Drainage was diverted 
entirely to the Port Huron-Sarnia outlet by ~4,200 [3,800
14
C] cal BP (Larsen, 1985).  
Lake Ontario then continued to rise towards present-day levels under the re-established 
conditions of Upper Great Lake connectivity and increased precipitation in southern 
Ontario.  
1.3.2 Limnology and stable isotope geochemistry  
Changes in aquatic ecosystems are caused by changes in climatic and environmental 
conditions.  Lakes function as natural traps for sediments and have the ability to preserve 
materials (proxies) whose physical, chemical and/or isotopic compositions can be used to 
deduce previous environmental conditions.  Paleolimnology focuses on the interpretation 
of such sedimentary records and the processes that create and modify them (Wetzel, 
2001).  Paleolimnology follows the dictum that “the present is the key to past”.  Changes 
in the proxy records that can be related to climatic or other environmental/ecological 
parameters can also provide a helpful basis for predictions of future behaviour.        
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Stable isotope limnology has become an essential part of climatic and environmental 
reconstructions over the last few decades, contributing significantly to our understanding 
of how lake-climate systems respond to environmental stressors.  Advances in modern 
technology have allowed for cost-effective analysis of small samples of proxy materials 
using devices such as elemental analyzers and Multiprep autosamplers in which carbon-, 
nitrogen-, oxygen- and hydrogen-bearing gases characteristic of the sample are produced 
and then delivered to other instruments for chemical and isotopic measurements.  This 
thesis uses this analytical approach to evaluate ancient climatic and environmental 
conditions, as reflected by proxy materials preserved in Lake Ontario sediments. 
Biogenic carbonates (ostracodes and clams) are proxies that provide important 
information about environmental conditions through their oxygen isotopic compositions.  
The oxygen-isotope composition of a biogenic carbonate is a function of water 
temperature, the oxygen-isotope composition of the water at the time of shell formation 
and isotopic vital effects exerted by the species (see Chapter 2).  Lakewater oxygen-
isotope compositions depend on latitude, altitude, precipitation, temperature, relative 
humidity and regional watershed (see Chapter 2).  Within this broader framework, the 
oxygen-isotope composition of biogenic carbonates can thus provide insight into changes 
in hydrological conditions within the Great Lakes region.  This is of particular 
importance when assessing the timing and extent of glacial meltwater presence in Lake 
Ontario.  The carbon-isotope composition of biogenic carbonates can be used to assess 
the DIC pool within the lake.  Although the DIC system is complex in lacustrine 
environments (see Chapter 3), the carbon-isotope compositions of biogenic carbonates 
are a direct measure of the DIC pool, and thus can serve as a robust proxy for assessing 
changes in source inputs throughout the lakes history.  
In the general case, OM in sediments can be used as a proxy for terrestrial versus 
lacustrine input to lakes through its C/N ratio.  The carbon- and nitrogen-isotope 
compositions of OM are likewise useful for measuring changes in primary lacustrine 
productivity as well as the sources of OM delivered to the lake (see Chapter 3).  
However, glacial processes, complex mixing of varied OM sources, and degradation of 
OM can introduce ambiguity when interpreting data for bulk OM proxies (Hyodo and 
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Longstaffe, 2011).  Compound-specific measurements of (plant) macromolecules offer 
one way to see through this complexity.  In particular, the presence of certain n-alkanes 
has proven useful in distinguishing the origin (and type) of plant species entering a lake.  
For example, C17 and C19 n-alkanes are typical of algal OM whereas ≥C27 n-alkanes are 
typical of higher terrestrial plants (see Chapter 4) (Eglinton and Hamilton, 1967; Rieley 
et al., 1991).  In addition, the compound-specific carbon-isotope composition of 
individual n-alkanes can provide more detailed insight into the carbon sources, stresses 
and productivity of different plant categories (algal, aquatic, terrestrial) within a mixed 
OM assemblage (see Chapter 4).  This approach can help to avoid some pitfalls 
(perplexing C/N ratios) associated with interpreting traditional OM chemical and isotopic 
proxy data, particularly in the glacio-lacustrine sediments of the Great Lakes.   
1.3.3 Study area- Lake Ontario 
Lake Ontario (Fig. 1.4) is the smallest in surface area (slightly less than 19,500 km
2
) of 
the five existing Laurentian Great Lakes.  It measures ~290 km long by ~85 km wide at 
its widest point and has a maximum water depth of 244 m deep (McFadden et al., 2005).  
Lake Ontario shares an international border between Canada (Ontario) and the United 
States of America (New York).   
Lake Ontario’s watershed is bounded by the Canadian Shield to the north, the Allegheny 
Plateau to the south, the Niagara Escarpment to the southwest and west, and the 
Adirondack Plateau to the east (Hutchinson et al., 1993).  The Lake Ontario basin 
(bedrock) consists of Upper Ordovician shale and limestone, contained within a 
succession of Cambrian to Carboniferous sedimentary rocks that thickens southward into 
the Appalachian basin (Fig. 1.5) (Hutchinson et al., 1993).  At the north and east end of 
the lake, these sedimentary rocks unconformably overlie the meta-igneous and meta-
sedimentary rocks of the Grenville Province of the Canadian Shield (Fig. 1.5) 
(Hutchinson et al., 1993).  Two bathymetric ridges (Whitby-Olcott (west) and Scotch 
Bonnet (east)) subdivide Lake Ontario into three main basins: Niagara (west), 
Mississauga (central) and Rochester (east).  Major water inflow is dominated by the 
Niagara River in the southwest.  It delivers (via Lake Erie) upper Great Lake water to 
Lake Ontario, which then exits eastward through the St. Lawrence River, presently Lake 
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Ontario’s major outlet.  The warm monomictic lake thermally stratifies once per year and 
has an average water residence time of ~8 years (McFadden et al., 2005).  
The mean annual precipitation from 1996 to 2011, as recorded by the Burlington and 
Point Petre precipitation stations on the northern shore of Lake Ontario, averages 952 mm 
(Longstaffe et al., 2011).  The average annual air temperature recorded by these stations 
is ~8 °C.  From 1996 to 2011, Lake Ontario regional precipitation had an average 
oxygen- isotope composition of –8.5 ‰ (VSMOW) whereas the average lakewater had 
an oxygen-isotope composition of –6.6 ‰ (VSMOW) (Longstaffe et al., 2011). 
1.3.4 Research Sample 
In July 2008, three sediment cores were obtained from Lake Ontario by the Canadian 
Coast Guard Ship (CCGS) Limnos on cruise number 2008-00-004.  On July 15, 2008, 
Core 1335 was obtained from the Mississauga basin (location, 4333’10”N 7809’04”W; 
water depth, 192.0 m; core length, 18.30 m).  The next day, July 16, 2008, Core 1336 was 
obtained from the Rochester basin (location, 4330’28”N 7653’57”W; water depth, 
221.5 m; core length, 18.41 m).  Piston Core 1334 was obtained on July 17, 2008 from 
the Niagara basin (location, 4324’21”N 7900’08”W; water depth, 110.30 m; core 
length, 16.00 m) (Fig. 1.4).  Associated benthos cores (~1 m in length), which captured 
the sediment-water interface, were also obtained from each site.  All cores were cut into 
~1 m sections on board the CCGS Limnos and stored vertically in a refrigerator at 4°C.  
These locations were chosen for coring because they are located in the deepest portions 
of Lake Ontario.  These locations also allow for spatial comparisons across Lake Ontario 
from west to east.  It was anticipated from preexisting geophysical studies that core from 
these locations would recover the complete Holocene history of sedimentation and 
perhaps also capture some sediments of Pleistocene age. 
1.4 Structure of the dissertation 
This thesis is divided into three main chapters, in addition to the introductory and 
concluding chapters (1 and 5, respectively). Chapter 2 investigates the timing and extent 
of glacial meltwater input into ancestral Lake Ontario.  Meltwater contributions are  
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Figure 1.4. DEM of Lake Ontario.  Core locations are denoted by circles and labeled respectively.  Figure modified from the National 
Oceanic and Atmospheric Administration data center website (http://ngdc.noaa.gov/mgg/dem/). 
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Figure 1.5. Geological map of southern Ontario.  The yellow line defines the boundary between Paleozoic carbonates (to the 
southwest) and Precambrian bedrock (to the north).  Lake Ontario’s watershed contains both types of regional geology.  Figure 
modified from Wheeler et al. (1997).
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evaluated using the oxygen-isotope composition of biogenic carbonates (ostracode valves 
and clam shells).  Spatial and temporal correlations are made across Lake Ontario using 
Cores 1334 (west), 1335 (central) and 1336 (east).  The oxygen-isotope results are 
supplemented by mineralogical, grain size and ostracode assemblage data for the 
sediments of each core.  Variations in ancient Lake Ontario’s oxygen-isotope 
composition are compared with upstream source inputs (glacial Lakes Algonquin and 
Agassiz) and downstream outputs (Lake Vermont and the Champlain Sea).  Lake 
Ontario’s oxygen-isotope record is also compared with Greenland Ice Sheet ice core data 
to test for any matching meltwater signal.   
Chapter 3 evaluates variations in primary lacustrine OM productivity and terrestrial OM 
inputs into Lake Ontario since the late Pleistocene.  Traditional proxies including total 
organic carbon and nitrogen abundances, C/N ratios and the carbon- and nitrogen-isotope 
composition of bulk OM are used along with the carbon-isotope composition of ostracode 
valves to determine paleoproductivity.  The carbon-isotope composition of ostracodes is 
also used to determine the sources of DIC in Lake Ontario, and how and why they varied 
temporally and spatially.      
Chapter 4 compares results for the traditional lacustrine proxies, as described in Chapter 
3, with n-alkane distributions and individual n-alkane carbon isotopic compositions.  The 
n-alkane data are then used to refine and advance earlier work on organic matter sources 
and primary lacustrine productivity in ancestral Lake Ontario. 
Several appendices are provided that supply supplementary information: (A1) core 
descriptions and images; (A2) isotopic standards, (A3) grain-size analysis; (A4) 
mineralogy; (A5) biogenic carbonate isotopic data; (A6) bulk OM chemical and isotopic 
compositions; (A7) n-alkane abundances and carbon-isotope compositions, and (A8) n-
alkane gas-chromatograms. 
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Chapter 2 
2 The oxygen-isotope composition of ancient Lake Ontario 
2.1 Introduction 
The timing and volume of glacial meltwater outbursts from large glacial lakes in North 
America are crucial to understanding their potential role in initiating and/or enhancing 
climatic changes such as the Younger Dryas (YD), Pre-boreal Oscillation (PBO) and 8.2 
ka events.  In particular, it has been proposed that the onset of the YD (12,900 cal 
(calibrated years) [11,020 
14
C (radiocarbon)] BP was caused by a change in meltwater 
routing of glacial Lake Agassiz from a southern, Mississippi River outlet to an eastern 
outlet through the Great Lakes (Broecker et al., 1989) (Fig. 2.1).  In this scenario, 
meltwater entering the North Atlantic Ocean via the St. Lawrence River suppressed an 
already weakened thermohaline circulation (THC) causing an abrupt change in global 
climate (Broecker et al., 1989).  However, the lack of geomorphologic evidence such as 
flood deposits and down cut channels for an eastward routing of glacial Lake Agassiz has 
caused researchers to look for alternate pathways (Teller et al., 2005; Fisher and Lowell, 
2006; Voytek et al., 2012).  Identification of gravels and regional erosion surfaces 
throughout the Mackenzie River system led to the suggestion that glacial Lake Agassiz 
drained through a northwest outlet into the Arctic Ocean at the start of the YD (Murton et 
al., 2010; Condron and Winsor, 2012; Fahl and Stein, 2012).  However, evidence 
concerning the position of ice margins and shorelines at this time caused Fisher and 
Lowell (2012) to reject the notion of glacial Lake Agassiz drainage via a northwest outlet 
during the YD.  They noted that the Don’s and Stony Mountain moraines prevented 
glacial Lake Agassiz meltwater from reaching the Clearwater-Athabasca Spillway and 
thus emptying into the Arctic Ocean.  In short, the drainage history of glacial Lake 
Agassiz during the YD chronozone (12,900-11,700 cal [11,020-10,080 
14
C] BP) remains 
unclear.  
Other large glacial lakes (Lake Algonquin and Lake Iroquois) also occupied the Great 
Lakes basin during the period of the YD.  Their catastrophic drainage could also have 
contributed to suppression of the THC and aided in triggering the YD because of their 
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Figure 2.1. Digital Elevation Model (DEM) of the Great Lakes basin.  Important outlets and locations are labeled.  Figure modified 
from the National Oceanic and Atmospheric Administration data center website (http://ngdc.noaa.gov/mgg/dem/). 
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volume.  Glacial lakes size and outlets were controlled by the retreating Laurentide Ice 
Sheet (LIS), ground topography and regional isostatic rebound.  Lake Ontario sediments 
provide a special opportunity to revisit the timing and extent of eastward, glacial 
meltwater movement from various upstream sources (Fig. 2.1).  With this objective in 
mind, we use the oxygen isotopic compositions of ostracodes valves and clam shells, 
together with sediment characteristics, to test for glacial meltwater contributions to Lake 
Ontario and its ancient equivalents since ~16,500 cal [~13,300 
14
C] BP.  We also evaluate 
the role of this glacial meltwater in driving regional and/or global climate change during 
that time.  
2.1.1 Oxygen-isotope compositions of ostracodes and clams 
Environmental changes associated with deglaciation of the Ontario basin should be 
reflected in biostratigraphically recognizable faunal changes.  Species emergence and 
changes in their populations, in particular, should provide a marker for variations in lake 
level and/or glacial meltwater input (Miller et al., 1985; Anderson and Lewis, 2012).  
Ostracode (Candona subtriangulata and Fabaeformiscandona caudata) and clam 
(Pisidium sp.) assemblages can be used for this purpose in Lake Ontario sediments.  
Increased productivity (as measured by the number of valves/shells per gram of 
sediment) should correlate with the absence of glacial meltwater (less turbidity) and more 
favourable climatic conditions.  Lower lake levels during a period of increasing primary 
productivity could also favour an increased abundance of shallower water species of 
clams (Delorme, 1989).  
The oxygen isotopic composition of biogenic calcium carbonate precipitated by 
ostracodes and clams (18Ocarbonate) can provide detailed information about environmental 
conditions during their lifetimes.  The 18Ocarbonate values are determined by water 
temperature, water oxygen-isotope composition (18Olakewater) and species-dependent 
isotopic vital effects at the time of shell formation (Holmes, 2001).  The 18Olakewater 
values reflect latitude- and altitude-dependent variations in 18Oprecipitation, watershed size, 
regional temperature and humidity (which regulate evaporation rates), groundwater input, 
glacial melting and lakewater residence time.  Within this framework, biogenic 
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18Ocarbonate values can be used to infer changes in air-mass sources, hydrology and 
evaporation within the Great Lakes region (Fritz et al., 1975; Lewis and Anderson, 1992).  
Low values of biogenic 18Ocarbonate (–18 ‰, VSMOW) in Lake Ontario, for example, are 
associated with a sizeable supply of glacial meltwater, whereas much higher values (–6 
‰) typically indicate more local recharge, warmer conditions, and/or increased 
evaporation (Yu et al., 1997).  During glacial times, variations in ancient Lake Ontario 
18Olakewater values were largely determined by the balance between long-distance input of 
glacial meltwater and more local input from the watershed.  When glacial meltwater input 
ended, variations in 18Olakewater were more strongly controlled by regional climate 
conditions.   
2.1.2 Sediment properties 
Variations in the amount, grain-size and mineralogy of Lake Ontario sediments, together 
with the 18Ocarbonate values of associated shelly fauna, carry information about the 
source(s), routing and transport energy of this detritus.  Such data can be helpful in 
identifying glacial meltwater input via the Fenelon Falls (Kirkfield) versus the Port 
Huron outlets (Fig. 2.1) if differences existed between sediments transported using one 
versus the other route.  Mineralogical and grain-size data are also useful for correlating 
lithological units and contacts among cores within the geophysical/seismic stratigraphic 
framework available for Lake Ontario sediments.   
2.1.3 Late Quaternary history of the Ontario basin 
The sediment record began with till deposition in the western half of the Ontario basin 
during retreat of the Port Huron ice lobe at ~16,500 cal [13,300 
14
C] BP (Hutchinson et 
al., 1993).  Glaciolacustrine deposition began at ~14,000 cal [12,150 
14
C] BP when the 
LIS retreated northward, blocking the St. Lawrence River and impounding water in the 
Ontario basin.  Glacial Lake Iroquois was formed and rose to ~35 (west) to 115 (east) m 
above present levels (Coakley and Karrow, 1994; Anderson and Lewis, 2012).  Growth 
of glacial Lake Iroquois was regulated by drainage through the Rome Outlet to the 
Mohawk Valley, ultimately travelling to the Atlantic Ocean via the Hudson River valley 
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(Figs. 2.1, 2.2) (Muller and Prest, 1985).  Continued retreat of the LIS also opened a gap 
at Covey Hill (Muller and Prest, 1985; Parent and Occhietti, 1988) (Fig. 2.1).  This 
allowed glacial Lake Iroquois to expand eastward into the St. Lawrence valley, where it 
connected with glacial Lake Candona and glacial Lake Vermont (Fig. 2.1).  Varved 
sediments containing C. subtriangulata characterize this time period in these localities.   
Glacial Lake Iroquois and its successors persisted  until ~13,000 cal [11,100 
14
C] BP, at 
which time further retreat of the LIS made eastward flow of the impounded water 
possible.  Lake Iroquois’ drawdown through several stages (Frontenac, Sydney ‘?’, 
Belleville-Sandy Creek, Trenton-Skinner Creek) resulted finally in lake levels that were 
~15 m above present lake level in the eastern section of the Ontario basin and below 
present levels in the west (Coakley and Karrow, 1994; Anderson and Lewis, 2012).  The 
Belleville-Sandy Creek and Trenton-Skinner Creek lake levels were confluent with 
neighbouring Lake Vermont in the Champlain basin, which flowed to the Atlantic Ocean 
via the Hudson River valley (Rayburn et al., 2007; Anderson and Lewis, 2012) (Fig. 2.1).  
The last stage (Trenton), confluent with Lake Vermont and Lake Candona formed an 
extensive body of freshwater throughout the isostatically-depressed upper St. Lawrence 
River, Lake Champlain and lower Ottawa River valleys and the Lake Ontario basin 
(Parent and Occhietti, 1988; Rayburn et al., 2007).  Additional ice retreat and removal of 
the ice dam from the lower St. Lawrence valley released this large volume of freshwater 
to the Gulf of St. Lawrence which was replaced with marine water of the Champlain Sea 
at ~13,000 cal [11,100 
14
C] BP (Richard and Occhietti, 2005; Rayburn et al., 2007).  At 
this time early Lake Ontario was confluent with the Champlain Sea but eastward forcing 
of freshwater, aided by glacial meltwater input to Lake Ontario and perhaps isostatic 
rebound, are generally considered to have prevented invasion of saltwater into early Lake 
Ontario (Anderson and Lewis, 2012).  A final pulse of glacial meltwater entered early 
Lake Ontario between ~13,000 cal [11,100 
14
C] BP and ~12,500 cal [10,500 
14
C] BP.  
This flow is postulated to include the discharge (overflow) (12,700 to 12,600 cal [10,800 
to 10,650 
14
C] BP) of glacial Lake Algonquin (Fig. 2.1); the water is assumed to have 
travelled to Lake Ontario initially by a direct path via the Fenelon Falls outlet in the east 
and later by a circuitout route through glacial Lake Algonquin’s Port Huron outlet in the 
west both by a more circuitous route through glacial Lake Algonquin’s Port Huron Outlet 
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in the west (Figs. 2.1, 2.2) (Eschman and Karrow, 1985; Moore et al., 2000; Anderson 
and Lewis, 2012).   
From 12,300-8,300 cal [(10,400-7,500 
14
C] BP, flow from the upper Great Lakes 
(Superior, Michigan, Huron) was diverted to the North Bay Outlet (Fig. 2.1), in response 
to isostatic rebound.  The outflow then travelled onward via the Ottawa River valley 
system to the Atlantic Ocean.  This rerouting led to hydrologic closure of the lower Great 
Lakes (Erie and Ontario) and Lake Ontario water levels dropped substantially – to the 
lowest level in its history (Lewis et al., 2012; Anderson and Lewis, 2012).  Flow of upper 
Great Lakes water returned to the lower Great Lakes during the Nipissing rise at 5,800 
cal [5,090 
14
C] BP.  By then, isostatic rebound tilted the Lake Huron basin and lifted the 
North Bay outlet above the southern outlet at Port Huron, so glacial Lake Algonquin 
discharged via the Erie basin and Niagara River, and the Lake Ontario water surface 
began to ride towards present levels.  
2.2 Materials and methods 
Three piston cores and accompanying benthos cores (used for future studies) were 
collected from Lake Ontario during July 15-17, 2008 by the captain and crew of the 
Canadian Coast Guard Ship (CCGS) Limnos: Core 1335, Mississauga basin; Core 1336, 
Rochester basin, and Core 1334, Niagara basin (Fig. 2.2).  The cores were cut into ~1 m 
sections onboard and stored in a refrigerator prior to delivery to the University of Rhode 
Island, where they were halved longitudinally and visible characteristics (colour, 
consistency, grain size, sedimentary structures including laminations) were noted 
(Appendix I).  Sediment colour was described using the Munsell Soil Colour Charts and 
notation (2000).  The cores were then shipped to the University of Western Ontario 
where they continue to be stored at 4°C. 
A total of 219 ten-cm sections were extracted from the sampling half of the piston cores.  
The samples were wet-sieved using cold tap water and a combination of four sieve pans 
(1.00 mm, 500 µm, 250 µm, 125 µm) to recover ostracode valves and clam shells; visible 
organic matter was also collected.  The air-dried fossil material was transferred into petri 
dishes, where the biogenic carbonates were identified and separated by species; 
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Figure 2.2. DEM Lake Ontario region showing the locations of sediment piston cores: Core 1334 (43 24’ 23” N and 79 00’ 05” W; 
water depth, 110.3 m; core length, 17.00 m), Core 1335 (43 33’ 19” N and 78 09’ 01” W; water depth, 192 m; core length, 18.20 m), 
Core 1336 (43 30’ 28” N and 76 53’ 07” W; water depth, 221.5 m; core length, 18.41 m).  Several locations discussed in the text are 
also shown.  Figure modified from the National Oceanic and Atmospheric Administration data center website 
(http://ngdc.noaa.gov/mgg/dem/).
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Figure 2.3.  Photographs of: a) Fabaeformiscandona caudata, b) Candona 
subtrigangulata and c) Pisidium species clams.   
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ostracodes were counted from the >250 µm sieve material.  Two species of ostracodes 
were identified in all three cores, Candona subtriangulata and Fabaeformiscandona 
caudata (Fig. 2.3); only adult ostracodes were used for abundance determinations.  The 
ostracodes displayed no macroscopic or microscopic evidence of transport (e.g., 
broken/pitted valves), and hence are considered to be autochthonous.  Whole clam shells 
of the Pisidium genus (Fig. 2.3) were present only in Cores 1334 and 1335 and were less 
abundant than clam fragments, which were present in all cores at various intervals.  
Approximately 0.05 mg of powdered biogenic carbonate was utilized for each oxygen 
isotopic measurement (five to six ostracode valves depending on individual weight, 
whole clam shells were homogenized when available and when only clam fragments 
were present, two to three clam shell fragments).  Only undamaged, adult ostracodes 
valves were analyzed to ensure correct identification.  The oxygen-isotope results are 
presented using the conventional δ-notation: 
δ18O = [(Rsample –Rstandard)-1] (in ‰) 
where Rsample and Rstandard = 
18
O/
16
O in the sample and standard, respectively.  All δ-
values are reported relative to VSMOW, unless otherwise stated.  The oxygen-isotope 
measurements were made at the Laboratory for Stable Isotope Science (LSIS) at the 
University of Western Ontario, London, Ontario, and were obtained by reaction with 
orthophosphoric acid (H3PO4) at 90°C using a Micromass Multiprep autosampling device 
coupled to a VG Optima dual-inlet, stable-isotope-ratio mass spectrometer.  International 
standards NBS-19 and NBS-18 were used to provide a two-point calibration curve for the 
oxygen-isotope compositions relative to VSMOW (Coplen, 1996).  Two internal 
laboratory calcite standards were used to evaluate the accuracy and precision of the δ18O 
values: WS-1 = +26.28 ± 0.15 ‰ (SD, n=9) and Suprapur = +13.20± 0.07 ‰ (SD, n=24); 
these results compare well with their accepted values of +26.23 ‰ and +13.20 ‰, 
respectively (Appendix II).  
The δ18Olakewater values were calculated using: (1) the ostracode or clam δ
18
O values, after 
first correcting for any vital effect (C. subtriangulata and F. caudata, +2.2 ‰; no vital 
effect correction for Pisidium sp. clams; von Grafenstein et al., 1999; Decrouy et al., 
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2011a, b); (2) an assumed water temperature of 4 °C, and (3) the Friedman and O’Neil 
(1977) geothermometer for the low-Mg calcite – water system.  
Mineralogy was determined by powder X-ray diffraction (pXRD) at LSIS, using a 
Rigaku, high brilliance, rotating-anode X-ray diffractometer equipped with a graphite 
monochromater and CoKα radiation produced at 45 kV and 160 mA.  A total of 85 one-
cm thick slices were obtained from the sampling portion of the cores.  The samples were 
freeze-dried, finely ground using a mortar and pestle, and back-packed into an Al sample 
holder to achieve random orientation.  Samples were scanned from 2° to 82° 2θ at a 
scanning rate of 10° 2θ/min.  The abundance of each mineral was estimated using the 
background-subtracted peak height of its most intense diffraction, except where overlap 
with other phases existed.  The form factor used to adjust for crystallinity differences 
among minerals was x1, except for the (001) diffractions of kaolinite (x2), chlorite (x2) 
and illite (x4).  
Grain-size analysis was conducted using a Cilas 930e Laser Particle Size Analyzer at the 
Canada Center for Inland Waters (CCIW), Burlington, Ontario.  Forty-six (46) one-cm 
thick slices from the sampling portion of the cores were freeze-dried and lightly broken 
apart using a mortar and pestle.  The homogenized sample was then passed through a 500 
µm sieve, and a 0.4 mg sub-sample ultrasonicated for 1 minute in 10 ml of a 0.05 % 
sodium hexametaphosphate solution in the Cilas sample bucket. 
The age-depth model is anchored by three accelerator mass spectrometer (AMS) 
radiocarbon dates of terrestrial macrofossils and clam shells (Table 2.1).  The analyses 
were performed at the University of Arizona’s Accelerator Mass Spectrometer 
Laboratory, Tuscon, AZ.  The date for the clam shell was corrected for the hard water 
effect by subtracting 535 ± 15 years (Anderson and Lewis, 2012).  All radiocarbon dates 
have been converted to calibrated ages using INTCAL09 (Reimer et al., 2009).  
Information from previous Lake Ontario core studies was also used to help construct the 
age-depth model, including pollen stratigraphy (Carmichael et al., 1990; McAndrews, 
1994; Pippert et al., 1996), seismic stratigraphy (Hutchinson et al., 1993), magnetic 
properties (Carmichael et al., 1990) and radiocarbon dates (Silliman et al., 1996;  
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Table 2.1. Radiocarbon dates were obtained at the University of Arizona AMS Laboratory in Tuscon, AZ, USA.  The date for the 
Pisidium sp. clam shells was corrected for the hard water effect (HWE) by subtracting 535 ± 15 years (Anderson and Lewis, 2012) 
prior to converting it to a calibrated age.  Radiocarbon dates were converted to calibrated ages using the computer program CLAM 
and INTCAL09 (Reimer et al., 2009; Blaauw, 2010).  Calibrated ages represent the midpoint of the sampled interval; C1334 545 cm, 
C1335 525 cm and C1336 425 cm.  
 
 
AA Lab # 
 
Sample ID 
 
Material 
 
δ13C (‰)  
 
 
Radiocarbon age  
(
14
C-year) 
Calibrated age  
(midpoint between depths) 
(cal year BP) 
AA97955 C1334 540-550 cm Pisidium sp. clam shells –0.2 9,640 ± 53 10,281  
(HWE corrected age) 
AA97956 C1335 520-530 cm Wood and beetle –25.5 9,987 ± 55 11,474 
AA97957 C1336 420-430 cm Wood –25.3 9,397 ± 56 10,616 
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Figure 2.4. Generalized lithology of the Lake Ontario sediments in Cores 1334, 1335 and 1336.  Locations of radiocarbon-dated 
material are denoted by stars. 
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Figure 2.5. Non-Bayesian, linear interpolated, age-depth produced by CLAM (Blaauw, 2010).  All radiocarbon dates were converted 
to calibrated ages by CLAM using INTCAL09 (Reimer et al., 2009).  Three radiocarbon dates were used along with results from 
previous studies on Lake Ontario to establish the age-depth profiles (Schroeder and Bada, 1978; Carmichael et al., 1990; Hutchinson 
et al., 1993; McAndrews, 1994; Pippert et al., 1996; Silliman et al., 1996; Anderson and Lewis, 2012).  See Table 2.1 for details. 
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Figure 2.6. Data for Core 1334: (a) median grain size; (b) mineralogy (red line, feldspars; blue line, clays; green line, carbonates; 
black line, quartz) (c) ostracode abundances, valves per gram sediment (v/g), and (d) δ18Olakewater values inferred from ostracode valves 
and clam shells. Gray shaded area indicates a renewed period of glacial meltwater influx.  Divisions between sediment units are 
denoted by continuous solid lines across (a), (b), (c) and (d).  Biostratigraphic zonations are illustrated by braces in (c).  Post-glacial 
isotopic changes are demarcated by solid lines that divide (d) and are placed at 10,500, 8,300 and 6,800 cal BP. 
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Figure 2.7. Data for Core 1335: (a) median grain size; (b) mineralogy (red line, feldspars; blue line, clays; green line, carbonates; 
black line, quartz) (c) ostracode abundances, valves per gram sediment (v/g), and (d) δ18Olakewater values inferred from ostracode valves 
and clam shells. Gray shaded area indicates a renewed period of glacial meltwater influx.  Divisions between sediment units are 
denoted by continuous solid lines across (a), (b), (c) and (d).  Biostratigraphic zonations are illustrated by braces in (c).  Post-glacial 
isotopic changes are demarcated by solid lines that divide (d) and are placed at 10,500, 8,300 and 6,800 cal BP.  
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Figure 2.8. Data for Core 1336: (a) median grain size; (b) mineralogy (red line, feldspars; blue line, clays; green line, carbonates; 
black line, quartz) (c) ostracode abundances, valves per gram sediment (v/g), and (d) δ18Olakewater values inferred from ostracode valves 
and clam shells. Gray shaded area indicates a renewed period of glacial meltwater influx.  Divisions between sediment units are 
denoted by continuous solid lines across (a), (b), (c) and (d).  Biostratigraphic zonations are illustrated by braces in (c).  Post-glacial 
isotopic changes are demarcated by solid lines that divide (d) and are placed at 10,500, 8,300 and 6,800 cal BP. 
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Anderson and Lewis, 2012).  These data were combined to produce a non-Bayesian, 
linear interpolated age-depth model using the computer program CLAM (Blaauw, 2010), 
which provides a probabilistic age range for each depth. 
2.3 Results 
Descriptions of Cores 1334, 1335 and 1336 are summarized in Figure 2.4 and given in 
detail in Appendix I.  Age-depth models are illustrated in Figure 2.5.  Grain-size, 
mineralogy, ostracode abundances and δ18Olakewater values are summarized in Figure 2.6 
(Core 1334), Figure 2.7 (Core 1335) and Figure 2.8 (Core 1336). 
2.3.1 Core descriptions 
The bottom sections (greater than 17.0 m) of Cores 1335 and 1336 contain minor and 
pronounced vertical streaking, respectively (Appendix I).  These features suggest 
sediment disruption caused by lifting of the piston during withdrawal of the corer from 
the lakebed.  These intervals may be disturbed in-place sediment, or sediment drawn up 
into the bottom of the core barrel during corer withdrawal; they are not described further. 
The basal section in Cores 1334 (14.0-13.0 m) and 1335 (18.0-12.5 m) consist of 
massive, grayish-brown (10YR 5/2) sediment containing abundant light gray silt balls 
(Fig. 2.4; Appendix I).  These sediments correspond to ‘Unit B’ of Hutchinson et al. 
(1993).  A similar mud clast-bearing interval was described by Pippert et al. (1996), 
which they termed ‘Unit 3’.  The basal section of Core 1336 consists of a grayish-brown 
(10YR 5/2) sediment package containing weak red (2.5YR 5/2), infrequent, mm-thick, 
parallel laminations that can be correlated with sediments in Cores 1334 and 1335.  The 
contact between the massive, grayish brown (10YR 5/2) unit in Cores 1334 and 1335 and 
the beginning of the mm-thick parallel laminations is gradational and marks the transition 
to ‘Unit C’ (Hutchinson et al., 1993).   
Up-core in ‘Unit C’, there are local to abundant, mm- to cm-thick, weak red (2.5YR 5/2), 
parallel laminations that increase in thickness and abundance in the western half of the 
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lake (Appendix I).  A sharp contact marks the appearance of thickly laminated sediments 
at 12.45 m in Core 1334, 11.97 m in Core 1335 and 11.50 m in Core 1336.   
A massive, grayish brown (10YR 5/2) mud unit characterized by local, mm-thick, weak 
red (2.5YR 5/2) parallel laminations appears next in the stratigraphic section.  Transition 
from underlying sediments characterized by cm-thick laminations to thinner, sparse 
laminations occurs at 10.84 m in core 1334, 9.43 m in core 1335 and 9.00 m in Core 
1336.  Hutchinson et al. (1993) classified such sediments as the earliest stage of ‘Unit D’ 
and noted that this unit characterizes post-Iroquois glacial lakes in the Ontario basin.  The 
sediments exhibit major differences across Lake Ontario in the later stages of Unit D.  In 
the west (Niagara basin), Core 1334 transitions from thinly laminated grayish brown 
(10YR 5/2) mud to massive, weak red (2.5YR 5/2) mud (9.10 m), overlain by featureless 
massive, grayish brown (10YR 5/2) mud (8.22-8.06 m).  Thinly laminated grayish brown 
(10YR 5/2) mud (8.05-6.75 m) was deposited above these massive units.  This latter unit 
was also deposited in the central, Mississauga basin (Core 1335) of Lake Ontario (9.43-
6.20 m), but massive muds were not observed.  In the east (Rochester basin), Core 1336 
transitions from thinly laminated grayish brown (10YR 5/2) mud to a massive, featureless 
grayish brown (10YR 5/2) mud (7.00-4.62 m).   
A conformable, sharp contact exists between Unit D and the overlying ‘Unit E’ of 
Hutchinson et al. (1993) (‘Unit 1’ of Pippert et al., 1996).  Unit E is characterized by 
black, iron sulfide streaks intercalated with dark grayish brown (10YR 4/2) mud.  Unit E 
occurs at 6.75 m in Core 1334, 6.20 m in Core 1335 and 4.62 m in Core 1336; its 
appearance marks the end of glacial influence on ancient Lake Ontario.  Deposition of 
this unit continues to the present time.  
2.3.2 Grain size and mineralogy 
Median grain size (diameter at 50 %) generally increases upwards, but never exceeds ~ 
10 µm (Figs. 2.6a, 2.7a, 2.8a; Appendix III).  Unit B and the thinly laminated sediments 
of Unit C have a median grain size of <3.0 μm.  The transition to Unit D is marked by a 
slight increase in median grain size across the lake, and occurs above 10.84 m in Core 
1334, above 9.43 m in Core 1335 and above 9.00 m in Core 1336.  There are sharp spikes 
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to higher grain size within Unit D in all three cores: at 8.90 m and 7.10 m in Core 1334, 
at 8.10 m in Core 1335, and at 7.30 m in Core 1336. Unit E sediment gradually increases 
in median grain size up-core to a maximum of 8.0, 9.5 and 6.0 μm from the Niagara to 
Rochester basin, respectively (Appendix III).  
The sediment contains varying abundances of quartz, feldspar (plagioclase, potassium 
feldspar), clay minerals (kaolinite, illite, chlorite) and carbonates (calcite and dolomite) 
(Figs. 2.6b, 2.7b, 2.8b; Appendix IV).  Quartz is generally the most abundant phase, 
varying in abundance from 30 to >80 %.  Distinct mineralogical differences occur from 
west to east in Unit B and the basal section of Unit C.  In Core 1334, carbonates are in 
high abundance (~30 %) from 14.00-13.00 m whereas in the same unit in Core 1335 
(17.00-11.97 m) and Core 1336 (17.00-11.50 m), carbonate contents are much lower (~ 
<5 %).  Feldspar and clay mineral abundances also vary from west to east in Unit B and 
the basal section of Unit C.  In Core 1334, feldspar abundance increases sharply to ~25 % 
at 12.9 m from ≤5 % in the underlying interval (14.0-13.0 m).  Feldspar abundances 
remain at ~15 % in Cores 1335 and 1336 during the same period.  In Unit B and the basal 
section of Unit C, clay mineral contents increase from west (~20 %) to east (>30 %).  
Unit D in Core 1334 is marked by decreasing carbonate abundances from ~30 to 15 %, 
whereas in Cores 1335 and 1336 carbonate abundance increases from 15 to 30 %.  
Carbonate abundances in Unit E are variable across the lake.  In Core 1334, carbonate 
content decreases relative to unit D (from 20 to <5 %), whereas in Cores 1335 and 1336, 
carbonate contents increase initially to a maximum of 40 % but then gradually decrease 
to <5 %.  Clay and feldspar contents remain constant in Unit E whereas quartz 
abundances generally increase upwards.   
2.3.3 Biostratigraphy 
Two species of ostracodes, Candona subtriangulata and Fabaeformiscandona caudata 
and Pisidium sp. clams (whole) shells were present in Cores 1334 and 1335 and clam 
shell fragments were present in all cores (Figs. 2.6c, 2.7c, 2.8c).  We have defined three 
biostratigraphic zonations.  Zone 1 has C. subtriangulata abundances less than 0.2 valves 
per gram sediment (v/g), and occurs at >11.10 m in Core 1334, >9.65 m in Core 1335 and 
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>7.50 m in Core 1336.  Zone 2 has higher C. subtriangulata abundances to a maximum 
of 1.56 v/g in Core 1334 (7.10 m), 0.96 v/g in Core 1335 (6.25 m) and 1.50 v/g in Core 
1336 (5.05 m).  Zone 3 contains both ostracode species and clams.  There is a marked 
decline in the abundance of C. subtriangulata in Zone 3 along with the sporadic 
appearance of F. caudata (<0.08 v/g) in low abundances.  Both whole and fragments of 
Pisidium sp. clam shells appear at 7.80 m in Core 1334 and 6.05 m in Core 1335. Only 
fragmented clam shells appear in Core 1336 – at 4.45 m.  Ostracodes and clam species 
disappear from the sediment record at 2.8 m in Core 1334, 3.0 m in Core 1335 and 1.6 m 
in Core 1336.  
2.3.4 Lakewater oxygen-isotope composition 
The average δ18Olakewater value, as derived from ostracode compositions, is ~ –17.5±0.8 ‰ 
(SD; n=81) in sediments >10.84 m in Core 1334, >9.43 m in Core 1335 and >9.00 m in 
Core 1336 (Figs. 2.6d, 2.7d, 2.8d; Appendix V).  Variation in the δ18Olakewater values 
appears to increase from east to west: Core 1334, –17.7±0.2 ‰ (SD; n=14); Core 1335, –
17.8±0.7 ‰ (SD; n=36); Core 1336, –17.2±0.9 ‰ (SD; n=31).  An analysis of variance 
(ANOVA) was performed on the δ18Olakewater values from these intervals.  Significant 
variation exists among the three cores (F-value= 6, p-value=0.005).  A post-hoc Tukey’s 
test found significant variation between Core 1336 and the other two cores (Core 1334; p-
value=0.03, Core 1335; p-value=0.02), but not between Cores 1334 and 1335 (p-
value=0.1).   
Subsets of the interval above were further analyzed for statistical significance and 
discussion.  From 15,300 to 14,500 cal [12,975 to 12,410 
14
C] BP, the average lakewater 
oxygen-isotope composition in Core 1334 was –17.5±0.4 ‰ (SD; n=3) and Core 1335 
was –17.9±0.6 ‰ (SD; n=7).  From 14,000 to 13,000 cal [12,150-11,100 14C] BP the 
average lakewater compositions were; Core 1334, –17.8±0.3 ‰ (SD; n=12); Core 1335, 
–16.8±2.0 ‰ (SD; n=14); Core 1336, –18.1±0.7 ‰ (SD; n=10).  An ANOVA determined 
no statistical variance (p-value >0.05) between the cores in any of the time intervals. 
Above this interval, δ18Olakewater values increase by a maximum of ~7 ‰ from 10.45-7.65 
m in Core 1334, 9.05-8.45 m in Core 1335, and 8.85-6.85 m in Core 1336.  A decrease in 
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δ18Olakewater then interrupts the overall trend of increasing oxygen isotopic compositions, 
beginning at 7.45 m in Core 1334, 8.25 m in Core 1335 and 6.65 m in Core 1336.   
The upward trend in δ18Olakewater values resumes following this brief downward excursion 
(Figs. 2.6d, 2.7d, 2.8d).  For ostracodes, the calculated δ18Olakewater reaches values as high 
as –9.1 ‰ in Core 1334 (11,636 cal [10,077 14C] BP), –6.7 ‰ in Core 1335 (8,407 cal 
[7,609 
14
C] BP), and –5.9 ‰ in Core 1336 (7,662 cal [6,805 14C] BP).  Still higher 
δ18Olakewater values are recorded by the clams:  –4.2 ‰ in Core 1334 (8,906 cal [7,984 
14
C] BP), –4.0 ‰ in Core 1335 (5,850 cal [5,041 14C] BP), and –4.5 ‰ in Core 1336 
(9,141 cal [8,224 
14
C] BP).  Modern Lake Ontario, by comparison, has a δ18Olakewater 
value of –6.6 ‰ (Longstaffe et al., 2011).  Clam shells and fragments in Core 1334 
initially record similar δ18Olakewater values as ostracodes but trend toward more 
18
O-rich 
compositions after the ostracodes disappear from the record.  In Core 1335, there is an 
initial ~1 ‰ offset between clam and ostracode δ18Olakewater values.  The offset increases 
up-core to ~2 ‰ at the time of the final appearance of both species.  Clam shell 
fragments in Core 1336, which appear later than in Cores 1334 and 1335, exhibit a ~1 ‰ 
offset between clam and ostracode δ18Olakewater values.         
2.4 Discussion 
2.4.1 Glacial period (16,500-13,000 cal [13,300-11,100 14C] BP) 
The lowermost portions of Cores 1334 and 1335 contain glacial sediments (Unit B or 
Unit 3, following Hutchison et al., 1993 and Pippert et al., 1996, respectively) that were 
deposited in the Niagara and Mississauga basins by retreating Port Bruce ice beginning at 
~16,500 cal [13,300 
14
C] BP (Barnett, 1992).  Age control for these sediments is difficult 
to establish because of the absence of dated pollen horizons and the paucity of dateable 
organic material.  A depositional age (>14,655 cal [12,500 
14
C] BP) for this unit has 
therefore been inferred by linear extrapolation of sedimentation rates beyond the known 
contacts of Units B and C.   
These sediments are characterized by low abundances of C. subtriangulata, a grain size 
<3 μm and low δ18Olakewater (<–17 ‰).  There are noteworthy mineralogical differences 
40 
 
 
  
4
0
 
 
4
0
 
 
between the Niagara and Mississauga basin glacial sediments.  Traditionally, these 
sediments have been interpreted as flow tills or the product of subglacial processes 
associated with the retreating LIS (Hutchinson et al., 1993).  The sediments of Core 1335 
may best represent such processes, given their higher proportions of feldspar and clay 
minerals, which likely originate from the Precambrian Canadian Shield.  The higher 
carbonate abundances in Core 1334 (>30 %) relative to Core 1335 (<5 %) likely indicate 
an additional source.  This carbonate may represent input from glacial Lake Ypsilanti, 
which was likely enriched in Paleozoic carbonate detritus originating in both the Erie and 
Huron basins.  At 16,000-15,300 cal [13,140-12,975 
14
C] BP, the LIS retreated into the 
Ontario basin, which allowed glacial Lake Ypsilanti (Erie basin) to overflow its outlet at 
the Fort Erie-Buffalo sill (Fig. 2.1) (Lewis et al., 2012).  This brief period of connectivity 
between the Erie and Ontario basins allowed ancestral Lake Ontario to receive glacial 
meltwater and sediment from the carbonate-rich Erie basin.   
Ice readvanced during the Mackinaw interstadial, ending the glacial Lake Ypsilanti phase 
and severing connectivity between the Erie and Ontario basins (Calkin and Feenstra, 
1985; Lewis et al., 2012).  Ancestral Lake Erie rose to the Lake Whittlesey level and 
overflowed westward to the Michigan basin from 15,300-14,500 cal [12,975-12,410 
14
C] 
BP (Calkin and Feenstra, 1985; Lewis et al., 2012).  Subglacial deposition became 
dominant in the Ontario basin during this period (Hutchinson et al., 1993).  The increase 
in feldspar content in Core 1334 is consistent with glacial sediment from eastern sources.  
The variability in δ18Olakewater during this time interval may be related to instability of the 
LIS.  The δ18Olakewater variability in Core 1335 (–17.9±0.6 ‰) may indicate incomplete 
mixing of an inconsistent meltwater flux from the LIS to the east and north.  The short 
time scale (on the order of weeks) over which an ostracode acquires its oxygen isotope 
signal from lakewater makes the recording of such a signal possible.  Lower δ18Olakewater 
variability in Core 1334 (–17.5±0.4 ‰) may suggest that these perturbation were more 
limited further from Core 1335.  This remains speculative, as the differences in 
δ18Olakewater variance between Cores 1334 and 1335 are not statistically significant.  
Retreat of the LIS following the Port Huron stadial initiated glacial Lake Iroquois while 
continuing to block Ontario basin’s outlet to the St. Lawrence River (~14,000 cal [12,150 
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14
C] BP).  Glacial Lake Iroquois sediments (Unit C) were observed in the cores from all 
three Lake Ontario basins.  The near uniform abundances of C. subtriangulata indicate 
cold (~ 4 °C), dilute (<90 mg/l total dissolved solids), and oxygenated (>5.6 mg/l) 
benthic conditions (Delorme, 1978; 1989).  The low median grain size (<3 µm) reflects 
deposition in a deep, low energy, lacustrine environment, which is consistent with glacial 
Lake Iroquois levels having been ~35 (west) to 115 (east) m higher than at present 
(Coakley and Karrow, 1994).  
The relative contributions of different glacial meltwater sources (LIS, glacial Lake 
Algonquin) to glacial Lake Iroquois probably varied over time.  From 14,000-13,000 cal 
[12,150-11,100 
14
C] BP, outflow from glacial Lake Algonquin bypassed the Erie basin 
and flowed directly into glacial Lake Iroquois via the Fenelon Falls outlet (Figs. 2.1, 2.2).  
Data for ostracodes from Lake Simcoe and Lake Huron sediments suggest that glacial 
Lake Algonquin δ18Olakewater input ranged from –19 to –17.5 ‰ (Bumstead et al., 2009; 
Macdonald and Longstaffe, 2008).  This meltwater, which entered glacial Lake Iroquois 
via its eastern-central inlet, had a short and direct path to outflow through the Mohawk 
River valley (Figs. 2.1, 2.2).  Core 1336 (–18.1±0.7 ‰) is situated very close to this 
pathway, unlike Core 1334 (–17.8±0.3 ‰) and to a lesser extent, Core 1335 (–16.8±2.0 
‰).  The higher variance in δ18Olakewater recorded by Cores 1335 and 1336 and the overall 
lower δ18Olakewater values of Core 1336 relative to Core 1334 can be explained by their 
locations.  In this scenario, the larger δ18Olakewater variations in Core 1335 reflects a 
dynamic lacustrine regime mostly resulting from fluctuating contributions from the west 
(regional precipitation (δ18Oprecipitation = –16.5 ‰; Edwards et al., 1996), from the east-
central outlet of glacial Lake Algonquin (–19 to –17 ‰) and direct LIS runoff (–35 to –
25 ‰) (Flower et al., 2004; Bumstead et al., 2009; Macdonald and Longstaffe, 2008) 
from immediately to the northeast.  The lowest δ18Olakewater values in eastern glacial Lake 
Iroquois, in particular, likely reflect increased meltwater delivery directly from the LIS, 
an observation also consistent with higher feldspar and clay abundances in Core 1336 
relative to Cores 1334 and 1335 at this time.   
Similar isotopic fluctuations are recorded by Gulf of Mexico (GOM) foraminifers from 
13,700-13,000 cal [11,800-11,100 
14
C] BP (Williams et al., 2010).  There, lower GOM 
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foraminifer δ18O values are interpreted to indicate episodic delivery of meltwater from 
glacial Lake Agassiz via the Mississippi drainage system (Williams et al., 2010; 2012).  
Similar to the GOM, isotopic fluctuations occur in Core 1335 at 13,650 cal [11,780 
14
C] 
BP and in Core 1336 at 14,000 cal [12,150 
14
C] BP.  Collectively, these observations 
point to an unstable LIS, with irregular ablation reflected in pulses of low-
18
O meltwater 
recorded in downstream sedimentary records.        
As discussed earlier, the extensive LIS retreat into the St. Lawrence lowland shortly after 
~13,260 cal [11,360 
14
C] BP led to the drainage of glacial Lake Iroquois to its low Lake 
Trenton phase that was characterized by slowdown and termination of the glacial 
meltwater supply to the distant Lake Ontario basin.  These changes coincided with a 
regional cold/dry period (Lewis et al., 2008).  The ensuing rapid increase in δ18Olakewater 
values from –19 to –12 ‰ (Figs. 2.6d, 2.7d, 2.8d) mostly reflects elimination of the low-
18
O glacial meltwater input, although evaporative 
18
O-enrichment likely also played some 
role.   
At ~13,000 cal [11,100 
14
C] BP, it is impossible to rule out an 
18
O-rich influx from the 
confluent Champlain Sea from isotopic data alone.  However, there is no evidence for 
marine invasion of Lake Ontario, such as extirpation of the salinity-sensitive C. 
subtriangulata or appearance of marine foraminifera or ostracodes, as is discussed further 
below.   
2.4.2 Final glacial meltwater influx (13,000-12,500 cal [11,100-10,500 14C] 
BP) 
The rise in δ18Olakewater values that began at ~13,260 cal [11,360 
14
C] BP was not 
continuous.  In particular, δ18Olakewater values in Core 1335 decreased from ~ –12 to –14 
‰ beginning at ~13,031 cal [11,100 14C] BP and remained low for ~500 years (Fig. 2.9a, 
b).  The lowering could reflect a change in the oxygen isotopic composition of regional 
precipitation and/or a renewed influx of low-
18
O glacial meltwater.  The first possibility 
is unlikely.  While pollen and wood cellulose records indicate cold and dry conditions at 
this time, cellulose-derived δ18Oprecipitation values nevertheless rose slightly from –17 to –
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15 ‰ during this time period (Edwards and Fritz, 1986; Edwards and McAndrews, 1989; 
Edwards et al., 1996).  In contrast, renewed glacial meltwater input would produce lower 
δ18Olakewater, a scenario also supported by the spike in median sediment grain size (~2.5 to 
9 μm) measured for this time (Fig. 2.7a).  Similar decreases in δ18Olakewater and increases 
in median grain size are recorded at 12,657 cal [10,780 
14
C] in Core 1334 and 12,884 cal 
[11,000 
14
C] BP in Core 1336 (Figs. 2.6a, 2.6d, 2.8a, 2.8d).  The differences in timing 
among the cores could indicate errors in the age-depth models or reflect variable 
meltwater delivery across the Ontario basin.  The latter scenario is more likely given the 
common termination date for the low-
18
O interval (12,500 cal [10,500 
14
C] BP) in all 
three cores.   
Anderson and Lewis (2012) noted the inundation of ancient Lake Ontario with meltwater 
at 12,800 cal [10,965 
14
C] BP.   However, its sources and routing into and out of Lake 
Ontario have been largely unexplored.  Glacial meltwater input from glacial Lake 
Algonquin via Lake Erie, which established connectivity with the Ontario basin at 13,000 
cal [11,110 
14
C] BP, and/or directly from glacial Lake Algonquin (Port Huron or Fenelon 
Falls outlets, respectively), could account for this interval of lower δ18Olakewater values.   
Simple estimates suggest that the overall volume of water in ancient Lake Ontario 
increased by ~25 % during this meltwater influx, based on the 5 m increase in lake level 
reported by Anderson and Lewis (2012).  This estimate allows us to test for possible 
contributions of meltwater to the Ontario basin from ancient Lake Erie versus directly 
from Lake Algonquin, assuming no outlet and no evaporation from ancient Lake Ontario. 
Ancient Lake Erie experienced a –3 ‰ shift in δ18Olakewater values to –16.8 ‰ at ~ 
12,900-12,300 cal [11,020-10,400 
14
C] BP, which Lewis and Anderson (1992) attributed 
to increased glacial meltwater input.  Simple mixing calculations indicate that such a flux 
from ancient Lake Erie can account for only ~50 % of the decrease in ancient Lake 
Ontario δ18Olakewater during this 500-year interval.  However, ancient Lake Ontario was 
likely also receiving glacial meltwater from glacial Lake Algonquin via the Fenelon Falls 
outlet at this time (Lewis and Anderson, 1992).  If glacial Lake Algonquin (δ18Olakewater = 
–19 to –17.5 ‰; Bumstead et al., 2009) was the sole contributor to Lake Ontario’s ~25 % 
increase in volume, then ancient Lake Ontario would have acquired a δ18Olakewater value of 
44 
 
 
  
4
4
 
 
4
4
 
 
~ –14 ‰.  These simple calculations support the suggestion that meltwater influx from 
glacial Lake Algonquin via the Fenelon Falls outlet was dominant at this time.  
As discussed above, there is some variability in the timing of meltwater delivery to Lake 
Ontario during this interval.  That the entry of this pulse of glacial meltwater was first 
recorded in Core 1335 hints at the possibility that meltwater originating from glacial 
Lake Algonquin, via the Fenelon Falls outlet, breached the Oak Ridges Moraine, thus 
entering early Lake Ontario at a central locality (Figs. 2.1, 2.2).  One possible location, 
supported by channels between uplands, suggests a breach in the Oak Ridges Moraine at 
Lake Scugog (Fig. 2.1) (Sharpe et al., 2004).  Another possible location is Rice Lake 
(Figs. 2.1, 2.2), the only lake that currently breaches the Oak Ridges Moraine (Fig. 2.2). 
The ultimate source of glacial meltwater input into Lake Ontario beginning at ~13,000 
cal [11,100 
14
C] BP is of interest, given that this time period coincides with the beginning 
of the YD cooling event.  As described earlier, Broecker et al. (1989) hypothesized a 
change in meltwater routing out of glacial Lake Agassiz from southward (Gulf of 
Mexico) to eastward (Great Lakes Basin) during the YD.  Geomorphological evidence 
for an eastern outlet to the Great Lakes, however, remains elusive (e.g., Teller et al., 
2005; Fisher and Lowell, 2006; Voytek et al., 2012).  Others have suggested drainage of 
glacial Lake Agassiz into the Arctic Ocean at this time (Murton et al., 2010; Fahl and 
Stein, 2012).  Still others posit that glacial Lake Agassiz drained neither to the northwest 
nor to the east, but instead evaporated (e.g., Fisher and Lowell, 2012; Lowell et al., 
2013).  Unfortunately, oxygen isotopes do not provide for a clear distinction between 
meltwater contributions to Lake Ontario from glacial Lake Agassiz versus other glacial 
lake(s).  First, the δ18O values of glacial Lake Agassiz deep waters at this time, as 
inferred from ostracodes and porewater, ranged from –21 to –18 ‰ (Last et al., 1994; 
Birks et al., 2007), not all that dissimilar to Lake Algonquin.  Second, Birks et al. (2007) 
have proposed that Lake Agassiz became isotopically stratified by ~13,000 cal [11,100 
14
C] BP.  In the Birks et al. (2007) scenario, water enriched in 
18O by ~7 ‰ (cellulose 
inferred) had pooled at the surface of Lake Agassiz as the product of precipitation, 
surface runoff and evaporation under warmer climatic conditions.  If this 
18
O-enriched 
water in the epilimnion reached the southern Great Lakes (Erie and Ontario) it would 
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have imparted an oxygen isotopic signal similar to the observed values in Early Lake 
Ontario (–14 ‰).  Nonetheless, this scenario remains unlikely in the absence of other 
evidence for eastern drainage of glacial Lake Agassiz into the Great Lakes during this 
time period (Voytek et al., 2012).    
A putative outlet for the final pulse of glacial meltwater received by Lake Ontario is 
equally enigmatic.  One possibility is an eastern outlet into the Champlain Valley.  Near 
the onset of the YD (13,100 cal [11,170 
14
C] BP), Lake Vermont was transitioning to the 
Champlain Sea representing a shift from lacustrine to marine environments (Rayburn et 
al., 2011; Cronin et al., 2012).  This transition involved complex hydrological changes 
which are recorded by shifting microfaunal assemblages (Rayburn et al., 2011; Cronin et 
al., 2012).  The earliest part of the transition (Marine Phase I) is defined by the 
occurrence of foraminiferal species (Rayburn et al., 2011).  Marine Phase I was followed 
by periods of abrupt freshening (Freshwater Phase) in which ostracodes assemblages 
emerge and the foraminiferal species disappear (Rayburn et al., 2011; Cronin et al., 
2012).  Lastly, a Transitional Phase occurs before the onset of Champlain Sea (Marine 
Maximum at 12,900 cal [11,020 
14
C] BP) in which both ostracodes and forminiferal 
assemblages co-exist (Rayburn et al., 2011; Cronin et al., 2012).  The Lake Vermont-
Champlain Sea sediments recorded signals of glacial meltwater floods, such as the 
lowering of δ18O values of marine benthic foraminifera and appearance of freshwater 
ostracodes, both consistent with abrupt periods of glacial meltwater freshening (Rayburn 
et al., 2011; Cronin et al., 2012) (Fig. 2.9c).  The δ18Oostracode values measured by Cronin 
et al. (2012) for the Freshwater and Transitional phases during the Lake Vermont-
Champlain Sea transition are very similar to those recorded in Lake Ontario (Fig. 2.9b).  
These glacial meltwater floods have been attributed to drainage of glacial Lake Agassiz 
(Rayburn et al., 2011; Cronin et al., 2012) that occurred somewhat earlier than the 
meltwater pulse under discussion here.   
The onset of the Marine Maximum phase of the Champlain Sea after 12,900 cal [11,020 
14
C] BP occurred as Lake Ontario began to receive a renewed glacial meltwater supply 
from glacial Lake Algonquin.  In absence of continued evidence for meltwater induced 
freshening of the Champlain Sea, it is unlikely that drainage from glacial Lake Algonquin 
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via Lake Ontario played a role in disruption of the THC.  Instead, this meltwater flow 
likely only pushed marine water somewhat eastward, inhibiting a marine incursion into 
Lake Ontario.  The shift in Ontario basin δ18Olakewater from –12 to –14 ‰ continued until 
~12,500 cal [10,500 
14
C] BP, whereas there is no record of meltwater entry into the 
Champlain Sea after 12,900 cal [11,020 
14
C] BP (Fig. 2.9c.)    
It is nonetheless interesting to note that this period (13,000-12,500 cal [11,100-10,500 
14
C] BP) of meltwater influx into Lake Ontario coincides with a shift in Greenland Ice 
Sheet (GISP2) δ18O values from –38 to –42 ‰ (Fig. 2.10).  The hemispheric YD-related 
cooling recorded by GISP2 was almost certainly manifested in the Ontario basin, and 
perhaps even intensified by this final flux of glacial meltwater into the region (Lewis and 
Anderson, 1992).  The simple water volume estimates described earlier assumed no 
outflow from the Ontario basin after 12,900 cal [11,020 
14
C] BP.  Instead, water levels in 
the Ontario basin likely rose to accommodate the incoming glacial meltwater.  The water 
level increase may have been attenuated by evaporation, as has been suggested for glacial 
Lake Agassiz by Birks et al. (2007), Fisher and Lowell (2012) and Lowell et al. (2013).  
However, the rapid increase in δ18Olakewater values that resumed towards the end of this 
500-year interval (Figs. 2.6d, 2.7d, 2.8d) is most simply explained by cessation of low-
18
O meltwater input than by any other mechanism.   
A more robust age model, assisted by paleomagnetic secular variation records, would 
help to improve current age control on meltwater passage through the Ontario basin, and 
perhaps offer further possibilities for outlets from the lake at this time.  Nonetheless, our 
current ideas correlate well with the lake-level history described by Anderson and Lewis 
(2012) (Fig. 2.11).  In short, evidence for a large YD-age meltwater/flood routing event 
from the Ontario basin and adjacent confluent waters in the Lake Champlain, lower 
Ottawa and upper St. Lawrence valleys is the drawdown of glacial Lake Trenton which is 
recorded in Lake Ontario sediments beginning at ~13,260 cal [11,360 
14
C] BP by a 
sequence of increasingly positive δ18Olakewater values.  The subsequent meltwater episode 
in the Ontario basin recorded from ~13,000 to 12,500 cal [11,100-10,500 
14
C] BP which 
is apparently is not represented in a downstream sediment sequence, would have little 
impact on the Atlantic THC/MOC.  
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Figure 2.9. (a) Three-point running average of δ18Olakewater values for Cores 1334, 1335, and 1336.  (b) Ostracode valve and clam shell 
oxygen isotope compositions (VPDB) (vital effect corrected, subtract 2.2 ‰ from VPDB data) for Lake Ontario.  Red and blue dots 
represent Champlain valley Candona record from Beekmantown 1 and 2 cores, as outlined by Cronin et al. (2012).  A generalized age 
for the Beekmantown cores was inferred from Rayburn et al. (2011).  (c) Champlain Valley stratigraphy outlined by Cronin et al. 
(2012). 
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Figure 2.10. (a) GISP2 oxygen-isotope record illustrating the Younger Dryas event (Yu and Eicher, 1998). (b) Three-point running 
average of δ18Olakewater values for Cores 1334, 1335 and 1336.  Gray shaded area indicates the period of the terminal glacial meltwater 
influx at 13,000-12,500 cal [11,100-10,500 
14
C] BP. 
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Figure 2.11. Lake elevation versus age in the main Ontario basin, as outlined by 
Anderson and Lewis (2012).  The thick black line represents the inferred lake level.  The 
δ18Olakewater values (inferred from ostracodes valves and clam shells) are demonstrated by 
the colour gradient –blue representing lower δ18Olakewater values, whereas orange 
represents higher δ18Olakewater values.  Important lake phases are indicated at the top of the 
diagram. 
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Moore et al. (2000) and Cronin et al. (2008) proposed that meltwater flowed through the 
Erie-Ontario basins into the St. Lawrence-Champlain system during the main drawdown 
of glacial Lake Algonquin at 11,200 to 11,100 cal [9,750 to 9,640 
14
C] BP.  Such routing 
is very unlikely.  As is discussed below, Lakes Erie and Ontario were hydrologically 
closed during the main Algonquin drawdown; there is no low 
18
O signal present in the 
ostracode record of Lake Ontario sediment for this time period (Anderson and Lewis; 
2012; Lewis et al., 2012).  Meltwater reaching the St. Lawrence-Champlain system from 
glacial Lake Algonquin would have required routing through the North Bay outlet, thus 
bypassing the lower Great Lakes. 
2.4.3 Post-glacial transition and hydrologic closure (12,500-8,300 cal 
[10,500-7,500 
14
C] BP)  
Following the final influx of glacial meltwater into Lake Ontario, glacial Lake Algonquin 
outlets at Port Huron and Fenelon Falls were abandoned and outflow diverted to a newly 
opened northern outlet near North Bay, Ontario (Eschman and Karrow, 1985; Karrow, 
2004).  The increase in Ontario basin δ18Olakewater resumed, largely because glacial 
meltwater input had ended; values inferred from ostracode compositions reached as high 
as –9.8 ‰ in Core 1334, –9.9 ‰ in Core 1335 and –9.0 ‰ in Core 1336 by 12,300 cal 
[10,400 
14
C] BP (Figs. 2.6d, 2.7d, 2.8d).  At 12,300 cal [10,400 
14
C], Lake Ontario 
entered closed basin conditions according to Anderson and Lewis (2012); they noted that 
the lowest water levels were a product of evaporative stress, and lasted until about 10,000 
cal [8,880 
14
C] BP.  Water levels gradually rose after that time as evaporative stress 
eased, but hydrologic closure persisted until ~8,300 cal [7,500 
14
C] BP.    
The δ18Olakewater values and biostratigraphy of Ontario basin sediments support Anderson 
and Lewis’ (2012) model (Fig. 2.11).  During the early Holocene (until ~ 8,300 cal [7,500 
14
C] BP), southern Ontario was influenced mainly by Arctic air masses over the 
northward-retreating LIS (Edwards et al., 1996).  This Arctic influence produced a 
cold/dry period in southern Ontario, with relative humidity levels 20% lower than at 
present (Edwards et al., 1996).  Over this time period, δ18Oprecipitation values in southern 
Ontario increased from –15 to –11 ‰ (Edwards et al., 1996).  Such compositions for 
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precipitation in the regional watershed would be expected to yield δ18Olakewater values no 
higher than ~ –12.5 to – 8.5 ‰, based on the present spread of ~2.5 ‰ between modern 
Lake Ontario and precipitation in the region (Longstaffe et al., 2011).  However, by 
10,500 cal [9,280 
14
C], δ18Olakewater had already increased to a maximum of –7 ‰ 
(ostracodes) to –6 ‰ (clam shell fragments) (Figs. 2.6d, 2.7d, 2.8d, 2.11).  As such, the 
δ18Olakewater values during this stage of hydrologic closure point to a greater role for 
evaporative 
18
O-enrichment than is presently the case. 
The rate of increase in δ18Olakewater values slowed considerably after ~10,500 cal [9,280 
14
C] BP (Figs. 2.6d, 2.7d, 2.8d) through to end of hydrologic closure at 8,300 cal [7,500 
14
C] BP.  There is little change in δ18Olakewater recorded by ostracodes, including F. 
caudata that appeared in Core 1336, and <2 ‰ increase (to –5 ‰) in all cores, based on 
clams.  These results are consistent with the easing of evaporative conditions in the 
Ontario basin proposed by Anderson and Lewis (2012) as humidity and precipitation 
levels gradually increased with the onset of warmer conditions. 
Low water levels during hydrologic closure were accompanied by the appearance of 
Pisidium sp. clams (Cores 1334 and 1335; fragments only in Core 1336) and F. caudata 
in Core 1336. Their appearance marks a significant change in the benthic biological 
community. The change in the biological community coincides with hydrologic closure 
of the Ontario basin and a peak in ostracode productivity in Cores 1334 and 1335.  
However, clam fragments were not detected until ~1,500 years later in Core 1336 (Figs. 
2.6d, 2.7d, 2.8d).  Shallower water is likely responsible for the emergence of clams 
(Delorme, 1989).  They appeared first in Cores 1334 and 1335, initially as shell 
fragments, likely transported from shallower water, then as whole shells presumed 
deposited in situ when the basins were at their shallowest (current water depths, 110 and 
192 m, respectively).   
Clam fragments, likely transported from shallower water, appear later at the deeper Core 
1336 site (current depth, 222 m).  Shallower water conditions developed later in the 
vicinity of Core 1336 (current depth, 222 m) than elsewhere in Lake Ontario (Anderson 
and Lewis, 2012).  The appearance of F. caudata (and disappearance of C. 
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subtriangulata) in Core 1336 suggests that bottom waters in this deeper basin were 
becoming less oxygenated compared to the western portion of the lake.  Although not 
likely anoxic, the Rochester basin was likely experiencing conditions similar to those 
found in present day Lake Erie (Delorme, 1978).  Loss of C. subtriangulata typically 
occurs as dissolved oxygen concentrations fall below its threshold of 5.6 mg/l.  
Successive years of low dissolved oxygen lead to extirpation of C. subtriangulata 
because of its relatively long life cycle (1 year) and the inability to reach a maturity to lay 
eggs (Delorme, 1978).  F. caudata, by comparison, has lower dissolved oxygen 
requirements (2.3 mg/l), thus allowing it to thrive under lower oxygen conditions. Its 
shorter life cycle (3 to 4 weeks), and associated egg production, ensures proliferation for 
several generations (Delorme, 1978).   
In Core 1334, the first clams record δ18Olakewater values similar to coexisting ostracodes.  
Clams in Cores 1335 and 1336, however, indicate higher δ18Olakewater values (by 1 to 2 ‰) 
than ostracodes from the same intervals.  These differences could point to development of 
monomictic conditions in ancient Lake Ontario.  The clams may have grown in shallower 
waters enriched in 
18
O by evaporation prior to lake overturn, prior to being transported to 
deeper in the basin after death, whereas the in-situ ostracode valves reflected deeper, 
bottom-water compositions characteristic of well-mixed conditions.    
2.4.4 Post-hydrologic closure (since 8,300 cal [7,500 14C] BP) 
With the continued retreat and eventual collapse of the LIS, southern Ontario became 
more strongly influenced by marine tropical air masses originating in the Gulf of Mexico.  
This caused the regional climate to shift from the cold and dry conditions described 
earlier, to warm and dry (~8,300 to 6,800 cal [7,500 to 6,000 
14
C] BP), and then to warm 
and wet (at ~6,800 cal [6,000 
14
C] BP) (Edwards et al., 1996).  Lake levels began to 
increase at ~8,300 cal [7,500 
14
C] BP (Anderson and Lewis, 2012).  The Nipissing Rise 
at ~5,800 cal [5,090 
14
C] BP is typically used to mark the return of upper Great Lakes 
drainage to the Lakes Erie and Ontario, as warm and wet conditions became fully 
established.  Evaluating these changes isotopically, however, is difficult because samples 
suitable for analysis were not found younger than ~7,900 cal [7,030 
14
C] BP in Core 
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1334, 5,900 cal [5,100 
14
C] BP in Core 1335, and 5,800 cal [5,090 
14
C] BP in Core 1336.  
The ostracode record for Core 1336 suggests that δ18Olakewater values were virtually 
identical to the present value of –6.6 ‰ between ~8,300 and 7,300 cal [7,500 and 6,370 
14
C] BP but hints at a slight lowering of δ18Olakewater values to ~ –7 ‰ by 5,800 cal [5,090 
14
C] BP (Fig. 2.11).  The limited record for Core 1335 indicates slightly lower δ18Olakewater 
values (~ –7.5 ‰) for about the same time interval (Figs. 2.6d, 2.7d, 2.8d).  Clam shells 
continue to record higher δ18Olakewater values (~ –5 ‰) with perhaps even more 
18
O-rich, 
shallow water conditions in Core 1335 at ~ 5,900 cal [5,100 
14
C] BP; notably, a 
coexisting in situ F. caudata valve also suggests δ18Olakewater values of at least –5.5 ‰.   
The paucity of suitable samples makes it difficult to comment further except in the most 
general of terms.  By the time of the Nipissing rise, climatic and hydrological conditions 
in the Ontario basin, at least those that are captured by the δ18Olakewater signal, were not 
significantly different from the present time.  Further comment is not warranted, given 
that shelly fauna disappeared completely from the sediment records examined here by 
4,500 cal [4,000 
14
C] BP in Core 1334 and by 6,000 cal [5,280 
14
C] BP in Cores 1335 and 
1336 (Figs. 2.6c, 2.7c, 2.8c).  Low sedimentation rates likely caused biogenic carbonates 
to be dissolved before they could be buried.  This observation is supported by a decrease 
in detrital carbonate contents over this time period (Figs. 2.6b, 2.7b, 2.8b).    
2.5 Conclusions 
The oxygen isotopic compositions of ostracodes and clams, supplemented by 
mineralogical and grain-size information, provide key insights into the extent, duration 
and origin of glacial meltwater input into ancient Lake Ontario since ~16,500 cal [13,300 
14
C] BP.  These data allow us to assess the role of glacial meltwater passage through 
Lake Ontario as a trigger for the Younger Dryas cooling event: 
1. Ostracode proxies for δ18Olakewater (<–17 ‰) values from the lowermost sediments 
sampled in the western and central portions of Lake Ontario confirm substantial 
glacial meltwater presence between 16,000-15,300 cal [13,140-12,975 
14
C] BP.  
Variations in detrital carbonate, clay and feldspar contents between the western and 
central portions of the Ontario basin indicate connectivity with ancient Lake Erie 
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(glacial Lake Ypsilanti) at this time.  Continued low δ18Olakewater values (<–17.5 ‰) 
but a shift in detrital mineralogy and increased variability in δ18Olakewater from 15,300-
14,500 cal [12,975-12,410 
14
C] BP marked the end of connectivity with Lake 
Ypsilanti to the west and dominance of eastern glacial meltwater inputs to the Ontario 
basin. 
2. Glacial meltwater originating both from glacial Lake Algonquin and directly from the 
LIS contributed to glacial Lake Iroquois and subsequent glacial lakes, which were 
established in the Ontario basin as the LIS retreated and continued to block the 
Ontario basin’s outlet to the St. Lawrence River (14,000-13,260 cal [12,150-11,360 
14
C] BP).  Generally lower δ18Olakewater values (–18.1±0.7 ‰) in the eastern portion of 
glacial Lake Iroquois indicate contributions of meltwater deriving from the LIS.  
More variable δ18Olakewater values (–16.8±2.0 ‰) in the central portion of glacial Lake 
Iroquois indicate variable mixing between contributions from the west, from the east-
central outlet of glacial Lake Algonquin and direct LIS runoff. 
3. Extensive retreat of the LIS from the Lake Ontario basin to the St. Lawrence valley 
shortly after 13,260 cal [11,360 
14
C] BP led to the final post-Iroquois stage (Lake 
Trenton) which was confluent with Lake Vermont in the Lake Champlain basin and 
Lake Candona in the upper St Lawrence and lower Ottawa River valleys.  The 
Ontario basin was marked by an increase in δ18Olakewater values from –19 to –12 ‰, 
largely caused by the loss of glacial meltwater input from the more distant ice margin. 
4. A large volume outflow of freshwater to the Gulf of St. Lawrence followed when the 
extensive confluent water body standing at ~15 m above sea level, consisting of 
Lakes Trenton, Vermont, and Candona, drained catastrophically to the Gulf of St. 
Lawrence and was replaced by marine water of the Champlain Sea.  Further 
evaluation of this large freshwater outflow is required to assess its impact on the 
North Atlantic THC/MOC and possible contribution to the onset of the YD climate 
event.  
5. A decrease in δ18Olakewater values from ~ –12 to –14 ‰ marked entry of a final inflow 
of glacial meltwater – likely from glacial Lake Algonquin – into the Ontario basin, 
beginning at ~13,031 cal [11,100 
14
C] BP and lasting for ~500 years.  Its initial 
arrival was not synchronous across the lake, appearing first in the central portion of 
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the Ontario basin. This timing suggests that meltwater travelling from glacial Lake 
Algonquin may have breached the Oak Ridges Moraine, thus first entering the 
Ontario basin at a north-central location. 
6. Glacial meltwater pulses that entered Lake Ontario from 12,900 to 12,500 cal [11,020 
to 10,500 
14
C] BP cannot be traced isotopically eastward into the Champlain Sea, and 
instead were likely retained within Lake Ontario.  Glacial meltwater transported 
through the Ontario basin is unlikely to have played a significant role in the YD 
cooling event.  
7. The increase in δ18Olakewater values from ~ –14 to –9 ‰ from 12,500-12,300 cal 
[10,500-10,400 
14
C] BP marks the loss of glacial meltwater input and the hydrologic 
closure of Lake Ontario at 12,300 cal [10,400 
14
C] BP.  This change in conditions and 
lower lake levels in particular were marked by appearance of Pisidium sp. clams and 
the ostracode species F. caudata.  By ~10,500 cal [9,280 
14
C] BP, δ18Olakewater values 
as high as –6 ‰ reflect increases in evaporation under cold and dry conditions to a 
much larger extent than currently experienced by Lake Ontario.  Evaporative 
conditions eased between ~10,500 cal [9,280 
14
C] BP (Figs. 2.6d, 2.7d, 2.8d) and the 
end of hydrologic closure at 8,300 cal [7,500 
14
C] BP with the onset of warmer 
conditions. 
8. Throughout the subsequent period of warm/dry and then warm/wet climatic 
conditions, ostracode-derived δ18Olakewater values were similar to the previous period, 
with perhaps a slight lowering from ~ –6.5 to –7.5 ‰ between  ~8,300 and 5,800 cal 
[7,500 and 5,090 
14
C] BP.  Clam shells continued to record higher δ18Olakewater values 
(~ –5 ‰).  In short, by the time of the Nipissing Rise, conditions in the Ontario basin 
that are captured by the δ18Olakewater signal were not significantly different from the 
present time (–6.6 ‰).  
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Chapter 3 
3 Late Quaternary paleoproductivity of Lake Ontario and its 
sources of organic matter 
3.1 Introduction 
Variations in aquatic productivity and source input to Lake Ontario provide clues as to 
how regional climate and environmental conditions evolved as the Laurentide Ice Sheet 
(LIS) retreated from the region.  Lake Ontario, in particular, offers a unique opportunity 
to investigate a substantial period of hydrologic closure during its history, and to test the 
robustness of traditional lacustrine paleoproductivity proxies under a wide range of 
environmental conditions.   
The water-level history of Lake Ontario and its predecessors since the latest Pleistocene 
have been described in detail by Anderson and Lewis (2012), thus making it possible to 
correlate ancient lake levels with organic productivity and changes in water sources.  In 
brief, the water-level history is as follows.  The recorded history of the Ontario basin 
began at ~16,000 cal BP when the LIS partially retreated from the Lake Ontario basin 
during the Mackinaw interstadial.  This facilitated sediment deposition in the central and 
western portions of the lake.  Ice readvance shortly thereafter resulted in subglacial 
sedimentation in the Ontario basin until 14,500 cal BP.  During the Late Pleistocene 
(shortly after 14,500 cal BP), retreating Wisconsinan ice dammed the outlet at the St. 
Lawrence River (Fig. 3.1) allowing glacial Lake Iroquois to fill an isostatically depressed 
Ontario basin at ~14,000 cal BP.  Glacial Lake Iroquois water levels and drainage were 
controlled by retreating ice; drainage occurred southeastward first through the Mohawk 
and Hudson River valleys to the Atlantic Ocean, then through the Lake Champlain basin 
to the Hudson River valley and Atlantic Ocean (Fig. 3.1) (Muller and Prest, 1985).  
Glacial Lake Iroquois terminated at 13,260 cal BP, draining in a series of lake stages 
(Frontenac, Sydney ‘?’, Belleville-Sandy Creek, and Trenton-Skinner Creek) as the 
impounding ice retreated northward out of the St. Lawrence River valley (Pair and 
Rodrigues, 1993; Anderson and Lewis, 2012).  The latter lake level stages were confluent 
with Lake Vermont in the Lake Champlain basin (Fig. 3.1), which continued to drain  
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Figure 3.1. Digital Elevation Model (DEM) of the Great Lakes basin. Important outlets and locations are denoted in italics.  Figure 
modified from the Nation Oceanic and Atmospheric Administration data center website (http://ngdc.noaa.gov/mgg/dem/).  
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through the Hudson River Valley (Anderson and Lewis, 2012).  Continued retreat of the 
LIS from the St. Lawrence valley allowed invasion of seawater, thus forming the 
Champlain Sea (Fig. 3.1) at 12,900 cal BP (Anderson and Lewis, 2012).  Early Lake 
Ontario was confluent with the Champlain Sea during a near stillstand period, while both 
basins and their water levels were rising (Anderson and Lewis, 2012).  Early Lake 
Ontario was not inundated by seawater because of increased precipitation and meltwater 
inflow, most likely from glacial Lake Algonquin from 13,000 to 12,500 cal BP (Chapter 
2, this thesis).  Hydrologic closure of Lake Ontario began at 12,300 cal BP when the 
upper Great Lakes drainage pattern switched from the southern Port Huron outlet to the 
North Bay outlet (Fig. 3.1) (Anderson and Lewis, 2012).  Hydrologic closure continued 
until 8,300 cal BP when increased precipitation caused the lake to reach overflow 
conditions.  From 8,300 to 5,200 cal BP, lake level rise was synchronous with increased 
precipitation in southern Ontario.  By 5,800 cal BP, the Nipissing rise marks the return of 
upper Great Lakes drainage to Lake Ontario.   
The composition of lacustrine organic matter (OM) can provide insight into shifts in 
vegetation and aquatic productivity driven by changes in regional climate.  In particular, 
the δ13C values of biogenic carbonates, percentages of organic carbon (OC) and total 
nitrogen (TN), and the carbon/nitrogen (C/N) ratios and stable carbon-isotope (δ13COM) 
and nitrogen-isotope (δ15NOM) values of bulk sediment organic matter (OM) provide 
useful measures of primary productivity and/or OM source changes to the lake.  
McFadden et al. (2004) and (2005) reported data for such parameters for the easternmost 
portion of Lake Ontario from 10,000 cal BP to 1850 AD.  They showed, in general, that 
most proxies showed a shift at 9,400 cal BP, which is defined as the onset of Holocene 
warming in the region.  These proxies also suggested that the Holocene Thermal 
Maximum (HTM; 9,400 to 5,300 cal BP) was the warmest and wettest period during the 
Holocene.  Interrupting regional warming were two cold periods: the ‘8.2 ka’ event and 
the Nipissing rise (6,800 to 5,000 cal BP).  From 5,300 cal BP to 1850 AD, the region 
was cooler and drier, but more stable than during the HTM.  
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In addition, Silliman et al. (1996) described a record of postglacial OM delivery to Lake 
Ontario using C/N ratios and δ13COM values.  They found that C/N ratios increased from 4 
(glacial) to 8 (postglacial) from the base of their core to ~300 cm. They interpreted the 
low C/N ratios to indicate that lacustrine algae was the dominant OM source, but 
suggested that the upward increase marked a shift to more terrigenous input following 
deglaciation.  Silliman et al. (1996) reported δ13COM values that varied between –28.0 and 
–25.5 ‰ throughout the record. They noted that such compositions span the range of both 
lacustrine algae and C3 land plants, and thus do not discriminate between the two sources.  
They suggested that the δ13COM values reflected the combined effects of lower 
atmospheric pCO2 during the latest Pleistocene and perhaps recycled OM from the 
erosion of the Paleozoic carbonates.          
In this paper, we build on these studies by examining similar proxies that extend back in 
time to ~16,000 cal BP and span the entire Lake Ontario basin from west to east.  In 
particular, we report on and evaluate the overall significance of such proxies as measures 
of environmental change in this region over that time period. 
 
3.1.1 Carbon-isotope composition of biogenic carbonates 
The carbon isotopic compositions of ostracodes valves (δ13Costracode) and clam shells 
(δ13Cclam) have been largely ignored in lake sediments when interpreting climate histories 
because of the complexity of the lacustrine dissolved inorganic (DIC) pool.  The 
δ13Costracode and δ
13
Cclam values mostly reflect the isotopic composition of the DIC 
(δ13CDIC) from which the carbonate formed (Holmes, 2001).  These measures can be used 
to evaluate lacustrine productivity changes, if the factors controlling the DIC pool can be 
determined, and can also be used to determine source inputs of DIC when δ13Costracode  and  
δ13Cclam values vary within the lake (Fig. 3.2) (Schwalb et al., 2002; 2013). The 
complexity of this system reflects the various conditions under which biogenic carbonate 
can precipitate.  DIC content and isotopic composition in lakewater are a function of the 
degree of CO2 exchange with the atmosphere, the uptake rate of dissolved CO2 during 
photosynthesis, rates of decay of organic matter, microbial 
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Figure 3.2. Carbon isotope systematics and sources of DIC to Lake Ontario.  Figure modified from Meyers and Teranes (2001).
Modern terrestrial OM and (Suess corrected) 
δ
13
C= –30 (–28.5) to –23 (–21.5) ‰ 
(Meyers and Teranes, 2001; Verburg, 2007)  
 
Ancient atmospheric CO2(g) 
δ
13
C= –6.9 to –6.4 ‰ 
(Leuenberger et al., 1992; 
Schmitt et al., 2012)  
 
Watershed dissolved inorganic carbon 
δ
13
C= –5 to –3 ‰ 
(Fritz et al., 1975; Lewis and Anderson, 1992) 
 
Organic matter sorbed onto clay minerals 
δ
13
C= –27 ‰ 
 
Dissolution of carbonates 
δ
13
C= –1.6 to +1.5 ‰ 
(Coniglio and Jones, 1992) 
 
Temperature range (5-25°C) 
for given fractionation factors 
(Mook et al.,1974)  
 
Adapted from Meyers and Teranes (2001) 
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processes, micro-habitat conditions, and the composition and rate of dissolution of 
carbonate rocks and minerals within the catchment (Talbot and Kelts, 1990; von 
Grafenstein et al., 1999).  Recent literature suggests that relative changes in δ13Costracode 
(in our case, Candona subtriangulata, Fabaeformiscandona caudata) and δ13Cclam values 
(in our case, Pisidium sp.) can be used as a measure of δ13CDIC.  These organisms exhibit 
no vital effects/offsets from the DIC pool and hence are a robust proxy for assessing 
historical lake conditions (von Grafenstein et al., 1999; Decrouy et al., 2011).   
 
3.1.2 Organic carbon, total nitrogen and carbon/nitrogen ratio 
OC and TN are useful proxies for assessing variations in the amount of OM input to 
lacustrine systems (Meyers and Teranes, 2001).  Although OC and TN abundances 
cannot, in and of themselves, serve to distinguish between allocthonous and autocthonous 
OM input to a lake, they still provide a good first-order measure of general (perhaps 
regional) organic productivity.  When comparing glacial and post-glacial sediments, 
differences in sedimentation rates and densities can be normalized using mass 
accumulation rates (MARS).  MARS provide a better measure of delivery and 
preservation of OM than bulk OC and TN contents (Meyers and Lallier-Verges, 1999).  
In Great Lakes sediments, MARS are especially useful for determining changes in 
delivery rates and sources of OM to the lake, particularly when assessing the impact of 
glacially derived OM input to the lake. 
Traditionally, the C/N ratio is also very important because it can help identify the 
proportions of aquatic (algal) non-vascular plants to terrestrial, vascular plants in a way 
not immediately obvious from direct measurements of bulk OC and TN concentrations. 
Non-vascular plants are protein-rich and cellulose-poor and will typically yield a C/N 
ratio between 4 and 10 (Meyers, 1994).  Vascular terrestrial plants are protein-poor and 
cellulose-rich and have a C/N ratio of >20 (Meyers, 1994).  These original ratios are 
generally preserved in lake sediment OM, with minor exceptions.  C/N ratios >20 are 
traditionally interpreted as indicating dominance of terrestrial plants in lacustrine OM.  
This can indicate higher local terrestrial productivity related to warmer temperatures 
67 
 
 
  
6
7
 
 
6
7
 
  
 
6
7
 
 
6
7
 
and/or increased precipitation, and hence increased run-off and terrestrial OM transport to 
the lake.  C/N ratios between 4 and 10 are traditionally interpreted to indicate dominance 
of lacustrine algal productivity.  This can indicate increased autocthonous OM production 
in the lake and/or hydrologic closure of the lake basin, which is associated with reduced 
run-off and hence lower terrestrial OM input.  In this paper, we evaluate whether or not 
this simple model is applicable to the interpretation of results for glacial and postglacial 
sediments from Lake Ontario.  
3.1.3 Carbon-isotope composition of bulk sediment organic matter  
Values of δ13COM can be a useful aid in determining changes in primary productivity and 
OM sources (Hodell and Schelske, 1998).  A systematic increase in δ13COM values during 
periods of higher lacustrine productivity arises from preferential uptake of 
12
C during 
photosynthesis; increased productivity reduces this discrimination resulting in higher 
δ13COM values (McKenzie, 1985).  The δ
13
COM values can also be used to identify 
changes in terrestrial plant communities, if a significant proportion of OM entering the 
lake is of terrestrial origin.  Most photosynthetic plants incorporate carbon into OM using 
the C3 – Calvin – pathway, which preferentially takes up 
12
C with an isotopic 
discrimination yielding an average δ13COM = –25 ‰ presently (O’Leary, 1988).  Fewer 
plants use the C4 – Hatch-Slack – pathway (δ
13
COM = –10 ‰), and still fewer the CAM – 
Crassulacean Acid Metabolism – pathway (δ13COM = –25 to –10 ‰) (O’Leary, 1988), 
especially in the Great Lakes region.  Freshwater algae (C3 pathway) use dissolved CO2 
in isotopic equilibrium with the atmosphere and are isotopically indistinguishable from 
OM produced by C3 plants from the surrounding watershed (–29 to –25 ‰) (Meyers and 
Ishiwatari, 1993; Meyers, 1997; Meyers and Teranes, 2001).   
3.1.4 Nitrogen-isotope compositions of bulk sediment organic matter  
Nitrogen occurs in fresh waters in numerous forms including dissolved molecular 
nitrogen, amino acids, amines, proteins, humic compounds, ammonia, nitrite and nitrate.  
Sources of nitrogen include nitrogen fixation both in the water and sediments, inputs 
from surface and ground water, and precipitation (Wetzel, 2001).  Values of δ15NOM can 
assist in identifying aquatic versus terrestrial sources and in reconstructing 
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paleoproductivity rates (Meyers, 2003).  Inorganic nitrogen reservoirs for land and 
aquatic plants are quite different; dissolved nitrate (NO3
-
) has mean δ15NOM range of +7 
to +10 ‰, and atmospheric molecular nitrogen (N2) has a δ
15
N value of +0.5 ‰ (Peters et 
al., 1978; Wada, 1980).  Hence, algae δ15NOM are normally around +8.5 ‰, typically 
higher than C3 land plants (average δ
15
N = +1 ‰) (Meyers and Lallier-Verges, 1999; 
Meyers, 2003).  That said – the complex nature of the nitrogen cycle and isotopic 
discrimination of nitrogen during biological uptake introduces variability to any 
generalized δ15N values for the OM system (Fogel and Cifuentes, 1993).  Deviations 
from the δ15NOM values expected in lake sediment records can challenge the utilization of 
bulk δ15N values (which can include nitrogen from both organic and inorganic sources) as 
a proxy for changes in OM sources and allocthonous production (Meyers and Lallier-
Verges, 1999).      
3.2 Materials and methods 
Three piston cores, along with accompanying benthos cores, were collected from Lake 
Ontario during July 15-17, 2008 by the captain and crew of the Canadian Coast Guard 
Ship (CCGS) Limnos: Core 1335, Mississauga basin; Core 1336, Rochester basin, and 
Core 1334, Niagara basin (Fig. 3.3).  The cores were cut into ~1 m sections onboard and 
stored in a refrigerator prior to delivery to the University of Rhode Island, where they 
were halved longitudinally and their visible characteristics noted (colour, consistency, 
grain size, sedimentary structures including laminations; Chapter 2, this thesis).  
Sediment colour was described using the Munsell Soil Colour Charts and notation 
(2000).  The cores were then shipped to the University of Western Ontario where they 
continue to be stored at 4°C.   
The age-depth model (Fig. 3.4) was anchored using three accelerator mass spectrometer 
(AMS) radiocarbon dates of terrestrial macro-fossils and clam shells (Chapter 2, this 
thesis; Table 2.1).  The clam shell date was corrected for the hard water effect by 
subtracting 535 ± 15 years (Anderson and Lewis, 2012).  All radiocarbon dates were 
converted to calibrated ages using INTCAL09 (Reimer et al., 2009).  Additional 
information used to construct the age-depth model included pollen stratigraphy 
(Carmichael et al., 1990; McAndrews, 1994; Pippert et al., 1996), seismic stratigraphy 
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Figure 3.3.  DEM Lake Ontario region showing the locations of sediment piston cores: Core 1334 (43 24’ 23” N and 79 00’ 05” W; 
water depth, 110.3 m; core length, 17.00 m), Core 1335 (43 33’ 19” N and 78 09’ 01” W; water depth, 192 m; core length, 18.20 m), 
Core 1336 (43 30’ 28” N and 76 53’ 07” W; water depth, 221.5 m; core length, 18.41 m).  Several locations discussed in the text are 
also shown.  Figure modified from the National Oceanic and Atmospheric Administration data center website 
(http://ngdc.noaa.gov/mgg/dem/).
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Figure 3.4. Non-Bayesian, linear interpolated, age-depth model for Cores 1334, 1335 and 
1336 produced using CLAM (Blaauw, 2010).   All radiocarbon dates were converted to 
calibrated ages by CLAM using INTCAL09 (Reimer et al., 2009).  Three radiocarbon 
dates were used along with additional information from previous studies on Lake Ontario 
to establish the chronology (Schroeder and Bada, 1978; Carmichael et al., 1990; 
Hutchinson et al., 1993; McAndrews, 1994; Pippert et al., 1996; Silliman et al., 1996; 
Anderson and Lewis, 2012).
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(Hutchinson et al., 1993), magnetic properties (Carmichael et al., 1990) and radiocarbon 
dates (Silliman et al., 1996; Anderson and Lewis, 2012).  These data were combined to 
produce a non-Bayesian, linear interpolated age-depth model using the computer program 
CLAM (Blaauw, 2010), which provides a probabilistic age range for each depth. 
 
A total of 219 ten-cm sections were extracted from the sampling half of the piston cores.  
The samples were wet-sieved using cold tap water and a combination of four sieve pans 
(1.00 mm, 500 µm, 250 µm, 125 µm) to recover ostracodes valves and clams shells; 
visible organic matter was also collected.  The air-dried fossil material was then 
transferred into petri dishes, where the biogenic carbonates were identified, ostracodes 
retained on sieves >250 µm were counted, and isolated for isotopic analysis.  Two 
species of ostracodes were identified in all three cores, Candona subtriangulata and 
Fabaeformiscandona caudata; only adult ostracodes were counted to determine their 
abundances in each sample.  No evidence of transportation (e.g., broken/pitted valves) 
was observed microscopically for the ostracodes, and hence they are considered to 
indicate autochthonous conditions.  Bivalves identified as freshwater clams from the 
Pisidium genus were also present in various intervals.   
All carbon-isotope results, including those for the ostracode valves and clam shells, are 
presented using the conventional δ-notation relative to the Vienna PDB standard (VPDB) 
(Coplen, 1996): 
δ13C = [(Rsample – Rstandard)-1] (in ‰) 
where Rsample and Rstandard = 
13
C/
12
C in the sample and standard, respectively.  For each 
measurement, approximately 0.05 mg of powdered carbonate was utilized (five to six 
ostracode valves depending on their individual weight; typically, two to three small clam 
shell fragments).  Only undamaged, adult ostracode valves were analyzed to ensure 
correct identification.  The carbon-isotope compositions of the biogenic carbonates were 
measured in the Laboratory for Stable Isotope Science (LSIS) at the University of 
Western Ontario, London, Ontario, and were obtained by reaction with orthophosphoric 
acid (H3PO4) at 90°C using a Micromass Multiprep autosampling device coupled to a VG 
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Optima dual inlet mass spectrometer.  The δ13C values were calibrated to VPDB using 
NBS-19 (+1.95 ‰) and Suprapur (–35.3 ‰).  NBS-18 and internal laboratory standard 
WS-1 were used to evaluate accuracy and precision of the analyses.  For NBS-18, the 
average δ13C value was –4.98±0.08 ‰ (SD, n=27), and for WS-1 +0.79±0.06 ‰ (SD, 
n=7), in close agreement with accepted values of –5.00 and +0.76 ‰, respectively.    
One-centimetre-thick samples of bulk sediment were freeze-dried and ground by hand 
using a ceramic mortar and pestle in preparation for measurements of OC, TN and their 
respective isotopic compositions.  Prior to measuring the total OC and δ13COM values, 
inorganic carbonates were removed by acid fumigation (Harris et al., 2001).  Thirty 
milligrams (mg) of sediment were weighed into silver capsules and placed into a sample 
tray.  Two drops of deionised water were added to each capsule and then the samples 
were carefully stirred.  Approximately 500 mL of concentrated, 12 N, hydrochloric acid 
(HCl) was then added to the bottom of a glass dessicator, insuring maximum surface area 
for the HCl to fumigate.  The sample tray was then placed in the dessicator on an elevated 
ceramic holder above the acid and left overnight with the lid half off.  Acid fumes 
dissolved into the water that had been added to the samples, creating an acidic solution 
that dissolved any carbonate (Harris et al., 2001; Komada et al., 2008; Brodie et al., 
2011).  The samples were then dried in an oven at 50 °C for ~16 hours.  The dried 
samples were then crimped and wrapped in tin to maximize flash combustion in the 
elemental analyser.  Separate ~30 mg samples that were not subjected to acid-treatment 
were loaded into tin capsules for determination of total nitrogen contents and nitrogen-
isotope compositions.  Untreated samples were used for nitrogen analyses because acid-
treatment can change original δ15N values by as much as 8 ‰ (Teranes and Bernasconi, 
2000; Harris et al., 2001).      
TN and OC concentrations were measured using a Fisons 1108 Elemental Analyzer and 
calibrated using Low Organic Content Soil (OC 1.52 wt. %, TN 0.13 wt. %) and High 
Organic Content Soil (OC 6.10 wt. %, TN 0.46 wt. %). The precision of duplicate 
analyses for samples (n=20) was better than 0.01 wt. % for OC and 0.001 wt. % for TN.  
The results were used to calculate atomic C/N ratios (Meyers, 1994).  
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A Costech Elemental Combustion System coupled to a Thermo Finnigan Delta
PLUS
 XL 
mass spectrometer in continuous-flow (He) mode was used to determine the carbon and 
nitrogen isotopic compositions of organic matter.  The δ13C values were calibrated to 
VPDB using USGS-40 (–26.39 ‰) and USGS-41 (+37.63 ‰) (accepted values in 
parentheses). The accuracy of this calibration curve was checked using IAEA-CH-6; the 
measured δ13C value of –10.45±0.13 ‰ (SD, n=12) compared well with its accepted 
value of –10.45 ‰.  Laboratory standard keratin was also analyzed to evaluate accuracy 
and precision within and among the analytical sessions.  The average δ13C value of 
keratin was –24.08±0.08 ‰ (SD, n=17) across all sessions, and compared well with its 
accepted value of –24.08 ‰.  The absolute difference in δ13C values between duplicate 
analyses of the same sample averaged 0.17±0.15 ‰ (n=6).   
The nitrogen-isotope results (
15
N/
14
N) are also presented in the normal δ-notation relative 
to the accepted standard AIR (Mariotti, 1983); δ15N values were calibrated to AIR using 
USGS-40 (–4.52 ‰) and USGS-41 (+47.57 ‰) (accepted values in parentheses). The 
accuracy of this calibration curve was checked using IAEA-N2; the measured δ15N value 
of +20.39±0.08 ‰ (SD, n=2) compared well with its accepted value of +20.3 ‰.  
Laboratory standard keratin was also analyzed to evaluate accuracy and precision within 
and among the analytical sessions.  The average δ15N value of keratin was +6.57±0.05 ‰ 
(SD, n=5), which compared well with its accepted value of +6.36 ‰. The absolute 
difference in δ15N values between duplicate analyses of the same sample averaged 
0.19±0.25 ‰ (n=3).  The nitrogen measured here is assumed to represent organic matter 
(δ15NOM) values because the y-intercept (<0.01%) on a total nitrogen versus organic 
carbon plot indicates minimal contribution from inorganic sources.  Low TN contents of 
glacial sediments in all three cores precluded measurement of their nitrogen-isotope 
compositions.  
3.3 Results 
3.3.1 Ostracode valves and clam shell carbon-isotope compositions 
Two ostracode species are present in the Lake Ontario sediments analyzed here, which 
range in age from ~16,000 to 5,500 cal BP.  Candona subtriangulata is present from 
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~16,000 to 7,000 cal BP. Fabaeformiscandona caudata was found in Cores 1335 and 
1336 in sediments younger than ~10,500 cal BP.  Pisidium sp. clam shells coexist with 
ostracode valves in the sediment record beginning at ~13,200 cal BP.  Ostracodes in 
glacial sediments older than 15,000 cal BP were found only in Cores 1334 and 1335.  
Lake-wide, the biogenic carbonate record disappears between 4,500 (Core 1334) and 
6,000 cal BP (Cores 1335 and 1336). 
The δ13C values obtained for the ostracode valves and clam shells are listed in Appendix 
V.  For samples >15,000 cal BP, the average δ13Costracode value for Core 1334 is –3.9±0.4 
‰ (SD; n=4) and for Core 1335, –5.7±1.1 ‰ (SD; n=18). From 15,000 to 13,250 cal BP, 
there is increasing variability in δ13Costracode values within each core and significant 
differences in the average δ13Costracode values among the cores: Core 1334, –3.6±0.4 ‰ 
(SD; n=9), Core 1335, –4.8±0.7 ‰ (SD; n=18), and Core 1336, –6.0±1.2 ‰ (SD; n=28) 
(one-way ANOVA: p-value <0.05).  A Tukey’s post-hoc test indicates significant 
differences (p-value<0.05) in δ13Costracode values among all sediment cores over this 
interval.   
Between 13,250 to 12,500 cal BP, the δ13Costracode values stabilized across the lake, 
averaging –3.8±0.9 ‰ (SD; n=51).  Average δ13Costracode values for each core over this 
time period are: Core 1334, –3.4±0.7 ‰ (SD; n=19), Core 1335, –4.0±0.8 ‰ (SD; n=14) 
and Core 1336, –4.1±1.0 ‰ (SD; n=18).  A one-way ANOVA test (p-value=0.02) 
indicates variation in δ13Costracode values among the three cores, but a post-hoc Tukey’s 
test suggests that these differences exist only between Cores 1334 and 1336 (p-
value=0.04).  
Lake Ontario sediments from 12,500 to 11,000 cal BP also have near uniform δ13Costracode 
values across the lake, averaging –4.2±0.7 ‰ (SD; n=11).  Over this time, the average 
δ13Costracode values for each core are: Core 1334, –3.7±0.2 ‰ (SD; n=3), Core 1335, –
4.8±0.3 ‰ (SD; n=6) and Core 1336, –3.8±1.2 ‰ (SD; n=2).  While a one-way ANOVA 
test (p-value=0.04) indicates variation in δ13Costracode values among the three cores, a post-
hoc Tukey’s test revealed no significant differences among any combinations of Cores 
1334, 1335 and 1336, which likely arises from the small sample population.  After 11,000  
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Figure 3.5. Ostracode valve and clam shell carbon isotope compositions for the period ~16,000 to 6,000 cal BP.    
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cal BP ostracodes disappear from the sediment record in Core 1334, and a general trend 
to more negative δ13Costracode values begins in Cores 1335 and 1336.  By ~7,500 cal BP, 
C. subtriangulata abundances become too low for isotopic analysis.  Pisidium sp. clams 
emerge in the sediment record at different times throughout the lake (Fig. 3.5).  In Core 
1334, the clam fossil record starts at 13,000 cal BP; in Core 1335, it begins ~500 years 
later.  Clams appear even later in Core 1336, at 11,500 cal BP, and at relatively low 
abundances compared to Cores 1334 and 1335.  Pisidium sp. clams almost always coexist 
with ostracode species.  Upon their first appearance, the clams usually record slightly 
higher δ13C values than ostracodes, a gap in isotopic composition that widens upwards in 
the cores.  Between 13,000 and 12,500 cal BP, δ13Cclam values in Core 1334 average –
2.6±1.3 ‰ (SD; n=8).  The increase in δ13Cclam values relative to δ
13
Costracode becomes 
more pronounced in sediments younger than 12,500 cal BP.  In Core 1335, the 
δ13Costracode values trend downwards toward –6 ‰ from 12,500 to 6,000 cal BP whereas 
the δ13Cclam values increase toward +1 ‰.  A similar divergence in δ
13
C values between 
clams and ostracodes begins later in Core 1334, at ~11,000 cal BP.  While clams are 
more limited in abundance in Core 1336, their δ13C values also increase upwards in the 
section (to +1 ‰).  F. caudata is the most abundant in Core 1336, appearing at ~10,500 
cal BP and generally trending up-section towards higher δ13Costracode values (–3 ‰) by 
5,500 cal BP – just before its disappearance.  The one interval containing F. caudata in 
Core 1335 also has a δ13Costracode value of –3 ‰.   
3.3.2 Carbon (C) and nitrogen (N) mass accumulation rates (MARS) of 
bulk organic matter and C/N ratios 
The C-MARS and N-MARS for Cores 1334, 1335 and 1336 are illustrated in Figures 3.6, 
3.7 and 3.8, respectively, and were calculated following Yu et al. (2007) as follows: 
(C or N)-MARS= [wt. % (C or N)] x [LSR] x [DBD] x 1000, 
where LSR is the linear sedimentation rate and DBD is the dry bulk density. 
Systematic patterns are present in the C- and N-MARS and C/N ratios of the Lake 
Ontario sediments, both spatially (i.e., west to east) and temporally.  For sediment older 
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Figure 3.6. Carbon mass accumulation rates, nitrogen mass accumulation rates and C/N ratios for Core 1334. 
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Figure 3.7. Carbon mass accumulation rates, nitrogen mass accumulation rates and C/N ratios for Core 1335.
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Figure 3.8. Carbon mass accumulation rates, nitrogen mass accumulation rates and C/N ratios for Core 1336.
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than 13,250 cal BP, the C- and N-MARS are higher in the eastern portion of the lake than 
in the west.  Core 1336 has an average C- and N-MARS of 116±13 (SD; n=10) and 18±2 
(SD; n=10) mg/cm
2
/yr, respectively, whereas the average C- and N-MARS of Cores 1334 
and 1335 are much lower (39±5 [SD; n=8] and 5.6±0.9 [SD; n=8], and 53±14 [SD; n=12] 
and 9±2 [SD; n=12] mg/cm
2
/yr, respectively).  In sediments older than 13,250 cal BP, the 
C/N ratios average 7.3.  Saying that, the C/N ratios in Cores 1335 and 1336 are slightly 
higher than in Core 1334, averaging 7.9.  The overall percentages of carbon and nitrogen 
in these sediments are very low, less than 0.3 and 0.05 %, respectively.   
There is a three-fold increase in the C- and N-MARS across the lake from ~13,000 to 
12,500 cal BP.  At 12,300 cal BP, C- and N-MARS in all cores decrease to their low of 
15 and 5 mg/cm
2
/yr, respectively.  Concurrently, a general increase begins in the C/N 
ratios from ~8.5 to a maximum of 10.  Generally, throughout the Holocene, the C- and N-
MARS slowly increase (C-MARS from 15 to 60 and N-MARS from 5 to 10 mg/cm
2
/yr).  
At 4,000 cal BP, the C- and N-MARS are greater in the western portion of the lake (100 
and 13 mg/cm
2
/yr) than in the east (60 and 10 mg/cm
2
/yr).  The C/N ratio also fluctuates 
during the Holocene.  The increase in C/N ratios that began at 12,300 cal BP continues to 
shortly after 8,500 cal BP, at which time the C/N ratios then decrease to 7.5.  Lake-wide 
stabilization of C/N ratios to ~8.5 occurs after 6,000 cal BP.       
3.3.3 Bulk sediment organic matter carbon- and nitrogen-isotopic 
compositions 
Sediments ranging in age from 15,000 to 13,250 cal BP show different trends in δ13COM 
values across the lake (Fig. 3.9).  In the central and eastern basins of Lake Ontario, the 
δ13COM values average –27.3 and –27.7 ‰, respectively.  Concurrently, the δ
13
COM values 
in the western portion of the lake increase from –28.8 ‰ in the oldest sediments to –27.8 
‰ by 13,250 cal BP.  The paucity of samples limits statistical examination of carbon 
isotopic variation during this time interval.  Between 13,250 and 12,500 cal BP, the 
δ13COM values across the lake vary by <1‰ averaging –27.6 ‰ in Core 1334, –28.2‰ in 
Core 1335 and –28.3 ‰ in Core 1336.  A one-way ANOVA indicates no statistical 
differences among the δ13COM values across the lake (p-value=0.2).  A lake-wide 
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Figure 3.9.  Bulk sediment organic matter carbon isotope compositions Cores 1334, 1335 and 1336. 
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Figure 3.10. Bulk sediment organic matter nitrogen isotope compositions for Cores 1334, 1335 and 1336
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decrease in δ13COM values is observed at about 12,250 cal BP to about –29 ‰.  The 
δ13COM values then steadily increase (to –27.5 ‰) until the last recorded sample at 1,300 
cal BP.   
Total nitrogen isotopic compositions were measured only for sediments younger than 
12,500 cal BP (Fig. 3.10).  In general, there is little change in δ15NOM values from 12,500 
to 1,500 cal BP: Niagara basin (+3.5 to +4.7 ‰); Mississauga basin (+4.0 to +4.7 ‰), 
and Rochester basin (+3.3 to +4.5 ‰).   
3.4 Discussion 
3.4.1 Glacial sediments in Lake Ontario (16,000-12,300 cal BP) 
We use the δ13Costracode values (Fig. 3.5) here to assess the relative contributions of DIC 
entering the lake from different sources during glacial times.  Potential contributions to 
the overall lacustrine DIC pool during the last deglaciation of Lake Ontario are 
summarized in Figure 3.2.  At this time, the δ13C values of atmospheric CO2 were likely –
6.9 to –6.4 ‰ (Leuenberger et al., 1992; Schmitt et al., 2012).  If dissolved atmospheric 
CO2 was in equilibrium with water and it was the only contributor to the DIC pool, then 
δ13Costracode values should be ~ +6 ‰ (calculated using the fractionation factors for the 
carbonate system of an idealized lake at temperatures ranging from 5 to 25 °C; Mook et 
al., 1974; Meyers and Teranes, 2001) (Fig. 3.2).  However, the DIC pool of ancestral 
Lake Ontario is also affected by the dissolution of surrounding Paleozoic carbonate 
bedrock.  The δ13C values of Paleozoic carbonates in the region lie mostly between –1.6 
and +1.5 ‰ (Coniglio and Williams-Jones, 1992).  Ostracodes utilizing only DIC from 
this source would have a mean δ13C value of ~ +2 ‰.  In addition, Silliman et al. (1996) 
suggested that Lake Ontario δ13CDIC values could be affected by older recycled OM 
obtained from the glacial erosion of the carbonate bedrock; this source would decrease 
the δ13CDIC values.  Terrestrial OM also contributes to the lacustrine DIC pool.  Southern 
Ontario is dominated by C3 photosynthetic plants, which presently have δ
13
C values 
ranging from    –30 to –23 ‰ (Meyers and Teranes, 2001).  These values are lower than 
plants growing prior to the Industrial Revolution, because of the CO2 contribution from 
the burning of fossil fuels.  Hence, a so-called ‘Suess correction’ is needed to estimate the 
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δ13C values of ancient terrestrial OM preserved in Lake Ontario (Verburg, 2007).  
Assuming a Suess correction factor of +1.5 ‰, the expected range of δ13C values for 
ancient C3 plants shifts to –28.5 to –21.5 ‰.  OM transported to Lake Ontario from the 
periglacial environment via glacial processes – for example, Sphagnum mosses and other 
bog plants (δ13C values= –31 to –27 ‰; Hornibrook et al., 2000)  also could have 
contributed to lake OM.  Suess-corrected δ13C values for ancient mosses would shift to –
29.5 to –25.5 ‰.  DIC formed by oxidation of such OM would yield δ13Costracode values of 
~ –15 ‰ (assuming a temperature range of 5 to 25 °C).  Hyodo and Longstaffe (2011) 
have suggested that OM fixed to glacially transported soil clay minerals also comprises a 
significant fraction of the very low OM contents (<0.2 % carbon) in many Great Lakes 
glacial sediments.  However, such OM is likely to be very recalcitrant with respect to 
oxidation, and not a significant direct contributor to DIC.  
Perhaps the most important control on δ13CDIC variations in Lake Ontario and its 
precursors is the changing DIC contributions from its varied watershed over the lake’s 
history.  Watershed DIC varies with outlet control and source of origin.  The hydrologic 
budget (inputs and outputs) and water level history of Lake Ontario have been described 
by Anderson and Lewis (2012).  Understanding this dynamic hydrologic history of Lake 
Ontario allows us to control for certain factors affecting the lacustrine DIC pool, as is 
described below.   
At 16,000 cal BP, half of present-day Lake Ontario was ice-covered (Mackinaw 
interstadial).  Sediment deposition along the ice margin (Mississauga basin) would have 
been largely from subglacial flow, whereas in the western portion of the lake, ice-free 
deposition would have been controlled both by subglacial processes and input from 
glacial Lake Ypsilanti in the Erie basin (Fig. 3.11a).  The average δ13Costracode values for 
sediments older than 15,300 cal BP in Cores 1334 (–3.9 ‰) and 1335 (–5.7 ‰) (Fig. 3.5) 
likely indicate differences in DIC input sources.  There are two likely ways in which this 
spatial variability in δ13Costracode values could arise.  One possibility is that an increase in 
pelagic productivity caused the benthic carbon pool to become enriched in 
12
C as algal 
organic matter sank to the lake bottom and was oxidized (McKenzie, 1985).  A modern 
analog is provided by Lake Constance in the Swiss Alps; it is a monomictic lake 
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Figure 3.11. DEM overlain by the LIS margin and glacial lakes in the Great Lakes basin: 
(a) Mackinaw Interstadial from 16,000 to 15,300 cal BP.  Drainage of Lake Ypsilanti is 
indicated by the arrow; (b) Ice readvance from 15,300 to 14,500 cal BP. Lake Whittlesey 
drainage is indicated by the arrow. 
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Figure 3.11 (continued). DEM overlain by the LIS margin and glacial lakes in the Great 
Lakes basin: c) Rise of glacial Lake Iroquois from 14,500 to 13,000 cal BP.  Drainage 
into glacial Lake Iroquois from glacial Lake Algonquin is indicated by the arrow.  Water 
from Erie basin did not enter the Ontario basin at this time; (d) Fall of glacial Lake 
Iroquois and formation of early Lake Ontario from 13,000 to 12,500 cal BP.  Drainage 
into Lake Ontario occurred through both active outlets of glacial Lake Algonquin as 
indicated by the arrows.  Increased meltwater supply inhibited the marine invasion of the 
Champlain Sea into the Ontario basin.  Figures adapted from Lewis et al. (1994), Calkin 
and Feenstra (1985), Karrow (1989) and the National Oceanic and Atmospheric 
Administration data center website (http://ngdc.noaa.gov/mgg/dem/). 
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containing Pleistocene tills and meltwater deposits, with a maximum water depth of 254 
m.  The carbon productivity pump in Lake Constance leads to a decrease of 1.5 ‰ in 
bottom water δ13CDIC relative to source water δ
13
CDIC (Schwalb et al., 2013).  Such a 
productivity pump could account for the spatial variability in δ13Costracode values of 1.8 ‰ 
across the Ontario basin.  However, it is unlikely that increases in primary productivity 
were sufficient under glacial conditions to force such changes; organic carbon (<0.05 %) 
and nitrogen (<0.01 %) contents in the sediments are very low during this time period.   
Another way to account for the variability in δ13Costracode values is through differences 
among the sources of DIC entering the lake. Two such contributors to the DIC pool 
during this time period were: (i) water from the Erie basin, and (ii) meltwater delivered 
directly from the LIS.  During the period of glacial Lake Ypsilanti in the Erie basin 
(16,000-15,300 cal BP), water entered ancestral Lake Ontario when the glacial Lake 
Ypsilanti overflowed its outlet at the Fort Erie-Buffalo sill (Fig. 3.11a).  Water from this 
source likely had a different 13CDIC than meltwater entering the Ontario basin directly 
from the LIS.  Meltwater entering the Ontario basin from Erie basin would likely have 
contained a much greater fraction of DIC derived from Paleozoic bedrock (δ13C 0 ‰), 
thus giving rise to higher δ13Costracode values in the western portion of the lake.  Notably, 
the abundance of detrital carbonate is higher in Core 1334 (~30 %) than Core 1335 (~5 
%) for this time period (Chapter 2, this thesis).  
Meltwater delivered directly into the Ontario basin from the LIS at this time would have 
had different δ13CDIC values, reflecting a different mix of contributions to DIC.  In 
particular, glacial detritus originating directly from the LIS would have contained larger 
contributions of OM (vegetation, soils) derived from the aggressive denudation of the 
Canadian Shield by direct glacial action.  OM from this source would have a bulk carbon-
isotope composition of ~ –25 ‰, much like present Arctic permafrost, and be available 
for oxidation upon release from the LIS (Dutta et al., 2006).  The C-MARS data 
demonstrate a larger carbon influx into the Mississauga basin than the Niagara basin at 
this time, and clay mineral abundances, presumably of soil origin, are much higher (38 
%) in the former than the latter (19 %) (Chapter 2, this thesis).  Thus, this DIC pool 
88 
 
 
  
8
8
 
 
8
8
 
  
 
8
8
 
 
8
8
 
should yield lower δ13Costracode values than further to the west, assuming that Lake Ontario 
was not well mixed year-round at this time.  
After the Mackinaw interstadial (15,300-14,500 cal BP), the Ontario lobe of the LIS 
readvanced into the eastern Erie basin blocking any connection to the Ontario basin (Fig. 
3.11b).  The only source of DIC entering an ice-covered Ontario basin was through 
subglacial processes.  Primary productivity would have remained low and any algal 
growth would have had to occur largely under the advancing ice sheet for ~800 years.  In 
Core 1334 (Niagara basin), the δ13Costracode values remained similar to those of the 
Mackinaw interstadial at the same location (Fig. 3.5); this suggests entry of DIC from 
sub-glacial processes and perhaps connectivity to the Erie basin.  Eastward (Cores 1335 
and 1336), there is significant variability in δ13Costracode values over this time interval; the 
trend to lower δ13Costracode values likely reflects addition of DIC directly from the LIS via 
flowtill deposition.    
An ice dam remained at the present-day St. Lawrence River outlet from Lake Ontario 
upon the complete retreat of the LIS from the Ontario basin at 14,500 cal BP (Fig. 3.11c).  
The ice dam maintained glacial Lake Iroquois (~14,000 cal BP).  Outlet control was to 
the southeast, via Rome, NY, with drainage through the Mohawk River valley (Fig. 3.1).  
From 14,500 to 13,250 cal BP, input to glacial Lake Iroquois and its precursors was via 
the Fenelon Falls outlet from glacial Lake Algonquin; no water entered glacial Lake 
Iroquois via the Erie basin.  This meltwater input extended past glacial Lake Iroquois’ 
termination at 13,260 cal BP until ~13,000 cal BP.  Significant differences in the average 
δ13Costracode values existed across the lake at this time (Core 1334 = –3.6 ‰, Core 1335 = 
–4.8 ‰, Core 1336 = –6.0 ‰; Fig. 3.5), with variability over the interval increasing 
eastward (SD=0.4 ‰, 0.7 ‰ and 1.2 ‰, respectively).  The differences and variability in 
δ13Costracode values almost certainly reflect the varying influence of LIS and glacial Lake 
Algonquin input.  Clay deposition, which is a good marker for deposition directly from 
the LIS, was highest in the Rochester basin (closest to the inlet from glacial Lake 
Algonquin; Figs. 3.1 and 3.11c), whereas there is a step-wise decrease in relative clay 
abundance moving west (away from the inlet, the LIS and the sources of meltwater) 
(Chapter 2, this thesis).   
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Some of the differences in the δ13Costracode values could also arise from the timing of 
variable meltwater delivery to Lake Ontario during this interval (Chapter 2, this thesis).  
It is possible that, at times, meltwater originating from glacial Lake Algonquin breached 
the Oak Ridges Moraine, thus entering Lake Ontario at a more central location (Chapter 
2, this thesis).  If this is the case, some of the observed variability in the δ13Costracode values 
for Core 1335 could be attributed to the contribution of DIC from other sources such as 
meltwater pathways that connect present day Lake Scugog and Rice Lake to Lake 
Ontario.           
Following the last major inundation of meltwater from upstream glacial Lake Algonquin 
at 13,000 cal BP (Fig. 3.11d), as inferred from decreasing δ18Oostracode values (Chapter 2, 
this thesis), the connection between Lake Erie and early Lake Ontario was also re-
established, allowing uniform average δ13Costracode values (~ –4.1 ‰) to develop across 
the lake under presumably well-mixed conditions.  The DIC pool of early Lake Ontario at 
this time therefore largely reflected upstream sources – ancestral Lake Erie, Lake Simcoe 
and Lake Huron, all of which have similar δ13Costracode values (–4 ‰) (Lewis and 
Anderson, 1992; Bumstead et al., 2009; Macdonald, 2012).   
Variations in the C-MARS, N-MARS, C/N and δ13COM values in the glacial sediments 
provide complementary information to that inferred from δ13Costracode values and the 
information about DIC sources that they carry.  In the oldest sediments (>15,300 cal BP), 
the C-MARS for Cores 1334 and 1335 are nearly equal (also true for N-MARS) 
indicating that the OM flux to the lake was the same in its western and central portions.  
A small apparent difference in average C/N ratios between Core 1334 (8.4; n=1) and 
Core 1335 (7.2±0.7; SD, n=4) hints at a small difference in OM sources between these 
localities, as was also inferred for DIC based on δ13Costracode values.  The average δ
13
COM 
(–27.3 ‰; Core 1335 only) is not particularly diagnostic of OM source however, beyond 
being within the range characteristic of C3 terrestrial and lacustrine vegetation. 
The period of ice readvance at 15,300 to 14,500 cal BP may provide some insight into 
sources of OM in the lake.  Perhaps the biggest difference is the C- and N-MARS in Core 
1336 as compared to Cores 1334 and 1335 during this time interval.  The C- and N-
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MARS in the eastern portion of the lake are about three times higher (113, 17, 
respectively; Fig. 3.8) than in the central (44, 7, respectively; Fig. 3.7) and western 
portions (34, 5, respectively; Fig. 3.6).  Differences in the C/N ratios and δ13COM values 
across the lake are more subtle than apparent from the MARS.  The increased flux of 
OM, indicated by higher MARS in the east, reflects the advancing position of the LIS.  
Readvancing ice would have deposited the greatest fraction of its terrestrially derived 
detritus in the Rochester basin before expanding across the central and western portions 
of the lake.   
The source of the OM is more enigmatic.  Traditionally, C/N ratios of ~7.5, as measured 
here and for the older glacial sediments, would indicate OM arising from predominantly 
lacustrine algal productivity.  That scenario, however, seems unlikely under the glacial 
conditions that dominated this time period.  We suggest instead that most of the OM 
entering the lake was carried there sorbed on soil clay minerals.  Wang et al. (2013) have 
shown that mineral (clay)-bound organic matter typically has a C/N of ~9 and that this 
ratio decreases as it is transformed into more stable residues.  It follows that if the 
dominant source of OM entering ancestral Lake Ontario was bound to clay minerals then 
Core 1336 should have the highest clay mineral abundance at this time, which is the case 
(up to 33% versus 13% in the west) (Chapter 2, this thesis).  We posit that the C/N ratio 
must be used with caution as a lacustrine paleoproductivity indicator in such glacial 
environments. 
LIS retreat at 14,500 cal BP allowed glacial Lake Algonquin to flow directly into glacial 
Lake Iroquois.  With the outlet at Port Huron inactive until 13,000 cal BP, water used the 
Fenelon Falls outlet to travel to glacial Lake Iroquois, and exited from the lake through 
the Mohawk River valley in the southeast (Chapter 2, this thesis).  C- and N-MARS are 
highest in the eastern portion of the lake, consistent with the Fenelon Falls flow path.  
Some variation exists in the average C/N ratios (8.0, 7.1, 7.3) and average δ13COM (–28.2, 
–27.5, –27.6 ‰) from west to east among the three cores, but the differences cannot be 
tested for statistical significance because of low sample size.  
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Upon the termination of glacial Lake Iroquois and its successors at 13,000 cal BP, early 
Lake Ontario was established; it was confluent with the neighbouring Champlain Sea 
shortly thereafter (12,900 cal BP) (Fig. 3.1).  Re-activation of the Port Huron outlet at 
~13,000 cal BP allowed glacial Lake Algonquin to flow into early Lake Ontario from 
both the Fenelon Falls and Port Huron outlets.  Higher C- and N-MARS in Cores 1334 
and 1335 indicate increased OM deposition in the western and central portions of the lake 
(Figs. 3.6, 3.7).  The still higher C- and N-MARS in Core 1336 (Fig. 3.8), however, 
indicate that most detritus entered the lake via the Fenelon Falls pathway.  Once 
connectivity to early Lake Erie was established, a gradient appears in δ13COM from –27.5 
‰ in the west to –28.5 ‰ in the east (Fig. 3.9).  The values in the eastern portion of the 
lake compare well with those reported by Silliman et al. (1996).  This pattern is 
accompanied by an increase in carbonate and a decrease in clay abundances in all three 
cores.  This change in δ13COM is consistent with the shift in δ
13
CDIC described above for 
the same period.  It is also interesting to note that the C/N ratios of the Niagara and 
Rochester basin are virtually the same (7.2), whereas in the central portion of the lake the 
C/N ratio is higher (8.0), perhaps owing to variable meltwater delivery across the Oak 
Ridges Moraine to a central locality as posited above.   
3.4.2 Lake Ontario hydrologic closure (12,300-8,300 cal BP) 
The period of hydrologic closure beginning at 12,300 cal BP provides a unique 
opportunity to assess δ13Costracode and δ
13
COM values as measures of primary lacustrine 
productivity in Lake Ontario.  The emergence of Pisidium sp. clams was a clear response 
to the change in the environmental setting; their initial co-existence with C. 
subtriangulata and similar δ13C values likely reflected a nearly uniform δ13CDIC pool in 
the spring and summer.  The subsequent divergence between clam and ostracode δ13C 
values – Pisidium sp. clams trending towards +1 ‰ and C. subtriangulata towards –6 ‰ 
– is more challenging to explain (Fig. 3.5).  One possibility is a difference in the growth 
patterns of the organisms, in association with differences in the spring versus summer 
DIC pools.  Clam shells form continuously throughout life but growth is most rapid 
during the spring season (von Grafenstein et al., 1999), and hence δ13Cclam should largely 
reflect the spring DIC pool.  Conversely, ostracodes molt new carapaces in the summer, 
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offering a snapshot of the summer DIC pool (Boomer, 2002).  We posit that the 
divergence in δ13C values between the bottom-water dwelling clam shells and ostracode 
valves could indicate onset of warm monomictic conditions.  During winter overturn, 
lake water enriched in 
13
CDIC and 
18
OH2O by the biological pump and evaporation would 
be mixed with lower 
13
CDIC and 
18
OH2O bottom waters.  These signals would be 
transferred to clam shells during spring growth.  Re-development of stratification by 
summer would again lead to lower bottom-water δ13CDIC and δ
18
OH2O relative to surface 
water, with this signal being transferred to ostracode valves.    
The progressively stronger divergence in δ13C values from 12,500 to 11,000 cal BP 
between clam shells and ostracode valves in the Mississauga basin (Core 1335) versus 
the Niagara basin (Core 1334) may be related to the formers’s greater depth (presently 
191.5 m versus 110.3 m); deeper water environments are more likely to facilitate 
pronounced stratification and hence isotopic differentiation between clams and 
ostracodes.  Progressive warming in southern Ontario and lowering of lake levels during 
hydrologic closure would also have contributed to these processes.  Notably, the 
ostracode record in Core 1334 effectively disappeared at 11,000 cal BP when conditions 
in the shallowest Lake Ontario basin became unfavourable (too warm, salinity too high) 
for growth of C. subtriangulata.  The deep Rochester basin (presently 221.5 m) shows a 
similar divergence between clam and C. subtriangulata δ13C values as in Core 1335.  
Higher in the section, towards the end of the period of hydrologic closure, a second 
species of ostracode, F. caudata, also commonly demonstrates enrichment in 
13
C relative 
to C. subtriangulata, albeit to a lesser extent than the clams (Fig. 3.5).  We attribute this 
difference to somewhat different moulting cycles for the two ostracodes as well as 
position of growth in the water column (i.e., growth of F. caudata in shallower water).  
The variations in C-MARs, N-MARs, C/N ratios and δ13COM values also convey 
important information concerning primary lacustrine productivity during the hydrologic 
closure of Lake Ontario.  OC input, once derived almost solely from glacial processes, is 
now more strongly influenced by autochthonous production.  Lower sedimentation rates 
in Lake Ontario during post-glacial periods are reflected in a sharp decrease in the C- and 
N-MARS (Figs. 3.6-3.8).  There is also a sharp initial lowering in δ13COM to values as 
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low as –29.5 ‰, which is attributed to the first significant production of lacustrine algae.  
These rapid responses emphasize the sensitivity of Lake Ontario to changes in hydrologic 
regime.  Throughout the period of hydrologic closure, until 8,300 cal BP, the δ13COM 
values steadily increase across the basin to a maximum of –27.5 ‰.  This 13C-enrichment 
is likely productivity-related, reflecting increased competition for 
12
C by a progressively 
increasing lacustrine biomass.   
During hydrologic closure, C/N ratios gradually increase upwards from ratios of 7-8 that 
typify the underlying glacial sediments to progressively higher values of ~8 to 10.  The 
C/N ratios measured by Silliman et al. (1996) for the Rochester basin also increase over 
this time period, but from values as low as  4 to as high as 8.  Why C/N ratios as low as 4 
were not observed in the present study is unclear, but is likely related to differences 
between the coring sites.  This suggests some heterogeneity in the OM record.  As 
reviewed earlier, C/N values of 4-10 are normally associated with lacustrine algal matter, 
and almost certainly reflect a significant contribution from this source during hydrologic 
closure.  Silliman et al. (1996) note that the bulk of the OM originated from lacustrine 
algae, but also interpret the upward increasing C/N ratios to signify a modest increase in 
terrestrial OM contribution.  However, as previously discussed, we suggest that the C/N 
ratios (7-8) of the glacial sediments originated in some other fashion, and are not 
diagnostic of lacustrine algal production.  Therefore, in the case of Core 1336, we suggest 
that the modest upward trend in C/N ratios during transition from glacial sedimentation to 
hydrologic closure (Figs. 3.6-3.9) reflects a decreasing contribution of allochthonous 
organic matter of glacial, terrestrial origin having 'anomalous' C/N ratios coupled with an 
increase in autochthonous algal production and perhaps also additional 'normal' terrestrial 
OM.           
The δ15NOM values show little variation across Lake Ontario during this time period 
(average +4.3±0.2 ‰; SD, n=9).  There are no systematic changes that might be 
attributed to major changes in OM sources, or nitrogen limitation of productivity during 
hydrologic closure of Lake Ontario.  Pang and Nriagu (1976) showed that modern 
sediments in areas of Lake Ontario receiving larger proportions of terrestrial OM have 
lower δ15NOM values (+3.7 ‰) than areas with higher aquatic OM (+4.9 ‰).  Assuming 
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similar compositions for the period of hydrologic closure, such δ15NOM values would 
indicate relatively equal proportions of terrestrial and aquatic OM input into Lake 
Ontario.  McFadden et al. (2005) reported similar findings (δ15NOM ~+4.0 ‰ and C/N 
ratios of ~10), which indicate a mixture of terrestrial and aquatic OM sources. 
3.4.3 Overflow conditions (8,300-1,000 cal BP) 
At 8,300 cal BP, the climate in southern Ontario shifted from cold and dry, to warm and 
dry (Anderson and Lewis, 2012).  This change was accompanied by an increase in annual 
precipitation, which caused Lake Ontario to overflow its outlet (Anderson and Lewis, 
2012).  During this period, δ13Costracode and δ
13
Cclam values continued to reflect differing 
summer and spring DIC pools, which persisted until the biogenic carbonate record 
disappeared at ~4,500 (Core 1334) and 6,000 cal BP (Cores 1335 and 1336) because of 
conditions favouring biogenic carbonate dissolution during the Nipissing rise (Fig. 3.5).   
The gradual increase in δ13COM values over this time period (Fig. 3.9) is likely a signal of 
increasing terrestrial OM input.  The pre-existing shoreline of Lake Ontario would have 
been drowned by the gradual increase in water level and this, coupled with increased 
runoff from precipitation, would increase terrestrial OM contributions to Lake Ontario.  
A similar trend in δ13COM values was observed by McFadden et al. (2005) and attributed 
to the same causes.  The small and gradual increases in C- and N-MARS also support this 
observation.  However, C/N ratios over this time period measured in the present study 
generally remain stable or show a small decrease.  This result contrasts with the large 
increase in C/N ratios observed by McFadden et al. (2005).  The stable (or small 
decrease) in C/N ratios observed in this study may indicate that increasing amounts of 
terrestrial OM are counterbalanced by an overwhelming supply of lacustrine algae, as 
observed by Silliman et al. (1996).  During this time period, there is no evidence for a 
significant contribution of terrestrially derived carbon with anomalous C/N ratios, such as 
that associated with soil clays.   
As noted earlier for the period of hydrologic closure, there is little change in the δ15NOM 
values throughout this time interval (Fig. 3.10).  There is little difference in average 
δ15NOM values from west to east across Lake Ontario (Core 1334: +3.8±0.1 ‰, n=5; Core 
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1335: +4.3±0.2 ‰, n=5; Core 1336: +4.1±0.3 ‰, n=3).  McFadden et al. (2005) also 
observed minimal changes in the δ15NOM values (<1 ‰) during this interval.    
3.4.4 Overview: Source versus productivity and environmental conditions 
in Lake Ontario 
During glacial periods, changes in OM source inputs (i.e., directly from the LIS or from 
up-stream glacial Lake Algonquin and ancient Lake Erie), controlled the DIC pool in 
ancestral Lake Ontario.  Cold/dry conditions in southern Ontario, coupled with the retreat 
of the LIS, limited primary productivity in the Ontario basin.  Primary production ceased 
in the subglacial lake during the Port Huron advance.  Still, small amounts of OM were 
delivered to the lake sediments from the LIS.  Increased contributions of glacial 
meltwater from glacial Lake Algonquin during the latter stages of deglaciation in the area 
provided a consistent and steady supply of DIC not only to ancestral Lake Ontario but 
also to the lakes then occupying the Huron and Erie basins.  This regional influence of 
the LIS on the Great Lakes system allowed for a ‘stabilization’ of the DIC pool by large 
volumes of glacial meltwater gathered upstream.  During glacial periods, OM entering 
the lake may have been associated with (soil?) clay minerals.  
It was not until hydrologic closure of early Lake Ontario at the onset of post-glacial 
conditions that unambiguous changes in primary lacustrine productivity could be 
detected.  In the benthic environment, differences between the summer and spring DIC 
pools appear to be recorded in the δ13Costracode and δ
13
Cclam values of their valves/shells.  
This seasonal pattern likely reflects the timing of lake thermal stratification (Hodell and 
Schelske, 1998).  Increases in δ13COM values during post-glacial times generally support 
an increase in primary lacustrine productivity, although this signal may also reflect an 
increase in the terrestrial OM contribution associated with the onset of warmer conditions 
in the Ontario basin at 8,300 cal BP. 
3.5 Conclusions 
In the Ontario basin, competition between direct meltwater inflow from the LIS and 
inflow from upstream large accumulations of ponded glacial meltwater (e.g., Lake 
Agassiz, ancestral Lake Superior, Lake Algonquin, etc.) were the main controls on DIC 
96 
 
 
  
9
6
 
 
9
6
 
  
 
9
6
 
 
9
6
 
and hence the δ13C values of ostracode valves.  When significant quantities of upstream 
DIC was available to the benthic environment, δ13Costracode values were higher than when 
the DIC pool was controlled more directly by the advancing/retreating LIS.  Meltwater 
directly derived from the LIS appears to have had more negative δ13CDIC values reflecting 
a greater contribution of oxidized organic matter, whereas water received from the Erie 
basin had higher δ13CDIC values, likely arising from greater contributions of inorganic 
carbonate bedrock.  Individual basins within Lake Ontario preserved somewhat unique 
δ13Costracode values until the last significant input glacial meltwater occurred from ~13,000 
to 12,500 cal BP.  At that time, a consistent benthic DIC pool was established across all 
of ancestral Lake Ontario.  
The low C/N ratios of OM preserved in the glacial sediments are not a reliable proxy for 
algal productivity in Lake Ontario, and instead are more likely the signature of 
autochthonous material delivered by glaciation.  Upon hydrologic closure of Lake 
Ontario at 12,300 cal BP, however, the initial increase in C/N marks a transition from 
atypical ratios of allochthonous OM imported during glacial times to ratios representative 
of lacustrine algal productivity in post-glacial times.  The abrupt shift to low δ13COM 
values upon hydrologic closure, followed by a gradual enrichment in 
13
C, is also a pattern 
expected for increasing primary lacustrine productivity.  Rising lacustrine productivity 
and biodiversity is also signaled by the emergence of clams.  Furthermore, comparison of 
clam and ostracode δ13C values suggests a significant difference between summer and 
spring DIC pools arising from the timing of thermal stratification associated with onset of 
warm monomictic conditions.  
Changing environmental conditions from cold/dry to warm/dry to warm/wet in southern 
Ontario brought hydrologic closure to an end in Lake Ontario and it returned to overflow 
conditions.  C/N ratios and slowly rising δ13COM values generally support increasing 
primary lacustrine productivity during this time.  Onset of warmer conditions at 8,300 cal 
BP, with associated rising water levels and drowning of Lake Ontario shorelines, may 
also have led to increased contribution of terrestrial OM to Lake Ontario sediments.  
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Chapter 4 
4 n-Alkane evidence for the origin of organic matter in Lake 
Ontario since the Late Pleistocene 
4.1 Introduction 
Organic matter (OM) preserved in lake sediments comprises a complex mixture of 
watershed detritus (allocthonous) and in-lake (autocthonous) productivity.  As such, 
differentiating between source changes and changes in primary productivity in lake 
sediment archives can prove challenging (Silliman et al., 1996; McFadden et al., 2004; 
2005; Hyodo and Longstaffe, 2011; Chapter 3, this thesis).  In this regard, the lipid 
fraction of OM, specifically n-alkanes, which are typically well preserved in lake 
sediments (Meyers, 1997), can record many aspects of OM depositional history, and lend 
insight into both sources of organic detritus and changes in primary terrestrial and 
lacustrine productivity (Meyers and Ishiwatari, 1993; Brincat et al., 2000).  
Previous studies of the Rochester basin in Lake Ontario have attempted to link the OM 
depositional history to changing environmental conditions since deglaciation.  Silliman et 
al. (1996) used grain size, C/N ratios, bulk OM carbon-isotope compositions and 
abundances of n-alkanes to examine OM accumulation since the retreat of the Laurentide 
Ice Sheet (LIS).  They determined that fine-grained sediments deposited during glacial 
periods represented a blend of contemporaneous OM and much older recycled OM 
obtained from the glacial erosion of the surrounding Paleozoic bedrock (Silliman et al., 
1996).  As the LIS retreated, Silliman et al. (1996) attributed the increasing grain size, 
C/N ratios and δ13COM values of postglacial sediments to increased delivery of terrestrial 
OM to Lake Ontario under warmer and wetter conditions; the progressive increase in 
terrestrial/aquatic n-alkane ratios also hinted at changes in watershed vegetation and 
subsequent delivery of terrestrial OM to Lake Ontario.  
McFadden et al. (2004) and (2005) used a multi-proxy study (C/N ratios, abundances of 
carbon and nitrogen, δ13COM values among others) of Rochester basin sediments to 
characterize regional climate since 10,000 cal BP.  The start of Holocene warming at 
~9,400 cal BP was demarcated by increases in C/N ratios, %C, %N and δ13COM values.  
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McFadden et al. (2004) and (2005) linked these changes to Holocene Thermal Maximum 
(HTM) warming (9,400 to 5,300 cal BP), during which southern Ontario summer 
temperatures were ~2-4 °C higher than today.  They also linked this warmest and wettest 
period in Lake Ontario’s history to increased terrestrial OM input, as indicated by higher 
C/N ratios and increases in % total carbon.  Beginning at 5,300 cal BP, McFadden et al. 
(2004) and (2005) noted decreases in sedimentation rates, terrestrial OM input and lower 
C/N ratios, which they associated with a gradual cooling, a trend also observed by 
Silliman et al. (1996).  These changes were interpreted to denote establishment of a 
cooler, more stable climate in southern Ontario following the HTM.                          
In this study, we build upon the previous work in Lake Ontario’s Rochester basin 
sediments by providing a combined n-alkane abundance and carbon-isotope record 
extending to ~15,000 cal BP.  We use this record, together with other proxy data (Chapter 
3, this thesis), to examine in more detail the relative contributions of autochthonous and 
allocthonous OM to Lake Ontario sediments as the region responded to environmental 
changes during and since the last deglaciation.  In particular, we use the variation in the 
abundances and δ13C values of n-alkanes over time to reconstruct terrestrial vegetation 
shifts, changing inputs of terrestrial OM to the lake, and changes in lacustrine algae 
productivity.  A stronger understanding of allochthonous and autochthonous OM 
production and delivery in the Lake Ontario basin while the LIS was present and 
following its retreat will aid the interpretation of regional ecological changes during this 
dynamic time, and provide a historical baseline for future vegetation responses to 
changing climatic conditions. 
4.1.1 Geological history of Lake Ontario 
A detailed late Quaternary history of the Lake Ontario basin is provided in Chapters 1 
and 2 (this thesis).  Briefly, ancestral Lake Ontario was largely ice free at ~14,500 cal BP.  
Blocked by the LIS at the St. Lawrence valley, water levels rose in the Lake Ontario 
basin, forming glacial Lake Iroquois from 14,500 to 13,250 cal BP.  Cold and dry 
conditions characterized southern Ontario during the glacial period (Anderson and Lewis, 
2012).  Continual northward retreat of the LIS then opened an outlet at the St. Lawrence 
River, causing drainage of glacial Lake Iroquois.  Early Lake Ontario then became 
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hydrologic closed from 12,300 to 8,300 cal BP when upper Great Lakes drainage was 
routed through the newly opened North Bay outlet (Anderson and Lewis, 2012).  
Hydrologic closure of Lake Ontario coincided with the period of maximum dryness 
(10,100 to 8,900 cal BP) in southern Ontario, which enhanced evaporative loss from the 
lake (Anderson and Lewis, 2012).  Increased precipitation beginning at ~8,300 cal BP 
caused Lake Ontario to overflow its outlet at the eastern end of the lake, thus ending 
hydrologic closure (Anderson and Lewis, 2012).  Lake levels then steadily rose over the 
centuries until connectivity to the upper Great Lakes was re-established from ~6,300 to 
5,200 cal BP during the Nipissing rise (Anderson and Lewis, 2012).  The climate 
transitioned from warm/dry to warm/wet beginning at ~6,800 cal BP, which also 
contributed to higher water levels in Lake Ontario (Edwards et al., 1996).         
4.1.2 n-Alkanes 
Eglinton and Hamilton (1967) provide an excellent description of the biosynthesis of n-
alkanes in plants.  Briefly, biosynthesis of n-alkanes begins with a precursor molecule, 
palmitic acid, which is a C16 n-alkanoic acid.  The palmitic acid is progressively 
elongated by addition of two carbon atoms to form a longer chain n-acid.  This long chain 
n-acid, for example C30 acid, is decarboxylated (loss of carboxyl group, R-COOH) to 
yield an odd-chain n-alkane (C29).  The strong odd over even predominance of primary n-
alkanes in plants reflects this primary process.  Furthermore, bacterial reworking or 
diagenetic alteration of OM can be identified by diminishment or disappearance of odd-
dominated n-alkanes in the sediment record (Meyers and Ishiwatari, 1993).  
The n-alkane fraction contains the most abundant lipid molecules biosynthesized by 
terrestrial and aquatic plants, and certain algae (Chikarashi and Naraoka, 2003).  Lipid 
molecules assist the plant leaf in controlling water balance and mechanical damage, 
inhibiting pests and protecting against harmful radiation (Eglinton and Hamilton, 1963).  
The production of n-alkanes of specific length also makes it possible to distinguish 
among terrestrial and aquatic plants, and algae in the lake sediment record.  The relative 
abundances of various n-alkanes in a plant family or genus are not consistent but appear 
to be fairly consistent at the species level (Smith et al., 2007).  Of most importance to 
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paleoenvironmental applications is that n-alkanes in the fossil record typically preserve 
the original signal of the living species (Meyers and Ishiwatari, 1993).  
The n-alkanes produced by terrestrial, higher plant species are characterized by a strong 
odd predominance of long-chain (C25 to C35) lengths (Eglinton and Hamilton, 1967; 
Rieley et al., 1991).  Tundra-type vegetation (e.g., grasses and herbs) is dominated by C31 
n-alkanes, whereas boreal forest vegetation (e.g., birch) is characterized by elevated 
abundances of C27 n-alkanes (Cranwell, 1973; Schwark et al., 2002).  The shift from 
boreal to pine-dominated forests is accompanied by increased abundances of C29 and C31 
n-alkanes; transition to a deciduous forest is marked by C29 dominance (Schwark et al., 
2002).  Other long-chain n-alkanes, such as C33 and C35, are also produced by terrestrial 
vegetation but are usually low in abundance (Maffei et al., 2004).  
Aquatic plants, such as macrophytes, are characterized by n-alkanes ranging from C21 to 
C25 and in some cases C29 and C31 (Ficken et al., 2000; Sachse et al., 2004).  The 
complicated nature of n-alkane distributions observed in macrophyte species reflects the 
varying environments they inhabit.  Macrophytes can be classified as emergent, 
submergent or floating.  Emergent macrophytes have similar n-alkane distributions as 
terrestrial plants, maximising at C29 or C31 (Ficken et al., 2000).  Submergent and floating 
macrophyte species maximise at C23 and to a lesser extent C25, with some exceptions 
outlined by Ficken et al. (2000).  Complexity also arises when categorizing the n-alkane 
C25.  Contributions of C25 to the sediment record can be associated with increases in 
terrestrial OM, Sphagnum mosses and/or macrophytes.  Hence, care must be taken when 
linking changes in abundances and carbon-isotope compositions of C25 n-alkanes to 
environmental parameters.          
Further complexity arises in interpreting the n-alkane record from lakes, especially during 
glacial periods, because of the overlapping n-alkane patterns of moss and macrophyte 
species.  Bog-forming vegetation, such as Sphagnum mosses, generally contains high 
abundances of C23 and to a lesser extent C25 and C31 (Bingham et al., 2010).  The 
predominance of relatively shorter-chain n-alkanes in higher plants is an unusual property 
(Eglinton and Hamilton, 1967).  The ability to distinguish between n-alkane signatures of 
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macrophytes and moss species is crucial in interpreting the source(s) of OM delivered to 
Lake Ontario under glacial conditions.                            
Short-chain n-alkanes (C17, C19, C21) are produced by aquatic algae (Gelpi et al., 1970; 
Han and Calvin, 1970; Cranwell et al., 1987).  While algal lipid matter is preferentially 
degraded during the sinking of particulate OM because of the freshness of the material 
(Meyers, 1997), the presence of short-chain n-alkanes is generally reliable as an indicator 
of aquatic algal growth (Sachse et al., 2004).  While shorter chain algal n-alkanes are 
more susceptible to degradation than their longer-chain counterparts, rapid sinking and 
lateral transport improves preservation of algal OM in deep, off-shore environments such 
as Lake Ontario’s Rochester basin (Meyers and Eadie, 1993).         
The carbon isotopic compositions of n-alkanes (δ13Cn-alkane) can also serve as an indicator 
of source inputs, productivity and environmental conditions.  Values of δ13Cn-alkane 
depend on: (i) the carbon source utilized, (ii) isotope effects associated with assimilation 
of carbon by the plant, (iii) isotope effects associated with biosynthesis, and (iv) cellular 
carbon budgets (Hayes, 1993).  Plant water-use efficiency is a related and important 
physiological factor that can affect δ13Cn-alkane values (Sun et al., 2013).  Likewise, 
negative correlations have been reported between water availability (amount of 
precipitation) and the δ13Cn-alkane values (Stevenson et al., 2005; Sun et al., 2013).  
First and foremost, the δ13Cn-alkane values of land plants track the carbon-isotope 
composition of atmospheric CO2, as fractionated by the various photosynthetic pathways 
of different plant classes (C3, C4 and CAM) (Chikaraishi and Naraoka, 2007).  Small 
increases in δ13Cn-alkane values can arise from increases in terrestrial production because of 
competition related availability of 
12
C.  In C3 plants, larger increases in δ
13
Cn-alkane values 
are likely associated with water availability.  During periods of water stress, diffusion of 
CO2 into the leaf is limited because of stomatal closure (Farquhar et al., 1989).  In this 
case, the overall CO2 uptake rate is limited by the initial diffusion process (associated 
with a fractionation of –4 ‰) and the internal CO2 concentration is low (O’Leary, 1993).  
During stomatal closure, the leaf acts as a closed system and all of the available CO2 is 
used, and thus the carboxylation isotope fractionation (–29 ‰) is not expressed (O’Leary, 
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1993).  The C3 plant in this scenario should approach higher δ
13C values (O’Leary, 1993).  
In terrestrial environments, relative changes in δ13Cn-alkane values may hence be driven in 
part by shifts between more arid and more humid climatic conditions.  In aquatic systems, 
the carbon cycle and the carbon sources available for algal assimilation are more complex 
(see Chapter 3, this thesis).  Nonetheless, changes in algae δ13Cn-alkane values provide a 
useful signal of changes in productivity or sources of carbon in the lake. 
4.2 Materials and methods 
Core 1336 was collected from the Rochester Basin in Lake Ontario on July 16, 2008 by 
the captain and crew of the Canadian Coast Guard Ship (CCGS) Limnos (Fig. 4.1).  The 
cores were cut into ~1 m sections onboard and stored in a refrigerator prior to delivery to 
the University of Rhode Island, where they were halved longitudinally and visible 
characteristics (colour, consistency, grain size, sedimentary structures including 
laminations) noted (see Appendix I).  Sediment colour was described using the Munsell 
Soil Colour Charts and notation (2000).  The cores were then shipped to the University of 
Western Ontario where they continue to be stored at 4°C. 
Total lipid extracts (TLEs) for 18 samples from Core 1336 were obtained from 15 g of 
freeze-dried, powdered and sieved sediment intervals.  Soxhlet extraction was performed 
in the Laboratory for Stable Isotope Science (LSIS) at the University of Western Ontario 
(London, Ontario, Canada) for 24 hours with a 2:1 (v/v) mixture of dichloromethane 
(DCM) and methanol (MeOH).  TLEs were treated with activated copper for 24 hours in 
order to remove elemental sulphur.  After rotary-evaporation, 20 μL of an internal 
standard made from 5α-androstane and 2-hexadecanol was added.  Liquid to liquid 
chromatography was performed using a disposable glass pipette packed with 4 cm (in 
height) of silica.  The hydrocarbon fractions were eluded using 3 mL of hexane, whereas 
the alcohol fractions were eluded using 5 mL of DCM followed by 3 mL of DCM:MeOH 
(1:1, v/v) and the most polar fractions were collected using 3 mL of MeOH.  The alcohol 
and most polar fractions were retained for future analysis.
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Figure 4.1.  Digital elevations model (DEM) of Lake Ontario region showing the location of sediment piston Core 1336 obtained by 
the CCGS Limnos in July 2008: 43 30’ 28” N and 76 53’ 07” W; water depth, 221.5 m; core length, 18.41 m.  Figure modified from 
the National Oceanic and Atmospheric Administration data center website (http://ngdc.noaa.gov/mgg/dem/). 
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Gas chromatography (GC) was performed in the Workentin Laboratory in the 
Department of Chemistry at the University of Western Ontario (London, Ontario, 
Canada) using an Aglient 6890N GC fitted with a DB5-MS (30 m x 0.25 mm, film 
thickness 0.25 μm) capillary column and a flame ionisation detector (FID).  Helium was 
used as a carrier gas. The GC temperature program used was 70 to 130°C at 10°C/min 
followed by 130 to 300°C at 40°C/min with a 15 minute hold.  GC-mass spectrometry 
(MS) was performed in the CFI-Common laboratory in the Department of Chemical and 
Biochemical Engineering at the University of Western Ontario (London, Ontario, 
Canada) using an Aglient 7890A GC-MS fitted with a mass selective detector (model 
5975C) with the same column and operated using the same temperature program as the 
Aglient 6890N GC. The instrument was operated over a scan range of m/z 50-550 amu 
with an ionization energy of 70 eV.  Identification of n-alkanes was made by comparison 
of retention times and spectra reported in the literature for the conditions used here.  
Quantification of n-alkane abundances was performed by integration of peak areas 
relative to the internal standard (5α-androstane).  The GC and GC-MS data were acquired 
and edited using Chemstation software.      
The carbon-isotope results are presented using the conventional δ-notation: 
δ13C = [(Rsample –Rstandard)-1] (in ‰) 
where Rsample and Rstandard = 
13
C/
12
C in the sample and standard, respectively.  All δ-values 
are reported relative to VPDB.  The δ13Cn-alkane values were determined in LSIS using an 
Aligent 6890N GC/C coupled to a Thermo Finnigan DeltaPlus XL stable-isotope-ratio-
mass-spectrometer (IRMS) running ISODAT (version 3.0).  All δ13C n-alkane values 
reported here are averages of two or more measurements (Appendix VII).  The same 
column type and temperature program as described above was also used for these 
analyses.  For n-alkane identification, the chromatograms for 1-2 μL of sample dissolved 
in hexane were compared to the GC-MS results described above.  Instrument 
performance was monitored daily and the calibration of the sample results was achieved 
using a C16 to C30 n-alkane standard known as ‘Mixture A’ (prepared by A. 
Schimmelmann) with known isotopic compositions acquired from Indiana University, 
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USA.  The difference (SD) between offline carbon-isotope compositions (obtained from 
Indiana University) and online values measured in this study ranged from 0.01 to 0.20 ‰ 
(n=8).  Accuracy was assessed by comparing the measured offline carbon isotopic 
composition of a co-injected 5α-androstane standard (–31.66 ±0.16 ‰; SD, n=7) to the 
measured online results (–31.20 ±0.14 ‰; SD, n=8).  
As described in Chapter 2 of this thesis, the age-depth model of Core 1336 (Fig. 4.2) is 
anchored using an accelerator mass spectrometer (AMS) radiocarbon date (University of 
Arizona, Tuscon, AZ) of 9,397±56 years (10,619 cal BP using INTCAL09; Reimer et al., 
2009) for a terrestrial macro-fossil (wood) obtained at a depth of 420-430 cm.  Additional 
information from previous studies of Lake Ontario sediments were also used to construct 
the age-depth model, including pollen stratigraphy (Carmichael et al., 1990; McAndrews, 
1994; Pippert et al., 1996), seismic stratigraphy (Hutchinson et al., 1993), magnetic 
properties (Carmichael et al., 1990) and radiocarbon dates (Silliman et al., 1996; 
Anderson and Lewis, 2012).  These data were combined to produce a non-Bayesian, 
linear interpolated age-depth model using the computer program CLAM (Blaauw, 2010). 
4.3 Results 
The n-alkanes identified throughout the sediment record have carbon chain lengths 
ranging from C17 to C35 (Table 4.1).  The amount of C35 n-alkanes was too small for 
isotopic analysis and is not considered further.  Subordinate amounts of even-numbered 
n-alkanes were also observed in the GC-MS spectra, but are not considered further 
(Appendix VIII, Fig. 4.3).  
Average n-alkane chain length (ACL) was calculated as follows:  
ACL= (ΣCn•n)/ (ΣCn) 
where Cn is the concentration of n-alkane containing n carbon atoms (Fig. 4.4a) 
(Chikaraishi and Naraoka, 2003).  The terrigenous to aquatic (TAR) n-alkane ratio (Fig. 
4.4b) was adapted from Silliman et al. (1996) as follows:  
TAR= (C27+C29+C31)/(C17+C19+C21)
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Figure 4.2. Non-Bayesian, linear interpolated age-depth model for Core 1336 produced 
by CLAM (Blaauw, 2010).  The radiocarbon date was converted to calibrated ages by 
CLAM using INTCAL09 (Reimer et al., 2009).   Results from previous studies of Lake 
Ontario were also used to establish chronology (Schroeder and Bada 1978; Anderson and 
Lewis, 2012; Carmichael et al., 1990; Hutchinson et al., 1993; McAndrews, 1994; Pippert 
et al., 1996; Silliman et al., 1996). 
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Table 4.1. Abundances of n-alkanes in Lake Ontario Core 1336, reported in absolute (μg/g) and relative abundances (%) (C35 is 
omitted) by depth (meters) and age (calibrated years BP).  Bold and italicized values represent the highest n-alkane abundance for a 
given sample. 
Depth 
(m) 
Age 
(cal BP) 
Abundance 
C17 
(μg/g)   (%) 
 
C19 
(μg/g)   (%) 
C21 
(μg/g) (%) 
C23 
(μg/g)   (%) 
C25 
(μg/g)   (%) 
C27 
(μg/g)   (%) 
 
C29 
(μg/g)  (%) 
C31 
(μg/g)   (%) 
C33 
(μg/g)   (%) 
C35 
(μg/g) 
0.515 3583 0.52 16 0.33 10 0.38 12 0.34 11 0.31 10 0.35 11 0.47 15 0.36 11 0.13 4 0.08 
1.38 5289 0.23 8 0.32 12 0.36 13 0.31 11 0.29 11 0.35 13 0.42 15 0.34 12 0.14 5 0.07 
1.91 6294 0.25 8 0.51 16 0.34 11 0.34 11 0.28 9 0.36 12 0.47 15 0.38 12 0.23 7 0.05 
2.315 7033 0.13 4 0.18 5 0.30 9 0.41 12 0.39 11 1.02 29 0.52 15 0.38 11 0.14 4 0.05 
2.715 7773 0.18 6 0.22 7 0.35 11 0.44 14 0.34 10 0.42 13 0.63 20 0.45 14 0.19 6 0.06 
3.105 8512 0.26 10 0.25 10 0.30 12 0.37 15 0.26 10 0.30 12 0.38 15 0.29 12 0.11 4 0.04 
4.31 10922 0.30 11 0.45 17 0.27 10 0.32 12 0.25 10 0.37 14 0.33 12 0.23 9 0.13 5 0.03 
5.13 12577 0.31 10 0.45 15 0.46 15 0.44 14 0.32 10 0.34 11 0.30 10 0.23 8 0.20 7 0.14 
5.51 12645 0.35 12 0.47 16 0.44 15 0.38 13 0.30 10 0.31 11 0.29 10 0.23 8 0.19 6 0.06 
5.99 12731 0.48 16 0.46 16 0.44 15 0.35 12 0.29 10 0.29 10 0.26 9 0.21 7 0.17 6 0.04 
6.97 12908 0.27 11 0.32 14 0.27 11 0.26 11 0.22 10 0.26 11 0.26 11 0.23 10 0.25 11 0.08 
7.51 13005 0.27 12 0.30 13 0.30 13 0.31 13 0.27 11 0.27 12 0.26 11 0.20 9 0.16 7 0.04 
7.96 13086 0.19 9 0.22 10 0.24 11 0.28 14 0.25 12 0.27 13 0.25 12 0.20 10 0.19 9 0.03 
8.99 13271 0.08 4 0.17 8 0.21 10 0.33 15 0.32 15 0.38 17 0.32 15 0.25 12 0.10 5 0.04 
9.99 13659 0.15 11 0.18 13 0.18 13 0.23 16 0.18 13 0.18 13 0.14 10 0.09 7 0.04 3 0.01 
10.99 14049 0.15 7 0.21 10 0.25 11 0.39 17 0.35 16 0.35 16 0.27 12 0.19 8 0.08 3 0.03 
11.99 14320 0.16 9 0.19 10 0.22 12 0.30 17 0.26 14 0.26 14 0.21 11 0.15 8 0.06 3 0.02 
14.93 14752 0.18 9 0.24 12 0.25 13 0.30 15 0.25 13 0.27 13 0.22 11 0.17 8 0.12 6 0.04 
16.51 14984 0.37 12 0.39 13 0.39 13 0.43 14 0.37 12 0.40 13 0.34 11 0.26 8 0.13 4 0.05 
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Figure 4.3. Gas chromatograms for the non-polar lipid fraction from Core 1336 sediments.  Molecular weights of odd-chain n-alkanes 
and the internal standard (I.S.) 5α-androstane are annotated. (a) Typical chromatogram for post-glacial sediments.  (b) Typical 
chromatogram for glacial sediments.    
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Figure 4.4. (a) Average chain length of n-alkanes calculated using ACL = (ΣCn•n)/(ΣCn), where Cn is the concentration of n-alkane 
containing n carbon atoms (Chikaraishi and Naraoka, 2003).  (b) The terrestrial to aquatic (TAR) n-alkane ratio was calculated using 
TAR= (C27+C29+C31)/(C17+C19+C21), adapted from Silliman et al. (1996).  (c) n-Alkane mass accumulation rates (MARs) calculated 
using MARs= concentration of total n-alkanes • linear sedimentation rates • dry bulk density • 10-6. 
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In our application of the TAR, the denominator was changed from Silliman et al. (1996) 
(C15+C17+C19) because no C15 n-alkanes were observed in the sediment record.  The 
short-chain n-alkanes C17, C19 and C21 used here are also all associated with aquatic algae 
production.  
n-Alkane mass accumulation rates (MARs) (Fig. 4.4c) were calculated as follows: 
MARs= total n-alkane concentration (μg) • LSR (cm/yr) • DBD (g/cm3) • 10-6 , 
where LSR is the linear sedimentation rate and DBD is dry bulk density.     
4.3.1 The n-alkane abundances 
In sediments ranging from ~15,000 to 13,260 cal BP, there is a broadly symmetrical 
distribution of n-alkanes, with the highest abundances generally being in the C23 to C27 
range – typically peaking at C23 – and decreasing most strongly towards higher, and less 
strongly, towards lower chain lengths (Table 4.1, Figs. 4.5, 4.6).  During this time period, 
the average relative abundance of C23 is 15 % (Fig. 4.6), the mean ACL is 24.5±0.6 (SD, 
n=6), TAR is 1.2±0.5 (SD, n=6) and MARs average 9.2x10
-7
±3.0x10
-7 μg/cm2/yr (SD, 
n=6) (Fig. 4.4a,b,c).   
A (positively) right-skewed pattern of n-alkane abundances towards increased quantities 
of short-chains becomes apparent from ~13,260 to 12,500 cal BP when the ACL 
decreases to 24.2±0.6 (SD, n=6) (Figs. 4.4a, 4.5, 4.6).  The dominant n-alkanes during 
this time interval (specifically12,908 to 10,922 cal BP) are ≤C23, with the highest 
abundances generally occurring for C19 (avg. ~16 %; Fig. 4.6). TAR also decreases 
during this time period, averaging 0.8±0.2 (SD, n=6) (Fig. 4.4b).  MARs increase ~two-
fold during this interval and average 1.7x10
-6
±4.9x10
-7 μg/cm2/yr (SD, n=6) (Fig. 4.4c).      
A broad bimodal distribution of n-alkanes exists from ~12,500 to 8,300 cal BP (Fig. 4.5).  
The less skewed pattern (i.e., flatter distribution) of n-alkane abundances from C17 to C31 
signals a shift to higher relative abundances of long-chain n-alkanes (C27-C31), beginning 
after 10,922 cal BP and continuing through to 7,773 cal BP (Fig. 4.6).  Saying that, the 
dominant n-alkane during this interval is C19 (avg. ~14 %).  The shift to higher relative
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Figure 4.5. Standard n-alkane chain-length distributions for various time intervals.  The average relative abundance for a given time 
interval is represented by the height of the individual column and the standard deviation is shown by error bars.  The general 
distribution for each time interval is shown by the red trace above the bar graph.   
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Figure 4.6. The n-alkane relative abundances (%) organized by sediment age (cal BP).  The abundances of n-alkanes are divided into 
short-, mid-, and long-chain lengths for easier comparison within a group.
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abundances of long-chain n-alkanes is also illustrated by increases in ACL (25.2±0.8 
(SD, n=2)) and TAR (1.6±0.6 (SD, n=2)) (Fig. 4.4a,b).  MARs decrease sharply to 
8.8x10
-8
±3.6x10
-8 μg/cm2/yr (SD, n=2) during this interval (Fig. 4.4c).         
From 8,300 to 3,500 cal BP there is a shift to a (negatively) left-skewed pattern of n-
alkane abundances peaking at C27 and C29 (Fig. 4.5).  The average relative abundance of 
C29 during this time interval is 16 % (Fig. 4.6).  An increase in ACL (to 26.0) and TAR 
(to 3.2) occurs from 8,300 to ~7,000 cal BP (Fig. 4.4a,b).  After ~7,000 cal BP, both ACL 
and TAR decrease to 24.2 and 1.0, respectively, for the youngest measured sample (3,583 
cal BP) (Fig. 4.4a,b).  MARs remain low during this time interval and averages 1.3x10
-
7
±2.1x10
-8 μg/cm2/yr (SD, n=5) during this interval (Fig. 4.4c).   
4.3.2 Carbon isotopic composition of n-alkanes 
In sediments ranging from ~15,000 to 13,260 cal BP, there is only limited variation in 
δ13Cn-alkane values among short-, mid- and long-chain n-alkanes: short-chain (C17, C19, 
C21), –30.2±0.9 ‰ (SD, n=18); mid-chain (C23, C25), –31.9±0.6 ‰ (SD, n=12), and long-
chain (≥C27),–32.2±0.7 ‰ (SD, n=24).  All δ
13
Cn-alkane values show a slight (up to 2 ‰), 
up-core increase (Table 4.2; Fig. 4.7).    
Between ~13,260 to 12,500 cal BP, the trend of increasing δ13Cn-alkane values continues, 
albeit of smaller magnitude.  There is little variation in C17, C19 and C21 δ
13
Cn-alkane values, 
which average –30.5±0.8 ‰ (SD, n=18).  The mid-chain n-alkanes C23 and C25 have 
nearly equal δ13Cn-alkane values of –31.8 ‰.  Long-chain n-alkanes (≥C27) have an average 
δ13Cn-alkane value of –32.0±0.6 ‰ (SD, n=24) (Table 4.2; Fig. 4.7).    
Between 12,500 and 8,300 cal BP, the mid-chain n-alkane δ13Cn-alkane values deviate from 
each other by up to ~5 ‰ (avg. C23 = –33.6±0.6 ‰, SD, n=2; avg. C25 = –28.4±0.3 ‰, 
SD, n=2; Table 4.2; Fig. 4.7).  For C21 and ≥C25, there is an increasing up-core trend in 
the δ13Cn-alkane values, which is most pronounced for the mid- to long-chain n-alkanes C25 
and C27.  Long-chain (≥C27) δ
13
Cn-alkane values average –30.7±0.7 ‰ (SD, n=8).  Short-
chain δ13Cn-alkane values (C17, C19, C21) remain largely unchanged from previous intervals 
and average –30.1±0.4 ‰ (SD, n=6).
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Table 4.2. Carbon-isotope compositions (VPDB, ‰) of n-alkanes in Lake Ontario Core 1336, reported by depth (meters) and age 
(calibrated years BP). 
 
 
Depth 
(m) 
Age  
(cal BP) 
δ13C 
(VPDB,‰) 
        
  
C17 C19 C21 C23 C25 C27 C29 C31 C33 
0.515 3583 –34.0 –31.4 –32.3 –33.4 –30.5 –30.7 –31.1 –31.1 –30.4 
1.38 5289 –31.6 –31.2 –32.0 –31.7 –30.1 –30.1 –30.9 –30.9 –30.8 
1.91 6294 –31.8 –32.5 –32.5 –31.4 –29.7 –30.4 –31.0 –31.4 –30.9 
2.315 7033 –30.3 –30.8 –31.8 –32.4 –28.3 –33.0 –29.9 –30.3 –29.4 
2.715 7773 –29.6 –31.3 –29.9 –30.9 –25.1 –26.8 –28.9 –30.3 –30.1 
3.105 8512 –29.6 –30.3 –30.0 –33.6 –28.2 –29.3 –30.8 –30.9 –30.0 
4.31 10922 –29.7 –30.0 –30.8 –32.8 –28.6 –31.1 –30.5 –31.5 –31.2 
5.13 12577 –29.8 –30.4 –31.8 –32.4 –31.2 –31.8 –31.2 –31.2 –31.1 
5.51 12645 –30.7 –30.7 –31.4 –31.8 –31.7 –31.5 –31.9 –32.8 –32.3 
5.99 12731 –29.9 –29.2 –31.2 –31.2 –32.9 –31.2 –31.8 –32.4 –31.4 
6.97 12908 –29.3 –29.8 –31.3 –31.5 –31.5 –32.0 –32.2 –32.4 –32.0 
7.51 13005 –30.3 –30.5 –31.5 –32.3 –31.7 –31.6 –32.4 –33.2 –33.3 
7.96 13086 –29.5 –30.0 –31.5 –31.5 –31.6 –31.5 –32.0 –32.8 –32.2 
8.99 13271 –29.7 –30.0 –30.5 –31.6 –31.7 –31.5 –31.9 –32.0 –32.0 
9.99 13659 –29.1 –30.3 –30.4 –31.2 –31.9 –31.4 –31.8 –32.3 –31.7 
10.99 14049 –29.9 –29.5 –30.0 –31.4 –31.2 –31.4 –32.2 –31.7 –31.5 
11.99 14320 –29.1 –29.4 –30.3 –32.0 –32.2 –31.9 –32.3 –32.7 –31.3 
14.93 14752 –29.8 –30.2 –31.6 –31.7 –31.9 –32.0 –32.6 –33.2 –32.5 
16.51 14984 –30.2 –29.8 –32.8 –32.9 –33.3 –32.6 –33.2 –33.4 –33.6 
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Figure 4.7. Age (cal BP) versus δ13C values for each n-alkane.
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From 8,300 to 7,500 cal BP, there is an increase in the δ13Cn-alkane values of mid- to long-
chain n-alkanes (Table 4.2; Fig. 4.7).  In particular, the δ13Cn-alkane values of C23, C25 and 
C27 increase by ~3 ‰ between 8,512 and 7,773 cal BP, which coincides with higher 
values of ACL and TAR (Fig. 4.4a,b).  From ~7,500 to 3,500 cal BP, there is then a 
progressive decrease in the δ13Cn-alkane values of short- and mid-chain n-alkanes, whereas 
most long-chain n-alkane δ13Cn-alkane values decrease only slightly.  Over this entire 
interval (8,300 to 3,500 cal BP), the average δ13Cn-alkane value for short-chain n-alkanes 
C17, C19 and C21 is –31.9±0.9 ‰ (SD, n=12); mid-chain n-alkane C23 is –32.2±0.9‰ (SD, 
n=4) and C25 is –29.6±0.9‰ (SD, n=4); and long-chain n-alkanes ≥C27 is –30.8±0.8 ‰ 
(SD, n=16) (Table 4.2; Fig. 4.7).   
4.4 Discussion 
4.4.1 Glacial periods in early Lake Ontario (15,500-13,260 cal BP) 
Perhaps the best record of vegetation history in southern Ontario has been developed for 
the Rostock Mammoth Site (Fig. 4.8, adapted from McAndrews, 1994).  Its pollen record 
reveals that prior to 15,500 cal BP, southern Ontario vegetation resembled a polar desert 
(McAndrews, 1994).  This landscape must have been highly unstable, with wind eroding 
fine material from till and frost shattering local bedrock (Spear, 1989).  Low pollen 
counts indicate that vegetation was sparse (McAndrews, 1994).  Silliman et al. (1996) 
reported TAR values ≤1 for Rochester basin n-alkanes older than 15,500 cal BP.  This 
ratio likely reflects the combination of extremely low abundances of higher terrestrial 
plants in the polar desert and enhanced preservation of algal n-alkanes during this period 
of high sedimentation rates.  
Evaluating the sources of OM in Lake Ontario’s glacial sediments from 15,500 to 13,260 
cal BP requires an understanding of regional climatic conditions and vegetation at that 
time.  Warming beginning at 15,500 cal BP led to establishment of a tundra-woodland 
environment (Fig. 4.8, adapted from McAndrews, 1994).  This period (15,500 to 15,300 
cal BP) correlates with the Mackinaw interstadial phase of the LIS.  Such conditions 
would favour increased aquatic productivity, and indeed TAR ratios reported by Silliman 
et al. (1996) show a slight decrease beginning at 15,500 cal BP.  On land, ablation of the
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Figure 4.8. Pollen diagram for Rostock mammoth site (redrawn from McAndrews, 
1994).  See Figure 1 for location.  Pollen zone 1p represents a polar desert.  The high 
abundances of spruce and pine pollen likely represent recycled pollen grains.  A 
transition from tundra woodland to boreal woodland occurs in pollen zone 1a.  A pine-
dominated forest was established at ~12,900 cal BP.  Red arrows indicate the timing of 
increased abundances of birch and willow pollen.
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ice sheet and associated ponding of meltwater would have been ideal for peat bog 
formation, much like present-day northernmost Canada.  The tundra ecosystem would 
have consisted of sedge meadows and/or peat bogs, and included Sphagnum species (sp.) 
mosses in abundance (Davis and Webb, 1975).   
Ice readvance at 15,300 cal BP scraped the landscape clean yet again, delivering its OM 
to the Lake Ontario basin (Fig. 4.9a).  The sediment record captured by Core 1336 begins 
at ~15,000 cal BP, which is nearly contemporaneous with the advancing ice.  High 
abundances of C23 and C25 n-alkanes in these sediments are best attributed to terrestrial 
OM originating from the tundra.  Sphagnum sp. generally contains high abundances of 
C23 and to a lesser extent C25 while other bog-forming species are dominated by C31 
(Bingham et al., 2010).  As a cautionary note, such an n-alkane signature can be 
confounded by C23 and C25 n-alkanes from submergent and floating macrophytes (Ficken 
et al., 2000).  However, there was little likelihood of highly productive macrophyte 
growth in ancient Lake Ontario at 15,000-14,500 cal BP.  First, the Lake Ontario basin 
was covered by the LIS.  Limited light penetration and very cold water under an ice sheet 
would have severely limited macrophyte sustainability.  Second, macrophyte growth 
requires a stable littoral habitat.  Littoral zones provide optimal conditions for 
submergent (2-4 m water depth) and emergent (~2 m water depth) macrophytes (Dale, 
1986; Sifeddine et al., 2011).  Given the ice readvance after the Mackinaw interstadial, 
much of the littoral habitat would have been destroyed.  The low average δ13Cn-alkane value 
(~ –32.5±0.8 ‰, SD, n=4; Fig. 4.7) of the mid-chain n-alkanes (C23 and C25) from 
15,000-14,500 cal BP compares well with contemporaneous (15,000-14,500 cal BP) 
terrestrial vegetation (≥C27), which has an average δ
13
Cn-alkane value of –32.9±0.5 ‰ (SD, 
n=8).  This suggests a similar carbon substrate available for photosynthesis (atmospheric 
CO2).   
C/N ratios, n-alkane patterns and TAR values for this OM show that Sphagnum sp. 
mosses were by no means the only organic input between 15,000 and 14,500 cal BP. 
First, bulk C/N ratios of lake sediment OM during this time interval averaged ~7.5 
(Chapter 3, this thesis).  Whole-plant Sphagnum sp. from bogs and wetlands, by 
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comparison, commonly have C/N ratios >45 (Hornibrook et al., 2000).  As discussed in 
Chapter 3, C/N ratios ≤ 10 are traditionally interpreted to indicate aquatic algal OM 
rather than terrestrial input (C/N >10), although recycled, degraded terrestrial OM 
including that sorbed on soil clays (Hyodo and Longstaffe, 2011) may comprise an 
important exception.  Second, abundant short-chain n-alkanes (C17; 10 %, C19; 12 %, C21; 
13 %) indicate a contribution from algae sources.  It appears that algae grew in the lake at 
this time, perhaps near to the LIS margin and within the ice sheet, much like present-day 
Antarctica (Gibson et al., 1999).  Third, the TAR ratio at this time in Core 1336 was ~1.0 
(Fig. 4.4b; see also Silliman et al., 1996), indicating that OM from terrestrial higher 
plants was equally as abundant as lacustrine algae.   
The average short-chain δ13Cn-alkane value is –30.7±1.2 ‰ (SD, n=6; C17, C19, C21). Within 
that range, the average C21 δ
13
Cn-alkane value is ~1.5 ‰ lower than for C17 and C19.  This 
may reflect OM from dinoflagellates (Sun et al., 2013), which are common in Great 
Lakes sediments (McCarthy et al., 2011).  The lower C21 δ
13
Cn-alkane values may indicate 
some differences in dinoflagellate carbon sources within the water column relative to 
other algae (diatoms, chrysophytes, blue-green algae).  Saying that, the average short-
chain δ13Cn-alkane value remains higher than measured for C23 and C25 (–32.5±0.8 ‰, SD, 
n=4; Fig. 4.7).  Algae would have assimilated usable sources of DIC in the lake, mainly 
CO2(aq) originating from dissolved atmospheric CO2 (CO2(atm)).  The predicted δ
13
Cn-alkane 
value for algal n-alkanes primarily using this source of DIC is ~ –27.5 ‰, assuming 
atmospheric δ13C(CO2) = –6.5 ‰ (Schmitt et al., 2012) and the following C-isotope 
fractionations: CO2(aq)–CO2(atm) = –1 ‰,  bulk algal tissue–CO2(aq) = –19 ‰, and n-
alkanes–bulk algal tissues = –1 ‰ (Hecky and Hesslein, 1995; Schouten et al., 1998; 
Mook, 2000).  Instead, the algal δ13Cn-alkane values (avg. –30.7±1.2 ‰, SD, n=6) lie 
between the predicted δ13Cn-alkane values (–27.5 ‰) and the δ
13
Cn-alkane values (avg. –
32.9±0.5 ‰, SD, n=8) of terrestrial OM that entered the lake.  When the advancing LIS 
covered the lake, other sources of DIC such as bicarbonate (HCO3
-
), carbonate (CO3
2-
) 
and oxidation of organic matter likely increased in importance.  On one hand, algal 
incorporation of bicarbonate and carbonate (from Suess-corrected atmospheric CO2; +3.5 
and +2.5 ‰, respectively; Mook, 2000) would have increased algal δ13Cn-alkane values.  
On the other hand, CO2 produced by oxidation of glacially transported terrestrial OM
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Figure 4.9. Schematic diagram illustrating potential sources of OM entering ancient Lake 
Ontario.  The yellow arrow indicates the most important source of OM during a given 
time period.  (a) Re-advance of the LIS from 15,300 to 14,500 cal BP transported detritus 
from the periglacial environment to ancient Lake Ontario.  Sphagnum mosses were the 
primary source of OM.  Significant amounts of long-chain n-alkanes (≥C27) also entered 
the lake, and likely included recycled and degraded terrestrial vegetation.  (b) During 
formation of glacial Lake Iroquois, aquatic macrophytes were the major source of OM in 
lake sediments.  Sphagnum mosses were likely less important.
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Figure 4.9 (continued). (c) Lower lake levels of post-glacial Lake Iroquois were 
associated with increased abundances of algal biomarkers (C17, C19); hydrologic closure 
also favoured growth of aquatic macrophytes.  There was also some OM contribution 
from the coniferous-forested watershed to the lake sediments.  (d) Increased precipitation 
caused Lake Ontario to rise.  The forested watershed, now dominated by angiosperms, 
was a major contributor to the lake sediment OM record, particularly through drowned 
shorelines.  OM contributions from algal and aquatic macrophytes continued to be 
significant. 
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(avg. –25 ‰, Suess corrected; O’Leary, 1988) would have assumed much greater 
importance, as direct access to atmospheric CO2 became limited in the ice-covered lake.  
The DIC pool available for algal assimilation would therefore acquire lower δ13C values, 
as is observed.  
The long-chain n-alkanes (C27, C29 and C31), especially C27, have only slightly lower 
relative abundances than the most dominant n-alkane (C23), and can be used to evaluate, 
to a certain degree, the relative proportions of birch (Betula), pine (Pinus) and grasses 
entering the lake (Schwark et al., 2002).  The relative abundance of C27 (13 %) is slightly 
higher than that of C29 (11 %) and correlates well with increases in birch and poplar 
(Populus) pollen at the Rostock Mammoth site (McAndrews, 1994).  Pine pollen entering 
the lake at this time (C29) likely was recycled from glacial till (McAndrews, 1994).  The 
lower relative amount of C31 (8 %) suggests insufficient soil development to support 
grasses in abundance, likely because of the readvance of glacial ice (Schwark et al., 
2002).  All long-chain n-alkanes (C27, C29 and C31) have very similar δ
13
Cn-alkane values 
(avg. –32.9±0.5 ‰, SD, n=8), which are very similar to those of the mid-chain n-alkanes 
(C23, C25), as discussed earlier, and suggest a similar source of CO2.               
Shortly after 14,500 cal BP, ice retreated from the Lake Ontario basin and glacial Lake 
Iroquois formed (Chapter 2, this thesis and references therein) (Fig. 4.9b).  From 14,500 
to 13,000 cal BP, the ice dam across the St. Lawrence River valley held up a series of 
glacial lakes starting initially with high-level glacial Lake Iroquois up to ~35 (east) and 
115 (west) m higher than at present (higher at the east end of the lake because of 
differential rebound) (Coakley and Karrow, 1994; Anderson and Lewis, 2012).  As ice 
retreated towards a position across the lower St. Lawrence River valley and opened lower 
outlets, the glacial water levels fell through the Frontenac, Sydney ‘?’, Belleville and 
Trenton stages (Coakley and Karrow, 1994; Anderson and Lewis, 2012).  Overall 
increases in ACL (24.5 to 25.5) and TAR (0.9 to 2.0) over this period indicate higher 
terrestrial OM contributions (Fig. 4.4a,b).  Gradual warming associated with deglaciation 
again allowed for tundra-woodland development (tundra sedge, willow (Salix), birch and 
poplar (McAndrews, 1994).  Its appearance is marked by higher abundances of long-
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chain n-alkanes (C25, C27, C29, C31) in the lake sediment OM (Fig. 4.6), again consistent 
with the Rostock Mammoth site pollen record (McAndrews, 1994).  This change is 
accompanied by an average ~1 ‰ increase in long-chain δ13Cn-alkane values (avg. –
31.8±0.4 ‰, SD, n=20) (Fig. 4.7).  This upward shift may be related to increased water 
stress related to cold and dry climate conditions at this time or perhaps also a slight 
increase in the concentration of atmospheric CO2 (Schmitt et al., 2012).  The increasing 
relative abundance of C29 during this time period likely reflects a general increase in 
terrestrial biomass rather than only inherited contributions from earlier pine forests.  
The most abundant n-alkane, C23, occurs in similar abundances (~15 %) as in the older 
sediments (>14,500 cal BP) (Fig. 4.6).  Its origin, however, is more enigmatic.  While 
continued retreat of the LIS would have created abundant, meltwater-fed bogs, a 
mechanism is lacking for significant transport of Sphagnum-moss C23 n-alkanes to the 
lake.  Aquatic macrophytes were more likely the main contributor of C23 (and perhaps 
C25) n-alkanes.  The decline in water level of glacial Lake Iroquois occurred through a 
series of stages over ~1500 years from 14,500-13,000 cal BP and uplift of the basin 
relative to lake level occurred after the controlling outlet sill for the lower stages became 
established at the southern end of the Lake Champlain valley, thus allowing for 
development of extensive littoral zones and healthy macrophyte (i.e., C23) populations.  
The abundance of mid-chain n-alkane C25 also increased during this time.  However, C25 
is also present in terrestrial plants, and thus is an inconclusive indicator for macrophyte 
production.  From 14,500 to 13,260 cal BP, the average δ13Cn-alkane value for C23 (~ –
31.5±0.4 ‰, SD, n=4) is slightly higher (by ~1 ‰) than during the previous time period 
(Fig. 4.7).  In this case, however, C23 n-alkanes originated from macrophyte production, 
whereas earlier (>14,500 cal BP), C23 originated from Sphagnum moss species.  The 
δ13Cn-alkane value suggests that atmospheric CO2 and dissolved atmospheric CO2 were the 
primary DIC sources for floating and submerged macrophytes, respectively.  The ~1 ‰ 
increase from the previous time period may be explained by differences in the n-alkane–
bulk tissue C-isotope fractionation, which is ~ –6 ‰ for Sphagnum moss (Conte et al., 
2003), much like terrestrial vegetation, versus ~ –4 ‰ for macrophytes (average from 
Ficken et al., 2000).  Submergent macrophytes can also utilize bicarbonate as a carbon 
substrate, which would result in a further increase in δ13Cn-alkane values.  By comparison, 
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the C23 δ
13
Cn-alkane value is slightly lower than that of the algae (C17, C19, and C21) (–
29.9±0.5 ‰, SD, n=12) during this time period.  This difference may arise from their 
differing environments.  Oxidative decay of macrophytes in the littoral zone is capable of 
lowering the DIC δ13C values of the surrounding water (Keough et al., 1998).        
The decrease in abundance of short-chain n-alkanes (C17, C19, and C21) from 14,500 to 
13,260 cal BP relative to >14,500 cal BP, especially for C17 (~10 to 5 %), simply reflects 
the relative increase in addition of terrestrial OM to the lake (Table 1; Fig. 4.6).  The C17 
and C19 δ
13
Cn-alkane values are unchanged from the earlier period (Fig. 4.7), indicating no 
significant change in algal carbon sources. 
4.4.2 Post glacial Lake Iroquois drawdown and meltwater influx (13,260-
12,500 cal BP) 
Soon after ~13,260 cal BP, the LIS withdrew from the St. Lawrence lowland, leading to 
drainage of glacial Lake Iroquois (Chapter 2, this thesis and references therein).  
Continued warming caused spruce (Picea) to spread across the landscape, forming a 
boreal woodland (McAndrews, 1994) (Figs. 4.8, 4.9c).  For the first time, early Lake 
Ontario was not influenced by the retreating LIS and associated meltwater, except for a 
final, brief influx shortly after 13,000 cal BP (Chapter 2, this thesis).   
Between 13,260 and ~12,700 cal BP, there are marked decreases in ACL (from 25.5 to 
23.5) and TAR (from 2.0 to 0.5) (Fig. 4.4a,b), which were also observed by Silliman et 
al. (1996).  These changes are associated with increased algal production relative to 
terrestrial, allochthonous OM input and occurred even though mass accumulation rates 
(MARs) for carbon and nitrogen also increased ~three-fold during this time period 
(Chapter 3, this thesis).  While terrestrial organic detritus continued to enter the eastern 
portion of the lake from the active Fenelon Falls outlet, autochthonous input must have 
been still greater to explain the decreasing ACL and TAR values.   
The shift to higher relative abundances of short-chain n-alkanes (C17, C19, C21) reached a 
maximum at ~12,700 cal BP (Fig. 4.6).  The strong C21 peak may reflect OM from 
dinoflagellates as discussed earlier. The δ13Cn-alkane values of C17 and C19 increase by only 
~1‰ (–30 to –29 ‰), and C21 decreases by only ~1 ‰ (–30.5 to –31.5 ‰) during this 
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interval (Fig. 4.7), signaling only minor change in carbon source/availability or 
environmental conditions.   
A relative increase in C23 abundance relative to higher chain n-alkanes also contributed to 
the decreasing ACL during this time period (Figs. 4.4a, 4.6).  Given the waning influence 
of the LIS and the gradual warming in the watershed, this n-alkane is unlikely to have 
been derived from Sphagnum moss species.  Instead, lower lake levels and a larger 
littoral zone would have encouraged aquatic macrophyte growth (Fig. 4.9c).  However, 
the limited variation in C23 δ
13
Cn-alkane values (Fig. 4.7) suggests that the macrophyte 
carbon reservoir was not sensitive to changes in sources or aquatic productivity during 
this time.   
The final influx of glacial meltwater into Lake Ontario from 13,000 (earliest) to 12,500 
cal BP was accompanied by a slight increase in ACL and TAR values (Fig. 4.4a,b), an 
approximately two-fold increase in n-alkane mass accumulation rates (Fig. 4.4c) and no 
change in the δ13Cn-alkane record relative to the immediately preceding time period (Fig. 
4.7).  This suggests either that the LIS-associated meltwater contained large quantities of 
n-alkanes (with similar isotopic compositions to Lake Ontario) or that n-alkanes were 
accumulated in greater proportions when compared to other glacial sediments.  This 
pattern correlates well with the three-fold increase in C-MARs and N-MARs previously 
documented for this period of time (Chapter 3, this thesis).   
4.4.3 Hydrologic closure of Lake Ontario (12,300-8,300 cal BP) 
The time period beginning at 12,300 cal BP is a very dynamic part of Lake Ontario’s 
history.  Not only was the lake hydrologically closed – input from the upper Great Lakes 
into Lakes Erie and Ontario had ceased – but the region, while initially still cold and dry, 
was beginning to warm while remaining quite dry (Anderson and Lewis, 2012).  As a 
result, Lake Ontario water levels fell to well below its outlet at the St. Lawrence River.  
Lower lake levels and low precipitation limited input from its watershed (leading to 
increased water clarity and greater light penetration) and warming likely favoured 
macrophyte growth in Lake Ontario’s littoral zone (Fig. 4.7c).  The slight increase in 
ACL (24.0 to 24.7) and TAR (0.7 to 1.2) from 12,300 to 8,300 cal BP (Fig. 4.4a,b) may 
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indicate more abundant emergent macrophytes, perhaps in combination with some 
increase in terrestrial OM input.  Silliman et al. (1996) attributed an increase in TAR after 
~10,500 cal BP to increased contributions of tree and shrub litter to the lake.   
Both algae and macrophytes are well represented in the n-alkane distributions of the few 
samples analyzed from this time interval (Fig. 4.6).  The relative abundances of C17 and 
C21 n-alkanes remain nearly constant during this time, whereas C19 contents decrease by 
the end of hydrologic closure (~8,300 cal BP) (Fig. 4.6).  This decrease, coupled with a 
slight increase in the relative abundance of C23 between ~10,900 and 8,500 cal BP hints 
at a reduction in algal production relative to macrophyte growth (Fig. 4.6).  Macrophytes 
can outcompete algae in the photic zone in such environments (Nakai et al., 1999).  All 
macrophyte types (submergent, floating, emergent) likely were important contributors to 
the OM budget of the lake at this time.  Ficken et al. (2000) described a proxy ratio 
(Paq=C23+C25/C23+C25+C29+C31) for assessing the relative contributions of macrophyte 
types, where Paq = 0.1 to 0.4 indicate greater abundances of emergent macrophytes, and 
Paq = 0.4 to 1.0 indicate more abundant submergent/floating macrophytes.  During this 
time interval, Paq remains largely unchanged (avg. 0.5), and suggests that 
submergent/floating macrophtyes were favoured slightly.   
The limited change in C17, C19 and C21 δ
13
Cn-alkane values (avg. ~ –30.1±0.4 ‰, SD, n=6) 
within this interval (or from earlier times) indicates that the carbon reservoir utilized by 
the algal biomass was not perturbed by shifting ecological conditions (Fig. 4.7).  
Comparison of the C23 and C25 δ
13
Cn-alkane values over this time interval suggest that these 
n-alkanes are derived from different vegetation types (Fig. 4.7).  Near the beginning of 
hydrologic closure (12,300 cal BP) the δ13Cn-alkane values of C23 (–32.4 ‰) and C25 are 
nearly equal (–31.2 ‰) (Fig. 4.7).  By 10,900 cal BP, there is a ~4 ‰ difference between 
C23 (–32.8 ‰) and C25 (–28.6 ‰), which becomes even more pronounced (~5.5 ‰) 
towards the end of hydrologic closure at 8,300 cal BP (C23, –33.6 ‰; C25, –28.2 ‰; Fig. 
4.7).  Such a large difference is most unlikely to arise through natural fractionation within 
the same macrophyte (Hayes et al., 1990; Collister et al., 1994).  Instead, it appears that 
C25 behaves like the higher chain terrestrial δ
13
Cn-alkane values during the period of 
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hydrologic closure.  We suggest that C25 is more closely associated with 
emergent/floating macrophytes than with submergent macrophytes.       
During hydrologic closure, Lake Ontario dropped to the lowest water levels in its history.  
Low water levels created new embayments favourable to macrophyte growth, especially 
in the eastern portion of the lake (Thousand Island area).  Emergent and floating 
macrophytes were likely influenced by different carbon uptake processes than 
submergent macrophytes.  Emergent and floating macrophytes utilize atmospheric CO2 
as their carbon source.  In general, higher transpiration rates are observed in emergent 
macrophytes when compared to terrestrial flora (Wetzel, 2001).  Under increased water 
stressed conditions, the stomata of emergent macrophytes may close to a further extent 
when compared to terrestrial vegetation.  This may explain why the C25 δ
13
Cn-alkane values 
are even higher than terrestrial vegetation during the dry conditions associated with 
hydrologic closure.  By comparison, submergent macrophytes use only dissolved CO2 as 
their carbon substrate, and are largely unaffected by terrestrial water stress.  Notably, the 
C23 δ
13
Cn-alkane values, which we attribute to submergent macrophytes, remain largely 
unchanged during hydrologic closure (Fig. 4.7).        
Proliferation of pine (Pinus) during the period of hydrologic closure and the emergence 
of hemlock (Tsuga) at 8,400 cal BP, as recorded at Roblin Lake (Figs. 4.1, 4.10) 
(Terasmae, 1980), are consistent with rising terrestrial productivity.  A concomitant 
increase in terrestrial OM contribution to the lake during this time interval is consistent 
with the findings of Silliman et al. (1996), McFadden et al. (2004), (2005) and Chapter 3 
(this thesis) (increasing total organic matter, C/N ratios, δ13COM values and TAR).  The 
progressive increase in C29 and C31 n-alkane abundances –compared to the relative 
constant C25, C27 and C33 n-alkane contents during hydrologic closure (Fig. 4.6) – 
suggests that emergent macrophytes, pine and/or grasses were responsible for the 
additional terrestrial OM detritus. Nonetheless, the relative contribution of terrestrial OM 
(≥C25) to the lake remained lower than input from lacustrine productivity (C17, C19, C21, 
C23) (Fig. 4.6).  The increase in average ≥C27 δ
13
Cn-alkane values from –31 to –30 ‰ over 
this time interval (Fig. 4.7) likely reflects increasing aridity during hydrologic closure 
(Anderson and Lewis, 2012).  
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4.4.4 Post hydrologic closure to present condition in Lake Ontario (8,300-
3,500 cal BP) 
Edwards et al. (1996) suggest that climatic conditions in southern Ontario transitioned 
from cold and dry to warm and dry at ~8,300 cal BP.  According to Anderson and Lewis 
(2012), the period of maximum dryness (11,500 to 6,800 cal BP) overlapped the 
Holocene Thermal Maximum (HTM) (~9,400 to 5,300 cal BP).  The HTM was likely 
brought on by long-term changes in insolation (average summer temperature increased by 
~2 to 4 °C) (McFadden et al., 2005).  Although the region remained dry, warmer 
conditions were accompanied by some increase in annual precipitation (Edwards et al., 
1996; Lewis et al., 2008), which is reflected in increased abundances of moisture-loving 
vegetation such as hemlock, beech (Fagus) and maple (Acer) pollen (Shuman et al., 
2002) (Fig. 4.10).  Rising water levels associated with increased precipitation brought 
hydrologic closure of Lake Ontario to an end (Anderson and Lewis, 2012) (Fig. 4.9d).  
Oxygen-isotope records for cellulose show that, by ~6,800 cal BP, warm and dry 
conditions in the region were fully replaced by warm and wet conditions (Edwards et al., 
1996).     
 From the end of hydrologic closure to ~7,000 cal BP, there is a significant increase in 
both ACL (24.7 to 26.0) and TAR (1.2 to 3.2) (Fig. 4.4a,b).  The higher relative 
abundances of long-chain n-alkanes reflect increased transport of terrestrial OM to the 
lake in runoff and from drowned shorelines.  By 7,033 cal BP, the relative abundance of 
C27 had increased three-fold (Fig. 4.6).  Macrophyte n-alkane C23 remained an important 
contributor to OM, but the relative importance of algal n-alkanes declined (Fig. 4.6), 
perhaps because of macrophyte competition and/or increasing turbidity in the rising 
waters. An increase in the δ13Cn-alkane values of long-chain n-alkanes (≥C25) is evident at 
7,773 cal BP; their δ13Cn-alkane values also decrease systematically with increasing chain 
length, from –25.1 ‰ (C25) to –30.4 ‰ (C33) (Table 2; Fig. 4.7).  Such a pattern is 
characteristic of angiosperms whereas the opposite distribution is known for coniferous 
gymnosperms (Chikarashi and Naraoka, 2003; Smith et al., 2007).  The Roblin Lake 
pollen record (Fig. 10) supports a decrease in spruce and pine, and their replacement by 
birch, lilac (Fraxinus), elm (Ulmus), maple, hickory (Carya) and beech (Terasmae,  
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Figure 4.10. Roblin Lake pollen record, as adapted from Terasmae (1980) and re-drawn 
for this thesis.  
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1980).  However, angiosperms generally have lower overall δ13Cn-alkane values than 
gymnosperms, which were not observed in the Lake Ontario record.  Also, a systematic 
increase in δ13Cn-alkane values with increasing n-alkane chain length was not observed 
during time periods when coniferous gymnosperms dominated.  Given these ambiguities, 
it is simplest to attribute the general increase in δ13Cn-alkane values at 7,773 cal BP to 
aridity-related water stress, as discussed earlier.  The differences among the long-chain n-
alkane δ13Cn-alkane values may be related to angiosperm development but could also reflect 
a mixture of terrestrial and emergent/floating macrophyte (C25) OM sources.   
The C23 δ
13
Cn-alkane values remain similar to those of the short chain n-alkanes at this time, 
largely reflecting their common lacustrine DIC source, and are much lower than those of 
C25 (Fig. 4.7).  However, both C23 and C25 δ
13
Cn-alkane values increase by ~3 ‰ from 8,512 
to 7,773 cal BP (Fig. 4.7).  By comparison, there is much less change in the algal δ13Cn-
alkane values, although both C17 and C21 also reach their maximum 
13
C-enrichments 
relative to the previous time interval.  The cause of this behaviour remains enigmatic but 
perhaps arises from lacustrine habitat.  Algae are most abundant in the pelagic zone, 
whereas submergent macrophytes are mostly located in the littoral zone.  Given enhanced 
competition for dissolved CO2 in the littoral zone, the submergent macrophytes (e.g., C23) 
may have also utilized bicarbonate, which would increase their δ13Cn-alkane values (Mook, 
2000).   
Peak ACL and TAR values at 7,033 cal BP (Fig. 4.4a,b) likely point to higher terrestrial 
productivity related to warmer and wetter conditions at this time (Smith et al., 2007).  
Lower ACL after 7,033 cal BP signals a progressive increase in the relative abundance of 
OM derived from aquatic productivity versus terrestrial detritus (Fig. 4.4a).  By this time, 
lacustrine algae, macrophytes and terrestrial plants were sub-equal contributors to the 
OM preserved in Lake Ontario sediments (Fig. 4.6).  When considered together with the 
gradual change in ACL, the sharp drop in TAR after 7,033 cal BP, and steady TAR ratio 
of ~1 thereafter, point to an ecosystem in which algae were once again out-competing 
macrophytes.  This likely reflects higher water levels and stabilization of the lake water 
budget by the return of inflow from the upper Great Lakes.  By 5,289 cal BP, the lower 
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Great Lakes (Erie and Ontario) were receiving water from the upper Great Lakes during 
the Nipissing rise (Chapter 2, this thesis; Anderson and Lewis 2012).   
The decline in ACL and TAR beginning after 7,033 cal BP is preceded by a decrease in 
all δ13Cn-alkane values after 7,773 cal BP (Fig. 4.7).  This shift is more pronounced for C27 
and C25 (3 to 5 ‰) and more subdued for other n-alkanes (<2 ‰).  For the higher chain n-
alkanes, the lower δ13Cn-alkane values are likely a consequence of the regional shift to 
warm and wet conditions (6,800 cal BP) (Edwards et al, 1996). Increased warmth and 
moisture availability during the HTM after 7,773 cal BP drove a rapid change from a 
mixed gymnosperm (conifer) and angiosperm forest to an almost exclusively angiosperm 
forest (Fig. 4.9d).  Smith et al. (2007) attributed such changes in δ13Cn-alkanes values during 
the Paleocene-Eocene Thermal Maximum (PETM) in the Bighorn Basin, Wyoming, to 
such a floral community transition.  Following Flanagan et al. (1997) and Chikaraishi and 
Naraoka (2003), Smith et al. (2007) noted that angiosperms exhibit a larger 
discrimination against 
13
C than conifers growing in the same region.  Warmer 
temperatures also likely contributed to increased discrimination against 
13
C, albeit at a 
smaller scale (~ –0.15 ‰/°C; Edwards et al., 2000).  
The gradual lowering of δ13Cn-alkane values of the shorter chain n-alkanes, especially for 
C17, from 7,773 to 3,583 cal BP (C17–C23) suggests a change in the relative contributions 
of different carbon sources (Fig. 4.7).  An increased supply of carbon dioxide from 
oxidation of terrestrial OM detritus could have lowered the δ13C values of the available 
DIC pool (Keough et al., 1998).  Why the shift to lower δ13Cn-alkane values is larger for C17 
versus other short-chain n-alkanes, and more generally, why short-chain n-alkane isotopic 
compositions are variable from each other within a sample, is not fully understood.  Such 
differences are suggestive of compound-specific carbon-isotope fractionations at the 
biochemical level, variations in individual short-chain n-alkane abundances from one 
aquatic species to another, and/or the timing of growth of various aquatic species; the 
δ13CDIC of modern Lake Ontario, for example, varies seasonally by up to 2 ‰ (Hodell 
and Schelske, 1998).  
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4.5 Conclusions 
The n-alkane abundances and carbon isotopic compositions of OM in Lake Ontario 
sediments can be used to distinguish variations in sources from changes in lacustrine 
productivity when these data are interpreted in concert with information on historic lake 
levels, regional paleoclimatic conditions and pollen records.   
During the late Pleistocene, the source of abundant C23 and C25 n-alkanes was likely 
Sphagnum mosses transported to the lake from the periglacial environment.  Their 
average δ13Cn-alkane values reflect composition of atmospheric CO2 at that time.  In 
addition, short-chain (algae) and long-chain (terrestrial, perhaps recycled) n-alkane 
abundances mark major OM contributions from these sources.   Low bulk C/N ratios 
during the glacial period are likely the signature both of abundant short- and mid-chain n-
alkanes and diagenetically altered, allochthonous terrestrial organic matter delivered to 
Lake Ontario.  As gradual warming took hold shortly after 14,500 cal BP, a tundra 
woodland developed in the Lake Ontario region.  The most abundant n-alkane (C23) – and  
perhaps also C25 – in the sediments marks prolific growth of macrophytes in the lake’s 
littoral zone, as opposed to Sphagnum mosses, as was earlier the case.   
During hydrologic closure of Lake Ontario (12,300- 8,300 cal BP), low lake levels 
associated with high aridity favoured proliferation of algae and aquatic macrophytes, as 
indicated by the sub-equal abundances of short- and mid-chain n-alkanes (C17-C23). 
Towards the end of hydrologic closure, macrophyte production appears to have exceeded 
algal production.  Increased contributions of terrestrial OM detritus were marked in 
particular by rising abundances of C29 and C31 n-alkanes, which characterize pine and/or 
grass.  During hydrologic closure, there was little change in algal δ13Cn-alkane values, 
suggesting that the lacustrine DIC reservoir was well-mixed and largely unaffected by 
increased biological demands from algal and submergent/floating macrophyte growth.  
By comparison, strong 
13
C-enrichment of the long-chain n-alkanes, especially C25 and 
C27, relative to C17-C23 δ
13
Cn-alkane values, provides a clear signal of dry terrestrial 
conditions during the period of hydrologic closure.  
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The time period following hydrologic closure of Lake Ontario (8,300 cal BP to the end of 
our record at 3,583 cal BP) was characterized first by full entry into warm and dry 
climatic conditions, followed by the transition to warm and wet conditions by ~6,800 cal 
BP.  A sharp increase in the abundance of terrestrial OM, especially C27 n-alkanes, was 
likely associated with rising water levels and the drowning of vegetated shorelines.  
Further increases in long-chain n-alkane δ13Cn-alkane values, especially C25 and C27, up to 
7,773 cal BP reflect water stress in the terrestrial environment during the warm and dry 
period.  With the subsequent shift to warm but wet conditions, the long-chain δ13Cn-alkane 
values decreased (especially C25 and C27) largely in response to decreased water stress 
but perhaps also in part because of a terrestrial ecosystem shift favouring angiosperms.  
As lake levels stabilized at new, higher levels, the spike in C27 n-alkane abundance 
disappeared, and a nearly equal balance of OM contributions from lacustrine algae, 
macrophytes and terrestrial plants was established.  The gradual lowering of δ13Cn-alkane 
values in short-chain, algal n-alkanes, especially C17, during this time suggests a shift in 
DIC composition/source(s), perhaps related to niche-specialization in the now much 
larger pelagic environment associated with higher lake levels. 
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Chapter 5 
5 Conclusions 
This thesis investigated the late Quaternary paleolimnology of Lake Ontario and its 
precursors.  Many ideas have been presented aimed at filling voids in our understanding 
of ancestral Lake Ontario, the signals of regional climatic and environmental change 
contained in its sediments, and the putative connection of Lake Ontario – and the Great 
Lakes more broadly – to early to mid Holocene global climate change. This chapter 
summarizes and discusses the broader implications of the results presented in this thesis, 
and offers some suggestions for new avenues of research. 
5.1 Meltwater routing through the Great Lakes 
The timing and extent of glacial meltwater input to ancestral Lake Ontario was assessed 
in this thesis using the oxygen-isotope composition of ostracode valves and clam shells.  
The goal was to determine the extent of glacial meltwater routing through ancestral Lake 
Ontario and to suggest whether the quantity of glacial meltwater was sufficient to perturb 
THC in the Atlantic Ocean.   
The results suggest that the final stage of freshwater impounded by the LIS was an 
extensive confluent water body comprising Lake Trenton in the Ontario basin, Lake 
Vermont in the Lake Champlain valley, and Lake Candona in the St. Lawrence and 
Ottawa river valleys.  Standing about 15 m above sea level drainage of these lakes would 
likely have been rapid and catastrophic once the ice dam in the lower St. Lawrence River 
valley was breached at about 13,000 cal [11,100 
14
C] BP (Richard and Occhietti, 2005; 
Rayburn et al., 2011).  This large freshwater outflow to the Gulf of St. Lawrence and 
beyond is a prime candidate as a contributing factor for perturbation of THC/MOC in the 
Atlantic Ocean, provided the waters were adequately distributed to areas of oceanic 
convection.  An extension of the Atlantic Ocean, the Champlain Sea, rapidly replaced the 
foregoing freshwater impoundment, except for the Ontario basin. 
While glacial meltwater was present in ancestral Lake Ontario from ~13,000 to 12,500 
cal [11,100 to 10,500 
14
C] BP, its presence was not recorded for the complete duration of 
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this time period in the neighbouring Champlain Sea.  Thus, the volume was insufficient 
to trigger a change in THC/MOC, if indeed any of this water reached the Atlantic Ocean. 
Rather, it seems that ponding of glacial meltwater that entered Early Lake Ontario at this 
time simply filled the basin to slightly higher levels and increased the freshwater outflow 
from the basin, providing the forcing that resisted and prevented inflow of Champlain Sea 
water.  The discovery of a continuous sequence of benthic ostracodes of the C. 
subtriangulata species which is intolerant of dissolved solids > 92 mg/L provides definite 
evidence that sea water in significant amounts did not enter the bottom waters of Early 
Lake Ontario (Delorme, 1978). 
A comparison of the Lake Ontario sediment records reported here with global climate 
records (e.g. Greenland ice cores, speleothem records) produced equivocal results.  This 
effort was made in order to evaluate how the Great Lakes – Lake Ontario in particular – 
responded to global climate perturbations, on one hand, and affected global climate on 
the other hand.  It is common to compare regional (and sometimes local) climate records 
from lake sediments with larger climate records across continents.  Connections on these 
scales are often broad.  Local and regional climate signals preserved in the lake sediments 
can be dampened in this interpretive process.  While some possible connections between 
meltwater influx into Lake Ontario and GISP2 could be suggested from the oxygen 
isotopic records, the most useful information reported in Chapter 2 lay in smaller isotopic 
fluctuations that characterized regional rather than global climate change.  It is important 
to take into consideration the size of the Great Lakes watershed and the many factors that 
can influence change in this lacustrine system.  Once the complete hydrologic history – 
including robust chronological control since the latest Pleistocene – for each Great Lake 
is fully understood and then integrated as a whole across this freshwater system, attempts 
to make connections to global climate variations are likely to be more successful.    
Although the origin of glacial meltwater entering ancestral Lake Ontario from ~13,000 to 
12,500 cal [11,100-10,500 
14
C] BP cannot be ascertained using the oxygen-isotope 
compositions of shelly fauna, I should comment further on the possible routing of 
meltwater from glacial Lake Agassiz.  Without evidence for eastern drainage to Lake 
Superior (Voytek et al., 2012), southern drainage to the Gulf of Mexico (Broecker et al., 
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1989; Williams et al., 2010) and apart from a theoretical drought lowstand with no 
drainage (Lowell et al., 2013), two possible routing pathways remain: (i) a northwestern 
outlet to the Arctic Ocean (Murton et al., 2010; Fahl and Stein, 2012), and/or (ii) 
subglacial drainage elsewhere along the LIS margin.  Although Fisher and Lowell (2012) 
hypothesized that there was no connectivity between glacial Lake Agassiz and the 
Clearwater-Athabasca drainage divide (which would have been necessary for a northwest 
passage), there is some geomorphological evidence in the northwest that suggests 
drainage of a sizeable amount of water (Teller et al., 2005; Murton et al., 2010).  Saying 
that, glacial meltwater entering the Arctic Ocean via this route should be recorded further 
downstream in the Fram Strait as a result of the Beaufort Gyre.  Evidence from 
radiogenic isotopes and ice rafted debris located in these distal locations support a 
meltwater drainage hypothesis via a northwest outlet (Hillaire-Marcel et al., 2013).  
Perhaps glacial Lake Agassiz drained subglacially and left no geomorphological evidence 
of water movement.  Subglacial routing of meltwater to the Arctic Ocean would also 
have produced a glacial meltwater signal in a variety of proxies.  There is still much 
debate and a lack of overwhelming evidence in support of one hypothesis versus another 
for glacial Lake Agassiz drainage.  However, I believe that ocean records, such as those 
reported by Lewis et al. (2012) and Hillaire-Marcel et al. (2013), may prove to be our 
best option when searching for the dominant meltwater drainage pathway and that our 
answer to glacial Lake Agassiz outflow is unlikely to be found in Great Lakes sediments.  
Nonetheless, outflows from deglacial impoundments in the Laurentian Great Lakes 
drainage system have been substantial and should be assessed further.   
5.2 Organic matter sources and primary productivity in Lake 
Ontario 
Deconvoluting changing lacustrine productivity from mixing of multiple terrestrial and 
aquatic sources using bulk OM proxies has proven to be a problem in Lake Ontario 
sediments.  Complexity arises because of the low abundances of total OM, the absence of 
visible OM, and the overlapping carbon-isotope compositions of terrestrial OM sources 
and aquatic algae.  Low abundances of OM and the absence of visible OM made it 
difficult to reach unambiguous conclusions based on bulk isotopic measurements.  It is 
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also difficult to ascertain the fate of the majority of terrestrial vegetation scraped away 
during glacial processes.  In particular, there seems to be a paucity of OM deposition 
and/or poor OM preservation within sediments from the deepest portions of the Great 
Lakes (Fritz et al., 1975; Silliman et al., 1996; McFadden et al., 2004; 2005; Hyodo and 
Longstaffe, 2011; Chapter 3, this thesis).  In the absence of visible OM and contradictory 
results from bulk OM proxies in Lake Ontario sediments during glacial periods, more 
unusual sources for the OM need to be considered.  One possibility is that most of the 
OM recorded in Great Lakes glacial sediments was highly degraded, and carried there 
sorbed on soil clay minerals.  Testing this hypothesis is an important subject for future 
work.   
Because of Lake Ontario’s well-known hydrologic history (Anderson and Lewis, 2012), 
it was easier to discriminate between changes in OM sources and varying lacustrine 
productivity during post-glacial periods – especially during hydrologic closure.  Echoing 
the words of Lewis et al. (2011), this episode of hydraulic closure and coincidental 
Holocene warming “will provide new evidence of climate-hydrology sensitivity, and add 
confidence to modeled projections of future lake conditions”.  The onset of hydraulic 
closure was part of a continental-scale shift in atmospheric (jet stream) circulation and 
climate zones, owing to the residual presence of the LIS (Shuman et al., 2002).  What this 
period of hydraulic closure does provide is an example of the sensitivity of even a large 
lake such as Lake Ontario to climates different than present.  
The abundances and compound-specific carbon-isotope compositions of n-alkanes, 
complemented by pollen records from McAndrews (1994) and Terasmae (1980), has 
provided a better understanding of lacustrine paleoproductivity and source changes 
affecting ancestral Lake Ontario.  The n-alkane data suggest that OM in the glacial 
sediments likely arose from Sphagnum moss production, transported along with other 
detritus to Lake Ontario by the LIS.  In the absence of glacial deposition, a high 
proportion of Lake Ontario’s OM consisted of aquatic macrophytes.  In addition, during 
hydrologic closure – a period during which one might expect increased aquatic algal 
production – the n-alkane record shows only a modest enrichment in 13C that can be 
associated with increased algal production.  More generally, unambiguous trends in the 
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carbon isotopic composition of OM related to aquatic productivity, commonly described 
in studies of other lacustrine systems (e.g., Meyers and Ishiwatari, 1993; Meyers, 1994; 
Meyers, 1997), have proven difficult to identify in these Lake Ontario sediments.   
Perhaps the most fascinating story concerning OM source inputs arises from the 
terrestrial vegetation preserved in these Lake Ontario sediments.  Terrestrial n-alkanes 
entering Lake Ontario are characterized by increasing 
13
C-enrichment during periods of 
drought (water stress under cold/dry and warm/dry climatic conditions).  Upon 
establishment of wetter climatic conditions, the carbon-isotope compositions of n-alkanes 
most characteristic of terrestrial vegetation decrease almost immediately.  This signal 
may prove useful for identifying aridity and drought in other regions in the past. 
5.3 Concluding remarks and future directions  
Interpretation of paleolimnological data relies on a multi-proxy approach.  As apparent 
throughout this thesis, confounding results can arise when using only a single proxy for 
an environmental parameter.  A clearer view of how lakes change under varying 
environmental parameters requires the use of multiple proxies within a tightly defined 
chronology.  
Within this conceptual framework, I suggest several immediate directions for future 
research: 
 For the Lake Ontario sediments, and indeed those from the other Great Lakes, it is 
important to establish a secure chronology not solely based on limited 
radiocarbon dating and stratigraphic information.  Additional approaches could 
include paleosecular variation (PSV), natural-, remnant- and inherent-magnetism, 
pollen, and U/Th disequilibrium dating of shelly fauna.  Compound-specific 
14
C-
dating of n-alkanes and other biomolecules could also be attempted to establish 
the age of OM preserved in these sediments.  A robust chronology is needed 
before further efforts to draw connections between the Great Lakes region and 
global climate records are made.  
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 The final glacial lake impounded by the LIS, including Lake Trenton in the 
Ontario basin, released a large volume of freshwater to the Gulf of St. Lawrence 
with break-up of the LIS ice dam across the lower St. Lawrence River valley.  
This drainage occurred about 13,000 cal BP and was replaced by marine water to 
form the Champlain Sea (Richard and Occhietti, 2005, Rayburn et al., 2011).  The 
downstream effects of this catastrophic freshwater discharge should be evaluated 
as possibly contributing to the onset of suppression of Atlantic THC/MOC and the 
Younger Dryas cold event. 
 The nature of glacial meltwater delivery to ancestral Lake Ontario after ~13,000 
cal [11,100 
14
C] BP should be investigated further.  Oxygen-isotope records of 
shelly fauna from piston cores of lakes in the Fenelon Falls region could provide 
important information concerning the pathways and volume of glacial meltwater 
transported to Lake Ontario. 
 The hydrogen isotopic compositions of n-alkanes could provide insight into the 
isotopic composition of the water involved in their biosynthesis.  For the Lake 
Ontario system, this should provide an opportunity to confirm glacial meltwater 
involvement in aquatic vegetation, to test for extreme evaporation in lacustrine 
water bodies, and to identify water stress in terrestrial vegetation.    
 The composition (macromolecular, chemical, isotopic) of OM associated with 
glacial and post-glacial clay minerals contained in Lake Ontario sediments should 
be determined, and compared with the results obtained for the whole sediment.  
Comparison with appropriate soil clays from tills and related glacial deposits 
should also be made.  Further afield, one might also examine sediments found in 
the Orca basin of the Gulf of Mexico.  Williams et al. (2012) used clay 
mineralogy to suggest that these sediments originated in the Great Lakes region, 
and were transported southward by meltwater routed through the Mississippi 
River.  Isotopic examination of these clays and the OM they retain could provide 
a more robust test of this idea.   
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 Macrophytes represent a significant category of aquatic plants that played a large 
role in the OM history of the Lake Ontario sediments described here.  A 
systematic study of the n-alkane compositions and carbon- and hydrogen-isotope 
compositions of individual n-alkanes from submergent, floating and emergent 
macrophytes would provide a much firmer baseline for paleolimnological 
interpretation of such data. 
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Appendices 
Appendix I provides digital images of each core (Core 1334; Niagara basin, Core 1335; 
Mississauga basin, and Core 1336; Rochester basin), divided into ~1 m intervals.  Core 
descriptions include general commentary, grain-size measurements, Munsell Soil Colour 
Charts (2000) classifications and correlations to other studies (Hutchinson et al., 1993; 
Pippert et al., 1996).   
   
                                                
       
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
154 
 
 
  
1
5
4
 
 
1
5
4
 
  
 
1
5
4
 
 
1
5
4
 
 
Core 1334: 0.00-1.00 m 
• No sediment from 0.00 to 0.48 m 
• Some oxidized iron sulfide, yellowish red (5Y 5/8) 
• Massive, dark grayish brown (10YR 4/2) 
throughout section 
• Unit E (Hutchinson et al., 1993), Unit 1 (Pippert et 
al., 1996)  
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Core 1334: 1.00-2.00 m 
• No sediment from 1.00 to 1.07 m 
• Very watery 
• Some oxidized iron sulfide, yellowish red (5Y 5/8) 
• Massive, dark grayish brown (10YR 4/2) 
throughout section 
• Grain size at 1.205 m (diameter 50 %) is 8.23 μm  
• Unit E (Hutchinson et al., 1993), Unit 1 (Pippert et 
al., 1996)  
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Core 1334: 2.00-3.00 m 
• No sediment from 2.00 to 2.04 m 
• Very watery 
• Iron sulfide, yellowish red (5Y 5/8) 
• Black banding millimeters  in size throughout section 
• Massive, dark grayish brown (10YR 4/2) throughout 
section 
• Grain size at 2.105 m (diameter 50 %) is 6.67 μm  
• Unit E (Hutchinson et al., 1993), Unit 1 (Pippert et 
al., 1996)  
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Core 1334: 3.00-4.21 m 
• Abundance of iron sulfide, black 
• Black banding millimeters  to centimeters  in size 
throughout section 
• Massive, dark grayish brown (10YR 4/2) throughout 
section 
• Some oxidized iron sulfide spheres, yellowish red 
(5Y 5/8) 
• Grain size at 3.105 m (diameter 50 %) is 5.13 μm  
• Unit E (Hutchinson et al., 1993), Unit 1 (Pippert et 
al., 1996) 
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Core 1334: 4.34-5.00 m 
• No sediment from 4.00 to 4.04 m 
• Exposed shelly material 
• Oxidized iron sulfide banding millimeters to 
centimeters in size, yellowish red (5Y 5/8),  most 
likely black, reduced upon core splitting 
• Massive, dark grayish brown (10YR 4/2) 
throughout section 
• Grain size at 4.505 m (diameter 50 %) is 7.20 μm  
• Unit E (Hutchinson et al., 1993), Unit 1 (Pippert et 
al., 1996)  
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Core 1334: 5.00-6.00 m 
• Exposed shelly material 
• Oxidized iron sulfide banding millimeters to 
centimeters in size, yellowish red (5Y 5/8),  most 
likely black, reduced upon core splitting 
• Massive, dark grayish brown (10YR 4/2) 
throughout section 
• Bottom of the core section (5.80-6.00 m) looks 
denser than the top 
• Grain size at 5.315 m (diameter 50 %) is 6.92 μm  
• Unit E (Hutchinson et al., 1993), Unit 1 (Pippert et 
al., 1996) 
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Core 1334: 6.00-7.00 m 
• No sediment from 6.00 to 6.06 m  
• Banding centimeters in size at 6.79 m, appears to 
be an increase in grain-size in banding 
• Some oxidized iron sulfide at 6.75 m, yellowish red 
(5YR 5/8) 
• Massive, dark grayish brown (10YR 4/2) 
throughout section 
• Section is very dense with respect to the other 
sediment core sections 
• Grain size at 6.185 m (diameter 50 %) is 6.40 μm  
• Transition from Unit E (Hutchinson et al., 1993), 
Unit 1 (Pippert et al., 1996) at 6.75 m to Unit D 
(Hutchinson et al., 1993), Unit 2c? (Pippert et al., 
1996) 
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Core 1334: 7.00-8.00 m 
• No sediment from 7.00 to 7.03 m  
• Transition to glacial lacustrine clays 
• Faint pink banding millimeters in size, difficult to 
classify with Munsell Color Chart 
• Massive, grayish brown (10YR 5/2) throughout 
section 
• Section is very dense 
• Grain size at 7.105 m (diameter 50 %) is 8.22 μm  
• Unit D? (Hutchinson et al., 1993), Unit 2c? 
(Pippert et al., 1996) 
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Core 1334: 8.00-9.00 m 
• Faint pink banding millimeters in size, stops at 8.05 
m 
• Massive, grayish brown (10YR 5/2) unit between 
8.06 to 8.22 m 
• Weak red (2.5YR 4/2) throughout section 
• Grain size at 8.105 m (diameter 50 %) is 4.77 μm  
• Grain size at 8.905 m (diameter 50 %) is 9.47 μm  
• Unit D? (Hutchinson et al., 1993), Unit 2b? 
(Pippert et al., 1996) 
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Core 1334: 9.00-10.00 m 
• No sediment from 9.00 to 10.06 m  
• Top of the core section, 9.06 to 9.10 m has a weak 
red (2.5YR 4/2) lithological unit  
• Faint pink banding millimeters to centimeters in 
size from 9.10 to 10.00 m 
• Massive, grayish brown (10YR 5/2) unit from 9.10 
to 10.00 m 
• Unit D? (Hutchinson et al., 1993), Unit 2b? 
(Pippert et al., 1996) 
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Core 1334: 10.00-10.57 m 
• Faint pink banding millimeters to centimeters in 
size 
• Massive, grayish brown (10YR 5/2) throughout 
section  
• Grain size at 10.105 m (diameter 50 %) is 3.41 μm  
• Unit D? (Hutchinson et al., 1993), Unit 2b? 
(Pippert et al., 1996) 
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Core 1334: 10.84-12.00 m 
• No sediment from 10.80 to 10.84 m  
• Very pronounced centimeter size pink banding 
from 10.84 to 11.70 m  
• Clay/silt balls throughout section, overlaps pink 
laminations 
• Sediment is grayish brown (10YR 5/2) throughout 
section 
• Grain size at 11.105 m (diameter 50 %) is 3.63 μm  
• Transition from Unit D (Hutchinson et al., 1993), 
Unit 2c? (Pippert et al., 1996) to Unit C 
(Hutchinson et al., 1993), Unit 2a? (Pippert et al., 
1996) at 10.84 m 
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Core 1334: 12.00-13.00 m 
• Gray band from 12.10 to 12.15 m 
• Greater than 12.15 m sediment is grayish brown 
(10YR 5/2) 
• Silt balls within clays 
• Faint pink banding millimeters to centimeters in 
size from 12.15 to 12.97 m 
• Coarser grained band sediment at 12.45 m  
• Numerous light-gray silt balls centimeters in size 
• Grain size at 12.105 m (diameter 50 %) is 3.56 μm  
• Grain size at 12.395 m (diameter 50 %) is 2.95 μm  
• Transition from Unit C (Hutchinson et al., 1993), 
Unit 2a? (Pippert et al., 1996) to Unit D 
(Hutchinson et al., 1993), Unit 3 (Pippert et al., 
1996) at 12.97 m  
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Core 1334: 13.00-14.00 m 
• Mainly featureless sediment 
• Massive, grayish brown (10YR 5/2) sediment 
throughout 
• Some silt balls, light-gray in colour  
• Decrease in pink banding frequency, almost none 
• Grain size at 13.505 m (diameter 50 %) is 2.86 μm  
• Unit D (Hutchinson et al., 1993), Unit 3 (Pippert et 
al., 1996) 
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Core 1334: 14.00-15.00 m 
• No sediment from 14.00 to 14.04 m and void from 
14.88 to 14.90 m   
• Mainly featureless sediment 
• Massive, grayish brown (10YR 5/2) sediment 
throughout 
• Some silt balls, light-gray in colour  
• Grain size at 14.195 m (diameter 50 %) is 2.85 μm  
• Unit D (Hutchinson et al., 1993), Unit 3 (Pippert et 
al., 1996) 
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Core 1335: 0.00-1.00 m 
• No sediment from 0.00 to 0.05 m 
• Oxidized iron sulfide, yellowish red (5Y 5/8) 
• Massive, dark grayish brown (10YR 4/2) throughout 
section 
• Very watery 
• Grain size at 0.505 m (diameter 50 %) is 9.47 μm  
• Unit E (Hutchinson et al., 1993), Unit 1 (Pippert et 
al., 1996) 
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Core 1335: 1.00-2.00 m 
• No sediment from 1.00 to 1.01 m 
• Oxidized iron sulfide banding millimeters in size, 
yellowish red (5Y 5/8) 
• Massive, dark grayish brown (10YR 4/2) 
throughout section 
• Iron sulfide ball at 1.86 m 
• Grain size at 1.595 m (diameter 50 %) is 5.34 μm  
• Unit E (Hutchinson et al., 1993), Unit 1 (Pippert et 
al., 1996)  
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Core 1335: 2.00-3.00 m 
• No sediment from 2.38 to 2.41 m 
• Oxidized iron sulfide balls throughout section, 
yellowish red (5Y 5/8) 
• Massive, dark grayish brown (10YR 4/2) 
throughout section 
• Dry desiccation cracks throughout section 
• Grain size at 2.105 m (diameter 50 %) is 8.34 μm  
• Unit E (Hutchinson et al., 1993), Unit 1 (Pippert et 
al., 1996) 
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Core 1335: 3.00-4.00 m 
• Dry desiccation cracks from 3.00 to 3.30 m 
• Oxidized iron sulfide bands throughout section, 
yellowish red (5Y 5/8) 
• Massive, dark grayish brown (10YR 4/2) 
throughout section 
• Dry desiccation cracks throughout section 
• Grain size at 3.105 m (diameter 50 %) is 6.81 μm  
• Unit E (Hutchinson et al., 1993), Unit 1 (Pippert et 
al., 1996)  
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Core 1335: 4.00-5.00 m 
• No sediment from 4.00 to 4.01 m, 4.20 to 4.40 m 
and 4.73 to 4.77 m 
• Watery sediment from 4.77 to 4.97 m 
• Black banding throughout section, oxidized iron 
sulfide bands millimeters in size, yellowish red (5Y 
5/8) 
• Massive, dark grayish brown (10YR 4/2) 
throughout section 
• Grain size at 4.105 m (diameter 50 %) is 6.49 μm  
• Unit E (Hutchinson et al., 1993), Unit 1 (Pippert et 
al., 1996) 
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Core 1335: 5.00-6.15 m 
• No sediment from 5.00 to 5.02 m 
• Faint black (10YR 2/1) bands, barely visible 
• Some oxidized iron sulfide balls from 5.05 to 5.25 m, 
yellowish red (5YR 5/8)  
• Massive, dark grayish brown (10YR 4/2) throughout 
section 
• Grain size at 5.105 m (diameter 50 %) is 5.46 μm  
• Grain size at 6.105 m (diameter 50 %) is 5.25 μm 
• Unit E (Hutchinson et al., 1993), Unit 1 (Pippert et 
al., 1996) 
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Core 1335: 6.15-7.00 m 
• No sediment from 6.15 to 6.16 m 
• Faint black (10YR 2/1) banding millimeters to 
centimeters in size  
• Sediment colour changing, grayish brown (10YR 
5/2) 
• Some oxidized iron sulfide at the top of this section 
• Transition from Unit E (Hutchinson et al., 1993), 
Unit 1 (Pippert et al., 1996) to Unit D (Hutchinson 
et al., 1993), Unit 2c? (Pippert et al., 1996) at 6.20 
m 
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Core 1335: 7.00-8.00 m 
• No sediment from 7.00 to 7.05 m 
• Faint pink banding millimeters in size, weak red 
(2.5YR 5/2), difficult to classify with Munsell 
Colour Chart because of small size, banding occurs 
throughout core 
• Grayish brown (10YR 5/2) throughout section 
• Some oxidized iron sulfide at the top of this section 
• Grain size at 7.105 m (diameter 50 %) is 4.02 μm 
• Unit D (Hutchinson et al., 1993), Unit 2c? (Pippert 
et al., 1996) 
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Core 1335: 8.00-9.23 m 
• Very pronounced pink banding, perhaps rhythmites 
or annual laminations, millimeters to centimeters in 
size, weak red (2.5YR 5/2)  
• Grayish brown (10YR 5/2) throughout section 
• Grain size at 8.105 m (diameter 50 %) is 6.87 μm 
• Grain size at 8.505 m (diameter 50 %) is 4.92 μm 
• Grain size at 9.105 m (diameter 50 %) is 3.92 μm 
• Transition from Unit D (Hutchinson et al., 1993), 
Unit 2c? (Pippert et al., 1996) to Unit C (Hutchinson 
et al., 1993), Unit 2a? (Pippert et al., 1996) at 9.00 m  
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Core 1335: 9.23-10.00 m 
• Very large pink band from 9.45 to 9.47 m and 9.65 
to 9.67 m, weak red (2.5YR 5/2) 
• Faint black (10YR 2/1) banding millimeters to 
centimeters in size  
• Glacial lacustrine clay 
• Grayish brown (10YR 5/2) throughout section 
• Unit C (Hutchinson et al., 1993), Unit 2a? (Pippert 
et al., 1996) 
  
 
179 
 
 
  
1
7
9
 
 
1
7
9
 
  
 
1
7
9
 
 
1
7
9
 
 
Core 1335: 10.00-11.00 m 
• Very prominent pink banding, weak red (10R 5/3) 
• Pink banding very frequent from 10.00 to 10.65 m, 
millimeters to centimeters in size 
• Three very large ~1.5 cm bands at 10.64, 10.76 and 
10.89 m 
• Grayish brown (10YR 5/2) throughout section 
• No sediment from 10.235 to 10.245 m 
• Grain size at 10.105 m (diameter 50 %) is 5.61 μm  
• Unit C (Hutchinson et al., 1993), Unit 2a? (Pippert 
et al., 1996) 
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Core 1335: 11.00-12.37 m 
• Less frequent pink banding, weak red (2.5YR 5/2)  
• Grayish brown (10YR 5/2) throughout section 
• Grain size at 11.105 m (diameter 50 %) is 1.84 μm 
• Grain size at 12.105 m (diameter 50 %) is 1.98 μm 
• Unit C (Hutchinson et al., 1993), Unit 2a? (Pippert et 
al., 1996) 
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Core 1335: 12.37-13.00 m 
• Massive, grayish brown (10YR 5/2) throughout 
section 
• Horizontal pink banding absent 
• Transition from Unit C (Hutchinson et al., 1993), 
Unit 2a? (Pippert et al., 1996) to Unit D 
(Hutchinson et al., 1993), Unit 3 (Pippert et al., 
1996) at 12.37 m 
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Core 1335: 13.00-14.00 m 
• Massive, grayish brown (10YR 5/2) throughout 
section 
• Grain size at 13.105 m (diameter 50 %) is 2.47 μm 
• Unit D (Hutchinson et al., 1993), Unit 3 (Pippert et 
al., 1996) 
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Core 1335: 14.00-15.00 m 
• Massive, grayish brown (10YR 5/2) throughout 
section 
• Two silt balls present ~1 cm in diameter at 14.37 
and 14.92 m 
• Grain size at 14.105 m (diameter 50 %) is 1.97 μm 
• Grain size at 14.595 m (diameter 50 %) is 1.83 μm 
• Unit D (Hutchinson et al., 1993), Unit 3 (Pippert et 
al., 1996) 
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Core 1335: 15.00-16.00 m 
• Massive, grayish brown (10YR 5/2) throughout 
section 
• Minor vertical streaking (distortion) caused by 
drawn in sediment during coring process 
• Grain size at 15.105 m (diameter 50 %) is 1.94 μm 
• Unit D (Hutchinson et al., 1993), Unit 3 (Pippert et 
al., 1996) 
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Core 1335: 16.00-17.00 m 
• Silt ball 1.5 cm in diameter at 16.25 m 
• Massive, grayish brown (10YR 5/2) throughout 
section 
• Minor vertical streaking of pink bands caused by 
drawn up sediment during the coring process 
• Dark spots, from 16.53 to 16.74 m, very dark 
grayish brown (10YR 3/2)  
• Grain size at 16.105 m (diameter 50 %) is 2.05 μm 
• Unit D (Hutchinson et al., 1993), Unit 3 (Pippert et 
al., 1996) 
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Core 1335: 17.00-18.30 m 
• Massive, grayish brown (10YR 5/2) throughout 
section 
• Minor vertical streaking of pink bands caused by 
drawn up sediment during the coring process 
• Grain size at 17.105 m (diameter 50 %) is 2.15 μm 
• Grain size at 18.105 m (diameter 50 %) is 2.00 μm 
• Unit D (Hutchinson et al., 1993), Unit 3 (Pippert et 
al., 1996)  
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Core 1336: 0.49- 1.00 m 
• No sediment from 0.00 to 0.49 m 
• Very watery 
• Black bands throughout core, ~0.5 cm thick 
• Massive, dark grayish brown (10YR 4/2) 
throughout section 
• Unit E (Hutchinson et al., 1993), Unit 1 (Pippert et 
al., 1996) 
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Core 1336: 1.00-2.00 m 
• Less watery 
• Black bands throughout core, thickening towards 
the base of the section to ~1.0 cm  
• Massive, dark grayish brown (10YR 4/2) 
throughout section 
• Grain size at 1.105 m (diameter 50 %) is 5.99 μm  
• Unit E (Hutchinson et al., 1993), Unit 1 (Pippert et 
al., 1996)  
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Core 1336: 2.00-3.00 m 
• Negligible water 
• Black bands throughout core, ~0.2 cm at the top of 
the core thickening to 0.5 cm near the base of the 
section 
• Massive, dark grayish brown (10YR 4/2) 
throughout section 
• Grain size at 2.195 m (diameter 50 %) is 6.12 μm  
• Unit E (Hutchinson et al., 1993), Unit 1 (Pippert et 
al., 1996)  
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Core 1336: 3.00-4.00 m 
• Negligible water 
• Black bands throughout core, ~0.2 cm thick 
• Massive, dark grayish brown (10YR 4/2) 
throughout section 
• Grain size at 3.105 m (diameter 50 %) is 5.04 μm  
• Unit E (Hutchinson et al., 1993), Unit 1 (Pippert et 
al., 1996)  
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Core 1336: 4.00-5.00 m 
• No water 
• No sediment from 4.00 to 4.04 m 
• Interclasts, ~1.0 cm in diameter at 4.13 m in core 
section 
• Black banding from 4.04 to 4.34 m and continues 
from 4.49 to 4.67 m 
• Massive, dark grayish brown (10YR 4/2) 
throughout sections of black banding 
• Colour changing, grayish brown (10YR 5/2) 
sediment from 4.34 to 4.49 m and 4.67 m to the 
base of the section  
• Faint black dots from 4.58 to 4.72 m 
• Increased core density 
• Grain size at 4.145 m (diameter 50 %) is 5.41 μm  
• Transition from Unit E (Hutchinson et al., 1993), 
Unit 1 (Pippert et al., 1996) to Unit D? (Hutchinson 
et al., 1993), Unit 2b? (Pippert et al., 1996) at 4.62 
m  
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Core 1336: 5.00-6.17 m 
• No sediment from 5.67 to 5.79 m 
• No distinct banding 
• Mainly featureless 
• Massive, grayish brown (10YR 5/2) sediment 
throughout 
• Grain size at 5.105 m (diameter 50 %) is 3.54 μm  
• Grain size at 6.105 m (diameter 50 %) is 3.04 μm  
• Unit D? (Hutchinson et al., 1993), Unit 2b? (Pippert 
et al., 1996) 
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Core 1336: 6.42-7.00 m  
• Massive, grayish brown (10YR 5/2) throughout 
section  
• Grain size at 6.905 m (diameter 50 %) is 3.19 μm  
• Unit D? (Hutchinson et al., 1993), Unit 2b? 
(Pippert et al., 1996) 
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Core 1336: 7.00-8.00 m 
• No sediment from 7.00 to 7.15 m 
• Massive, grayish brown (10YR 5/2) sediment 
throughout 
• Faint pink banding, difficult to classify with 
Munsell Color Chart 
• Grain size at 7.295 m (diameter 50 %) is 7.49 μm  
• Unit D? (Hutchinson et al., 1993), Unit 2b? 
(Pippert et al., 1996) 
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Core 1336: 8.00-9.00 m 
• Massive, grayish brown (10YR 5/2) sediment 
throughout 
• Faint pink banding throughout section, millimeters 
in size, weak red (2.5YR 5/2)  
• Grain size at 8.105 m (diameter 50 %) is 3.13 μm  
• Transition from Unit D? (Hutchinson et al., 1993), 
Unit 2b? (Pippert et al., 1996) to Unit C 
(Hutchinson et al., 1993), Unit 2a? (Pippert et al., 
1996) at 9.00 m 
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Core 1336: 9.00-10.00 m 
• Massive, grayish brown (10YR 5/2) sediment 
throughout 
• Weak red (2.5YR 5/2) banding throughout section, 
millimeters to centimeters in size 
• Grain size at 9.105 m (diameter 50 %) is 2.32 μm  
• Unit C (Hutchinson et al., 1993), Unit 2a? (Pippert 
et al., 1996) 
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Core 1336: 10.00-11.00 m 
• Massive, grayish brown (10YR 5/2) sediment 
throughout 
• Weak red (2.5YR 5/2) banding throughout section, 
millimeters to centimeters in size 
• Grain size at 10.105 m (diameter 50 %) is 1.79 μm  
• Unit C (Hutchinson et al., 1993), Unit 2a? (Pippert 
et al., 1996) 
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Core 1336: 11.00-12.00 m 
• Massive, grayish brown (10YR 5/2) sediment 
throughout 
• Weak red (2.5YR 5/2) banding throughout section, 
millimeters in size 
• Grain size at 11.105 m (diameter 50 %) is 2.03 μm  
• Unit C (Hutchinson et al., 1993), Unit 2a? (Pippert 
et al., 1996) 
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Core 1336: 12.00-12.62 m 
• Massive, grayish brown (10YR 5/2) sediment 
throughout 
• Weak red (2.5YR 5/2) banding throughout section, 
millimeters in size 
• Grain size at 12.105 m (diameter 50 %) is 1.66 μm  
• Unit C (Hutchinson et al., 1993), Unit 2a? (Pippert 
et al., 1996) 
 
Core 1336: 12.72-13.00 m 
• Massive, grayish brown (10YR 5/2) sediment 
throughout 
• Weak red (2.5YR 5/2) banding throughout section, 
millimeters in size 
• Unit C (Hutchinson et al., 1993), Unit 2a? (Pippert 
et al., 1996) 
 
200 
 
 
  
2
0
0
 
 
2
0
0
 
  
 
2
0
0
 
 
2
0
0
 
 
Core 1336: 13.00-14.00 m 
• Massive, grayish brown (10YR 5/2) sediment 
throughout 
• Weak red (2.5YR 5/2) banding throughout section, 
millimeters in size 
• Grain size at 13.105 m (diameter 50 %) is 1.73 μm  
• Unit C (Hutchinson et al., 1993), Unit 2a? (Pippert 
et al., 1996) 
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Core 1336: 14.00-15.00 m 
• Massive, grayish brown (10YR 5/2) sediment 
throughout 
• Weak red (2.5YR 5/2) banding throughout section, 
millimeters in size 
• Prominent weak red (2.5YR 5/2) banding at 14.73 
and 14.78 m  
• Grain size at 14.105 m (diameter 50 %) is 2.05 μm  
• Unit C (Hutchinson et al., 1993), Unit 2a? (Pippert 
et al., 1996) 
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Core 1336: 15.00-16.00 m 
• Massive, grayish brown (10YR 5/2) sediment 
throughout 
• Weak red (2.5YR 5/2) banding throughout section, 
millimeters in size  
• Grain size at 15.105 m (diameter 50 %) is 1.89 μm  
• Unit C (Hutchinson et al., 1993), Unit 2a? (Pippert 
et al., 1996) 
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Core 1336: 16.00-17.00 m 
• Massive, grayish brown (10YR 5/2) sediment 
throughout 
• Weak red (2.5YR 5/2) banding throughout section, 
millimeters in size 
• Minor vertical streaking of pink bands caused by 
drawn up sediment during the coring process 
• Grain size at 16.105 m (diameter 50 %) is 2.03 μm  
• Unit C (Hutchinson et al., 1993), Unit 2a? (Pippert 
et al., 1996) 
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Core 1336: 17.00-18.00 m 
• Massive, grayish brown (10YR 5/2) sediment 
throughout 
• Pronounced vertical, dark black streak is present, 
indication of sediment drawn up during the coring 
process  
• Silt ball at 17.95 m 
• Grain size at 17.105 m (diameter 50 %) is 1.97 μm  
• Unit C (Hutchinson et al., 1993), Unit 2a? (Pippert 
et al., 1996) 
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Core 1336: 18.00-18.75 m 
• Massive, grayish brown (10YR 5/2) sediment 
throughout, intermixed with light brown sediment 
(indication of drawn up sediment during the coring 
process) 
• Pronounced vertical streaking is present, indication 
of sediment drawn up during the coring process  
• Grain size at 18.305 m (diameter 50 %) is 2.33 μm  
• Unit C (Hutchinson et al., 1993), Unit 2a? (Pippert 
et al., 1996) 
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Appendix II reports the results obtained for isotopic and elemental standards.   
Ostracodes 
Standard δ13C   δ18O    Standard δ18O  
                   (‰, VPDB)   (‰, VSMOW)                                       (‰, VSMOW) 
Suprapur –35.35  +13.00    NBS–18 +7.22  
Suprapur –35.27  +13.11    NBS–18 +7.27 
Suprapur –35.22  +13.21    NBS–18 +7.10 
Suprapur –35.13  +13.17    NBS–18 +7.33 
Suprapur –35.43  +13.12    NBS–18 +7.07 
Suprapur –34.97  +13.06    NBS–18 +7.13 
Suprapur –35.59  +13.25    NBS–18 +7.23 
Suprapur –35.28  +13.25    NBS–18 +7.24 
Suprapur –35.26  +13.23    NBS–18 +7.27 
Suprapur –35.30  +13.23    NBS–18 +7.18 
Suprapur –35.16  +13.25    NBS–18 +7.14 
Suprapur –35.40  +13.24    NBS–18 +7.24 
Suprapur –35.25  +13.25    NBS–18 +7.16 
Suprapur –35.25  +13.23    NBS–18 +7.24 
Suprapur –35.34  +13.25    NBS–18 +7.16 
Suprapur –35.29  +13.17    NBS–18 +7.37 
Suprapur –35.27  +13.19    NBS–18 +7.15 
Suprapur –35.25  +13.38    NBS–18 +7.08 
Suprapur –35.30  +13.30    NBS–18 +7.28 
Suprapur –35.29  +13.24    NBS–18 +7.22 
Suprapur –35.28  +13.05    NBS–18 +7.11 
Suprapur –35.36  +13.20    NBS–18 +7.34 
Suprapur –35.12  +13.23    NBS–18 +7.31 
Suprapur –35.36  +13.12    NBS–18 +6.95 
Suprapur –35.28  +13.20    NBS–18 +7.20 
*Suprapur carbon isotopic composition    NBS–18 +7.31 
  defined by calibration curve.     *NBS–18 oxygen isotopic  
*Suprapur oxygen isotopic composition                                  composition defined by  
  is defined independently from calibration curve.     calibration curve. 
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Standard δ13C  δ18O   Standard δ13C  δ18O  
                   (‰, VPDB)   (‰, VSMOW)                        (‰, VPDB)   (‰, VSMOW) 
NBS–19 +1.90  +28.52  NBS–19 +1.94  +28.47   
NBS–19 +1.95  +28.57  NBS–19 +1.91  +28.41 
NBS–19 +1.98  +28.65  NBS–19 +1.95  +28.54 
NBS–19 +1.97  +28.66  NBS–19 +1.97  +28.68 
NBS–19 +1.95  +28.57  NBS–19 +1.93  +28.57 
NBS–19 +1.96  +28.59  NBS–19 +1.93  +28.63 
NBS–19 +1.95  +28.63  NBS–19 +1.96  +28.66 
NBS–19 +1.89  +28.57  NBS–19 +1.96  +28.51 
NBS–19 +1.98  +28.59  WS–1  +0.57  +26.15 
NBS–19 +1.97  +28.62  WS–1  +0.80  +26.25 
NBS–19 +1.97  +28.61  WS–1  +0.82  +26.29 
NBS–19 +1.94  +28.58  WS–1  +0.85  +26.49 
NBS–19 +1.94  +28.51  WS–1  +0.86  +26.53 
NBS–19 +1.94  +28.67  WS–1  +0.74  +26.18 
NBS–19 +1.97  +28.63  WS–1  +0.39  +26.16  
NBS–19 +1.93  +28.56  WS–1  +0.79  +26.18 
NBS–19 +1.93  +28.45  WS–1  +0.67  +26.17 
NBS–19 +2.00  +28.79  *WS–1 carbon and oxygen isotopic  
NBS–19 +1.94  +28.58     compositions are defined independently  
NBS–19 +1.96  +28.62     from calibration curve.  
NBS–19 +1.89  +28.47 
NBS–19 +1.92  +28.62 
NBS–19 +1.98  +28.65 
NBS–19 +2.00  +28.66 
NBS–19 +1.95  +28.57 
NBS–19 +1.95  +28.63 
NBS–19 +1.97  +28.75 
NBS–19 +1.95  +28.71 
NBS–19 +1.97  +28.65 
*NBS–19 carbon isotopic composition 
  defined by calibration curve. 
*NBS–19 oxygen isotopic composition 
  defined by calibration curve. 
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Bulk organic matter 
Standard TN  TOC  Standard TN  TOC  
                        (%)      (%)                          (%)       (%) 
LowOrg 0.13  1.75  LowOrg 0.14  1.90 
LowOrg 0.13  1.53  LowOrg 0.13  1.57 
LowOrg 0.13  1.50  LowOrg 0.13  1.52 
LowOrg 0.13  1.52  LowOrg 0.13  1.70 
LowOrg 0.14  1.85  LowOrg 0.13  1.54 
LowOrg 0.13  1.53  LowOrg 0.13  1.55 
LowOrg 0.13  1.51  LowOrg 0.12  1.44 
LowOrg 0.13  1.52  LowOrg 0.14  1.64 
LowOrg 0.13  1.63  LowOrg 0.14  1.58 
LowOrg 0.13  1.53  LowOrg 0.14  1.58 
LowOrg 0.13  1.51  LowOrg 0.13  1.69 
LowOrg 0.13  1.55  LowOrg 0.18  1.62 
LowOrg 0.13  1.50  LowOrg 0.16  1.60 
LowOrg 0.13  1.67  LowOrg 0.14  1.52 
LowOrg 0.13  1.50  LowOrg 0.12  1.52 
LowOrg 0.13  1.50  LowOrg 0.14  1.56 
LowOrg 0.14  1.59  LowOrg 0.13  1.49 
LowOrg 0.15  1.72  LowOrg 0.13  1.52 
LowOrg 0.13  1.47  LowOrg 0.11  1.50 
LowOrg 0.13  1.78  LowOrg 0.13  1.55 
LowOrg 0.12  1.52  LowOrg 0.13  1.54 
LowOrg 0.12  1.49  LowOrg 0.13  1.53 
LowOrg 0.12  1.47  LowOrg 0.12  1.52 
LowOrg 0.12  1.49    
LowOrg 0.13  1.60   
LowOrg 0.13  1.56   
LowOrg 0.13  1.54   
LowOrg 0.12  1.49   
*LowOrg= Low Organic Content Soil, percent total nitrogen (TN) and carbon (TOC) 
defined by calibration curve. 
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Standard TN  TOC  Standard TN  TOC  
                        (%)      (%)                          (%)       (%) 
HighOrg 0.46  6.34  HighOrg 0.46  6.08 
HighOrg 0.46  6.16  HighOrg 0.46  6.24 
HighOrg 0.46  6.07  HighOrg 0.46  6.14 
HighOrg 0.46  6.08  HighOrg 0.46  6.05 
HighOrg 0.46  6.32  HighOrg 0.46  6.20 
HighOrg 0.47  6.17  HighOrg 0.46  6.20 
HighOrg 0.46  6.06  HighOrg 0.46  6.07 
HighOrg 0.46  6.08  HighOrg 0.46  6.26 
HighOrg 0.46  6.07  HighOrg 0.46  6.10 
HighOrg 0.46  6.18  HighOrg 0.46  6.14 
HighOrg 0.46  6.34  HighOrg 0.46  5.98 
HighOrg 0.46  6.10  HighOrg 0.54  6.16 
HighOrg 0.46  6.10  HighOrg 0.48  6.29 
HighOrg 0.44  5.84  HighOrg 0.46  6.14 
HighOrg 0.46  6.13  HighOrg 0.44  5.98 
HighOrg 0.46  6.08  HighOrg 0.49  6.09 
HighOrg 0.46  6.12  HighOrg 0.47  6.21 
HighOrg 0.49  6.16  HighOrg 0.47  6.16 
HighOrg 0.47  6.11  HighOrg 0.45  6.00 
HighOrg 0.46  6.00  HighOrg 0.47  6.05 
HighOrg 0.45  6.03  HighOrg 0.46  6.05 
HighOrg 0.46  6.01  HighOrg 0.46  6.08 
HighOrg 0.46  6.13  HighOrg 0.46  6.15 
HighOrg 0.46  6.00  HighOrg 0.44  6.07   
HighOrg 0.45  6.06   
HighOrg 0.46  6.17   
HighOrg 0.46  6.12   
*HighOrg= High Organic Content Soil, percent total nitrogen (TN) and carbon (TOC) 
defined by calibration curve. 
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Standard     δ13C   Standard     δ13C    
                        (‰, VPDB)                                    (‰, VPDB)    
Keratin –24.12    
Keratin –24.05   IAEA–CH–6  –10.47  
Keratin –24.00   IAEA–CH–6  –10.50 
Keratin –24.09   IAEA–CH–6  –10.56 
Keratin –24.17   IAEA–CH–6  –10.58 
Keratin –23.97   IAEA–CH–6  –10.54 
Keratin –24.08   IAEA–CH–6  –10.53 
Keratin –24.05   IAEA–CH–6  –10.22 
Keratin –24.16   IAEA–CH–6  –10.29 
Keratin –23.97   IAEA–CH–6  –10.27 
Keratin –24.04   IAEA–CH–6  –10.30 
Keratin –24.25   IAEA–CH–6  –10.58 
Keratin –24.02   IAEA–CH–6  –10.40 
Keratin –23.99   USGS–41  +37.47 
Keratin –24.12   USGS–41  +37.37 
Keratin –24.14   USGS–41  +37.96 
Keratin –24.20   USGS–41  +37.57 
USGS–40 –26.44   USGS–41  +37.67 
USGS–40 –26.37   USGS–41  +37.56  
USGS–40 –26.39   USGS–41  +37.27 
USGS–40 –26.43   USGS–41  +38.10 
USGS–40 –26.34   USGS–41  +37.43 
USGS–40 –26.42   USGS–41  +37.78 
USGS–40 –26.44   USGS–41  +37.54 
USGS–40 –26.30 
USGS–40 –26.45 
USGS–40 –26.27 
USGS–40 –26.41 
USGS–40 –26.54 
* USGS–40, USGS–41 and IAEA–CH–6 carbon isotopic compositions are defined by the 
calibration curve. 
* Keratin carbon isotopic composition is defined independently from calibration curve 
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Standard δ15N      
                   (‰, AIR)                       
Keratin +6.36 
Keratin +6.43 
Keratin +6.50 
Keratin +6.44 
Keratin +6.46 
USGS–41 +47.57 
USGS–40 –4.57 
USGS–40 –4.43 
N2  +20.44 
N2  +20.34 
* USGS–40 and USGS–41 nitrogen isotopic compositions are defined by the calibration 
curve. 
* Keratin nitrogen isotopic composition is defined independently from calibration curve 
* N2 nitrogen isotopic composition is defined independently from calibration curve 
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n-Alkanes 
Standard: C16 to C30 n-alkane mixture from Indiana University, USA, (prepared by A. 
Schimmelmann) values in δ13C ‰ (VPDB). 
          C16 –26.15 –26.12 –26.13 –26.14 –26.05 –25.96 –26.13 –26.05 –26.28 
C17 –31.88 –31.64 –31.72 –31.76 –31.56 –31.63 –31.70 –31.55 –31.36 
C18 –31.11 –30.83 –31.01 –30.87 –30.91 –30.92 –30.77 –30.73 –30.55 
C19 –31.99 –31.92 –31.95 –31.84 –31.82 –31.86 –31.90 –31.64 –31.47 
C20 –32.35 –32.29 –32.35 –32.50 –32.20 –32.20 –32.34 –31.91 –31.70 
C21 –29.10 –29.13 –29.15 –28.99 –29.01 –29.28 –29.15 –28.85 –28.78 
C22 –32.87 –32.86 –32.91 –32.70 –32.79 –32.91 –32.90 –32.50 –32.21 
C23 –31.77 –31.72 –31.68 –31.83 –31.90 –31.71 –31.74 –31.77 –31.29 
C24 –33.34 –33.40 –33.28 –33.53 –33.53 –33.44 –33.35 –33.25 –32.75 
C25 –28.48 –28.51 –28.50 –28.52 –28.71 –28.60 –28.68 –28.70 –28.81 
C26 –32.94 –33.03 –33.07 –32.97 –32.90 –32.94 –32.91 –33.13 –32.78 
C27 –30.49 –30.58 –30.48 –30.56 –30.59 –30.61 –30.36 –30.91 –30.53 
C28 –32.21 –32.34 –32.22 –32.03 –32.30 –32.32 –32.50 –32.52 –32.22 
C29 –31.08 –31.19 –31.29 –31.11 –31.28 –31.05 –31.31 –31.69 –31.27 
C30 –29.84 –30.04 –29.84 –30.26 –30.06 –30.18 –29.86 –30.38 –30.10 
 
 
 
 
Compound 
 
Mean 
δ13C (‰, VPDB) 
Standard 
deviation 
Actual 
δ13C (‰, VPDB) 
C16 –26.11 0.09 –26.15 
C17 –31.61 0.12 –31.88 
C18 –30.82 0.14 –31.11 
C19 –31.80 0.16 –31.99 
C20 –32.19 0.26 –32.35 
C21 –29.04 0.17 –29.10 
C22 –32.72 0.25 –32.87 
C23 –31.70 0.18 –31.77 
C24 –33.32 0.25 –33.34 
C25 –28.63 0.11 –28.48 
C26 –32.97 0.11 –32.94 
C27 –30.58 0.16 –30.49 
C28 –32.31 0.16 –32.21 
C29 –31.27 0.19 –31.08 
C30 –30.09 0.19 –29.84 
5α-androstane –31.20 0.14 –31.66 
213 
 
 
  
2
1
3
 
 
2
1
3
 
  
 
2
1
3
 
 
2
1
3
 
Appendix III describes the sediment depths and age of grain-size measurements 
obtained.  
Core 1334- Niagara basin           
Depth 
(m) 
Age 
(cal BP) 
Diameter at 50 % 
(μm)      
Mean diameter 
(μm) 
1.205 2752 8.23 9.50 
2.105 4423 6.67 7.92 
3.105 6238 5.13 6.52 
4.505 8648 7.20 8.67 
5.315 10042 6.92 8.43 
6.185 11517 6.40 8.00 
7.105 12549 8.22 10.04 
8.105 12742 4.77 7.96 
8.905 12896 9.47 12.62 
10.105 13128 3.41 5.03 
11.105 13423 3.63 5.09 
12.105 14005 3.56 6.34 
12.395 14174 2.23 3.71 
13.195 15116 2.95 5.30 
13.505 15713 2.86 4.63 
14.195 16700 2.85 5.21 
 
Core 1335- Mississauga basin            
Depth 
(m) 
Age 
(cal BP) 
Diameter at 50 % 
(μm)      
Mean diameter 
(μm) 
1.595 3279 5.34 6.47 
2.105 4163 8.34 9.72 
3.105 5978 6.81 8.32 
4.105 8535 6.49 7.84 
5.105 11091 5.46 6.66 
6.105 12376 5.25 7.50 
7.105 12702 4.02 5.74 
8.105 12945 6.87 9.06 
8.505 13043 4.92 7.14 
9.105 13189 3.92 5.90 
10.105 13521 5.61 7.06 
11.105 13896 1.84 2.67 
12.105 14377 1.98 2.65 
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13.105 15010 2.47 3.72 
14.105 15437 1.97 2.74 
14.595 15646 1.83 2.47 
15.105 15864 1.94 2.59 
16.105 16291 2.05 2.82 
17.105 16680 2.15 3.21 
18.105 
 
2.00 2.78 
 
Core 1336- Rochester basin         
Depth 
(m) 
Age 
(cal BP) 
Diameter at 50 % 
(μm)      
Mean diameter 
(μm) 
2.195 6812 6.12 7.37 
3.105 8494 5.04 6.30 
4.145 10416 5.41 6.76 
5.105 12571 3.54 4.80 
6.105 12751 3.04 4.01 
6.905 12895 3.19 4.71 
7.295 12965 7.49 9.17 
8.105 13111 3.13 4.25 
9.105 13312 2.32 3.18 
10.105 13702 1.79 2.36 
11.105 14092 2.03 2.88 
12.105 14336 1.66 2.22 
13.105 14483 1.73 2.30 
14.105 14630 2.05 2.84 
15.105 14777 1.89 2.68 
16.105 14924 2.03 3.03 
17.105 
 
1.97 2.75 
18.305 
 
2.33 3.36 
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Appendix IV reports the mineralogy for each core as determined by powder X-ray diffraction.  
Core 1334- Niagara basin                
                         Weighted peak height (%) 
Depth  
(m) 
Age 
(cal BP) 
Quartz 
 
Plagioclase 
 
Potassium- 
Feldspar 
Kaolinte 
(0.7 nm) 
Illite 
(1.0 nm) 
Chlorite 
(1.4 nm) 
Calcite 
 
Dolomite 
 
0.995 2362 73 5 1 6 12 2 1 1 
1.205 2752 78 6 1 5 8 1 1 1 
2.105 4423 82 5 1 4 3 1 1 3 
2.905 5894 60 4 5 7 12 3 8 1 
3.105 6238 67 4 1 4 4 1 13 6 
4.505 8648 70 5 1 5 7 1 10 2 
5.305 10025 66 4 3 4 6 1 13 2 
5.315 10042 66 4 3 4 6 1 13 2 
6.185 11517 63 8 1 5 4 1 14 4 
6.195 11534 62 7 2 5 6 2 12 3 
7.105 12549 64 9 1 3 2 2 15 3 
8.105 12742 62 8 3 5 8 4 6 4 
8.905 12896 63 8 3 2 6 1 14 4 
10.105 13128 56 8 2 4 9 3 14 5 
10.505 13205 57 7 2 5 6 2 18 4 
11.105 13423 47 7 3 6 9 2 21 5 
11.395 13592 57 5 1 6 7 3 17 4 
12.105 14005 52 5 2 5 7 2 24 4 
12.395 14147 35 8 2 6 12 3 26 6 
12.905 14627 30 25 3 3 3 2 31 4 
13.195 15116 46 7 2 6 6 1 27 5 
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13.505 15713 44 7 1 7 10 2 25 4 
14.195 16700 37 5 3 8 9 4 30 5 
14.905 
 
71 5 2 4 5 1 9 4 
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Core 1335- Mississauga basin     
                Weighted peak height (%)  
Depth  
(m) 
Age 
(cal BP) 
Quartz 
 
Plagioclase 
 
Potassium- 
Feldspar 
Kaolinte 
(0.7 nm) 
Illite 
(1.0 nm) 
Chlorite 
(1.4 nm) 
Calcite 
 
Dolomite 
 
0.995 2240 77 5 1 6 8 1 1 1 
1.595 3279 70 6 1 6 9 1 5 3 
2.105 4163 64 5 1 3 8 4 13 2 
3.105 5978 56 3 2 5 7 1 23 2 
3.395 6720 61 2 1 4 10 1 18 2 
4.105 8535 45 4 2 4 9 1 32 2 
5.105 11091 57 7 1 5 7 3 17 3 
5.395 11623 60 5 1 5 8 1 16 5 
6.105 12376 62 4 1 3 6 2 19 3 
6.505 12556 58 6 3 5 8 2 15 3 
7.105 12702 54 8 1 4 9 2 18 4 
7.505 12799 61 5 2 4 8 1 17 3 
7.995 12919 54 7 1 5 4 1 25 4 
8.105 12945 59 7 2 4 4 1 20 3 
8.505 13043 52 8 3 5 8 3 17 4 
9.105 13189 53 10 4 4 9 4 12 5 
9.505 13296 57 15 3 5 7 1 9 3 
10.105 13521 62 7 2 5 4 2 15 4 
10.905 13821 68 8 1 5 7 2 6 3 
11.105 13896 48 13 6 6 18 4 3 3 
12.105 14377 46 14 4 9 16 6 4 2 
12.705 14839 59 9 3 6 12 1 6 3 
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13.105 15010 58 12 2 5 12 2 5 4 
13.905 15352 49 12 8 7 17 3 1 4 
14.105 15437 38 12 5 10 20 8 3 3 
14.595 15646 41 13 6 12 19 4 2 3 
15.105 15864 42 14 5 8 20 4 4 4 
16.105 16291 43 13 6 14 13 2 4 5 
17.105 16680 46 12 6 8 16 7 2 3 
17.705 
 
45 12 5 6 22 4 3 3 
18.105 
 
44 15 4 8 17 5 5 1 
 
 
 
 
 
 
 
 
 
 
 
 
 
  
   
2
1
9
 
 
2
1
9
 
  
 
2
1
9
 
 
2
1
9
 
 
2
1
9
 
Core 1336- Rochester basin                        
                  Weighted peak height (%)   
Depth  
(m) 
Age 
(cal BP) 
Quartz 
 
Plagioclase 
 
Potassium- 
Feldspar 
Kaolinte 
(0.7 nm) 
Illite 
(1.0 nm) 
Chlorite 
(1.4 nm) 
Calcite 
 
Dolomite 
 
1.595 5701 62 4 2 6 8 2 14 3 
2.195 6812 53 5 1 4 7 3 26 2 
3.105 8494 54 4 1 5 9 2 22 3 
3.795 9769 43 2 1 4 8 1 38 3 
4.145 10416 43 3 1 4 6 2 38 3 
4.905 12535 63 5 1 7 10 1 11 3 
5.105 12571 58 5 2 8 11 2 11 4 
5.705 12679 62 5 2 6 6 3 13 3 
6.105 12751 50 5 2 7 12 5 15 3 
6.905 12895 50 5 3 5 8 2 20 7 
7.295 12965 67 6 2 4 4 1 10 5 
7.905 13075 75 6 2 5 3 1 4 4 
8.105 13111 55 11 4 6 13 3 4 4 
8.705 13219 55 10 3 6 6 2 8 3 
9.105 13312 55 13 3 4 15 5 3 3 
10.105 13702 41 15 5 6 22 4 4 3 
10.905 14014 56 14 7 6 10 3 2 1 
11.105 14092 45 13 5 9 17 5 2 4 
12.105 14336 45 14 4 8 19 6 3 3 
12.995 14467 52 16 6 6 10 7 2 1 
13.105 14483 43 15 4 8 16 4 4 6 
  
   
2
2
0
 
 
2
2
0
 
  
 
2
2
0
 
 
2
2
0
 
 
2
2
0
 
14.105 14630 45 16 5 8 16 4 4 4 
14.995 14761 64 13 4 6 9 2 2 2 
15.105 14777 42 14 4 7 21 4 4 3 
16.105 14924 47 11 5 9 18 4 3 2 
16.905 15041 53 9 9 8 13 2 5 3 
17.105 
 
45 13 4 10 17 4 3 4 
18.305 
 
57 9 3 7 12 4 3 4 
18.705 
 
66 9 4 7 7 2 1 3 
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Appendix V ostracode valves and clam shells carbon and oxygen-isotopic compositions.  
Calculated lakewater oxygen-isotope compositions are also reported.  
Core 1334- Niagara basin (Candona subtriangulata)      
Depth 
(m) 
Age 
(cal BP) 
Ostracode δ13C 
(‰, VPDB) 
Ostracode δ18O 
(‰, VPDB) 
Lakewater δ18O 
(‰,VSMOW) 
5.85 10959 –3.51 –4.85 –9.94 
6.25 11636 –3.52 –3.98 –9.07 
6.45 11974 –3.75 –4.60 –9.69 
6.65 12312 –3.84 –4.76 –9.85 
6.85 12500 –3.62 –6.07 –11.17 
7.05 12539 –3.47 –5.41 –10.50 
7.25 12578 –2.58 –8.08 –13.19 
7.45 12616 –4.45 –8.32 –13.43 
7.65 12655 –4.20 –5.58 –10.68 
7.85 12693 –3.51 –6.61 –11.71 
8.05 12732 –4.02 –7.99 –13.10 
8.25 12771 –3.75 –13.00 –18.13 
8.45 12809 –3.56 –7.71 –12.82 
8.65 12848 –2.71 –12.50 –17.63 
8.85 12887 –3.82 –11.22 –16.34 
9.05 12925 –1.45 –12.71 –17.84 
9.25 12964 –4.08 –11.06 –16.18 
9.45 13003 –2.84 –11.97 –17.10 
9.65 13041 –3.01 –12.23 –17.36 
9.85 13080 –3.90 –12.73 –17.86 
10.05 13119 –3.37 –12.76 –17.89 
10.25 13157 –2.47 –12.65 –17.78 
10.45 13196 –3.05 –12.99 –18.12 
11.05 13394 –4.41 –13.07 –18.20 
11.25 13510 –3.36 –12.67 –17.80 
11.45 13627 –3.90 –12.69 –17.82 
11.65 13743 –3.21 –12.82 –17.95 
11.85 13860 –3.24 –12.51 –17.64 
12.05 13976 –3.69 –12.64 –17.77 
12.45 14209 –3.46 –12.65 –17.78 
12.85 14580 –3.66 –11.98 –17.11 
13.05 14846 –3.70 –12.44 –17.57 
13.25 15231 –4.02 –12.70 –17.83 
13.45 15617 –4.43 –12.58 –17.71 
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13.65 16002 –3.70 –12.58 –17.71 
13.85 16388 –3.46 –12.63 –17.76 
14.25 
 
–4.29 –12.55 –17.68 
14.45 
 
–4.12 –12.69 –17.82 
14.65 
 
–3.82 –12.02 –17.15 
14.85 
 
–3.86 –12.52 –17.65 
 
Core 1334– Niagara basin (Pisidium sp. clams)       
Depth 
(m) 
Age 
(cal BP) 
Clam δ13C 
(‰, VPDB) 
Clam δ18O  
(‰, VPDB) 
Lakewater δ18O 
(‰,VSMOW) 
4.05 7873 +0.63 –1.80       –4.67 
4.45 8562 –0.01 –1.52       –4.38 
4.65 8906 +0.56 –1.32       –4.18 
4.85 9250 +0.01 –2.12       –4.99 
5.05 9595 –0.04 –1.73       –4.59 
5.25 9939 +0.15 –2.29       –5.16 
5.45 10283 –0.47 –2.38       –5.25 
5.65 10621 –2.21 –4.29       –7.17 
5.85 10959 –3.05 –5.91       –8.80 
6.25 11636 –2.56 –6.18       –9.07 
6.45 11974 –3.45 –5.86       –8.75 
6.65 12312 –3.26 –7.59       –10.48 
6.85 12500 –2.96 –9.48       –12.38 
7.05 12539 –2.65 –9.94       –12.85 
7.25 12578 –3.26 –9.51       –12.41 
7.45 12616 –2.60 –10.20       –13.11 
7.65 12655 –3.78 –9.77       –12.68 
7.85 12693 –3.48 –9.46       –12.36 
8.45 12809 +0.50 –2.48       –5.35 
9.45 13003 –2.27 –9.35       –12.25 
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Core 1335– Mississauga basin (Candona subtriangulata)      
Depth 
(m) 
Age 
(cal BP) 
Ostracode δ13C 
(‰, VPDB) 
Ostracode δ18O 
(‰, VPDB) 
Lakewater δ18O 
(‰,VSMOW) 
3.65 7384 –5.76 –2.01       –7.09 
3.85 7896 –6.36 –2.00       –7.08 
4.05 8407 –5.10 –1.60       –6.68 
5.25 11475 –4.59 –3.08       –8.16 
5.45 11687 –4.35 –4.66       –9.75 
5.65 11899 –4.66 –5.76       –10.86 
5.85 12111 –4.79 –5.32       –10.41 
6.05 12323 –5.11 –4.79       –9.88 
6.25 12495 –4.46 –7.72       –12.83 
6.45 12543 –3.24 –9.10       –14.21 
6.65 12592 –4.86 –8.47       –13.58 
6.85 12641 –3.52 –8.93       –14.04 
7.05 12690 –4.99 –9.76       –14.88 
7.25 12738 –4.68 –8.75       –13.86 
7.45 12787 –2.99 –8.70       –13.81 
7.65 12836 –4.64 –8.11       –13.22 
7.85 12885 –4.58 –8.06       –13.17 
8.05 12933 –4.80 –6.87       –11.97 
8.25 12982 –3.53 –7.63       –12.74 
8.45 13031 –3.19 –6.72       –11.82 
8.65 13080 –4.60 –7.94       –13.05 
8.85 13128 –3.11 –10.71       –15.83 
9.05 13177 –3.37 –11.89       –17.02 
9.45 13277 –4.22 –12.65       –17.78 
9.65 13352 –3.37 –12.71       –17.84 
9.85 13427 –4.53 –12.54       –17.67 
10.05 13502 –5.20 –13.59       –18.73 
10.25 13577 –5.23 –11.85       –16.98 
10.45 13652 –5.12 –11.13       –16.25 
10.65 13727 –5.46 –11.31       –16.43 
10.85 13802 –4.88 –12.98       –18.11 
11.05 13877 –4.85 –13.87       –19.01 
11.25 13952 –5.13 –13.30       –18.43 
11.45 14027 –6.30 –12.20       –17.33 
11.65 14102 –5.53 –12.33       –17.46 
11.85 14177 –5.08 –11.87       –17.00 
12.05 14317 –5.05 –13.38       –18.52 
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12.45 14732 –4.13 –13.36       –18.50 
12.65 14818 –4.17 –12.93       –18.06 
12.85 14903 –4.51 –13.27       –18.40 
13.05 14989 –3.73 –13.25       –18.38 
13.25 15074 –5.13 –12.93       –18.06 
13.45 15160 –5.56 –12.49       –17.62 
13.65 15245 –6.17 –11.52       –16.65 
13.85 15330 –5.92 –11.58       –16.71 
14.05 15416 –4.29 –13.22       –18.35 
14.45 15587 –5.37 –13.05       –18.18 
14.65 15672 –7.13 –12.02       –17.15 
14.85 15758 –8.57 –10.91       –16.03 
15.05 15843 –6.29 –13.20       –18.33 
15.25 15928 –6.59 –12.41       –17.54 
15.45 16014 –5.24 –12.76       –17.89 
15.65 16099 –5.19 –13.11       –18.24 
15.85 16185 –4.19 –13.27       –18.40 
16.05 16270 –5.27 –12.98       –18.11 
16.45 16441 –4.10 –12.65       –17.78 
16.65 16526 –6.32 –12.64       –17.77 
16.85 16612 –5.13 –12.82       –17.95 
17.05 16680 –6.51 –12.92       –18.05 
17.25 
 
–5.72 –12.94       –18.07 
17.45 
 
–5.83 –13.28       –18.41 
17.65 
 
–5.31 –13.16       –18.29 
17.85 
  
–12.85       –17.98 
18.05 
 
–6.25 –11.91       –17.04 
 
 
 
 
 
 
 
 
 
225 
 
 
  
2
2
5
 
 
2
2
5
 
  
 
2
2
5
 
 
2
2
5
 
Core 1335– Mississauga basin (Pisidium sp. clams)      
Depth 
(m) 
Age 
(cal BP) 
Clam δ13C 
(‰, VPDB)  
Clam δ18O 
(‰, VPDB) 
Lakewater δ18O 
(‰,VSMOW) 
3.05 5850 +0.66 –1.16       –4.02 
3.45 6873 +0.31 –1.97       –4.84 
3.65 7384 +0.83 –1.97       –4.84 
4.05 8407 +0.48 –1.94       –4.81 
4.45 9429 +0.57 –1.97       –4.84 
4.65 9941 –0.27 –2.22       –5.09 
4.85 10452 –0.41 –2.25       –5.12 
5.05 10963 –0.99 –2.77       –5.64 
5.25 11475 –1.54 –4.01       –6.89 
5.45 11687 –2.16 –5.12       –8.00 
5.65 11899 –2.27 –5.21       –8.09 
5.85 12111 –3.21 –5.82       –8.71 
6.05 12323 –2.94 –5.94       –8.83 
 
Core 1335– Mississauga basin (Fabaeformiscandona caudata)     
Depth 
(m) 
Age 
(cal BP) 
Clam δ13C 
(‰, VPDB)  
Clam δ18O 
(‰, VPDB) 
Lakewater δ18O 
(‰,VSMOW) 
3.05 5850 –2.94 +0.16       –4.91 
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Core 1336– Rochester basin (Candona subtriangulata)      
Depth 
(m) 
Age 
(cal BP) 
Ostracode δ13C 
(‰, VPDB) 
Ostracode δ18O  
(‰, VPDB) 
Lakewater δ18O 
(‰,VSMOW) 
1.65 5813 –2.03 –1.31       –6.39 
2.65 7662 –4.45 –0.81       –5.89 
2.85 8032 –5.48 –1.18       –6.26 
3.05 8401 –4.96 –1.65       –6.73 
3.25 8771 –4.95 –1.18       –6.26 
3.45 9141 –5.40 –1.94       –7.02 
3.65 9511 –3.77 –1.81       –6.89 
3.85 9880 –2.90 –1.46       –6.54 
4.09 10324 –3.05 –1.71       –6.79 
4.25 10620 –2.70 –1.68      –6.76 
4.45 11628 –4.62 –3.26       –8.35 
4.65 12490 –2.92 –4.11       –9.20 
4.85 12526 –3.08 –4.51       –9.61 
5.05 12562 –3.99 –5.00       –10.10 
5.25 12598 –5.47 –5.33       –10.43 
5.45 12634 –5.40 –7.40       –12.51 
5.65 12670 –2.05 –8.58       –13.70 
5.85 12706 –5.12 –8.66       –13.78 
6.05 12742 –4.47 –8.86       –13.98 
6.65 12850 –3.41 –8.93       –14.05 
6.85 12886 –3.19 –7.40       –12.51 
7.25 12958 –4.71 –9.80       –14.92 
7.45 12994 –3.01 –12.40       –17.54 
7.65 13030 –3.55 –12.62       –17.76 
7.85 13066 –5.34 –12.91       –18.05 
8.05 13102 –3.88 –12.87       –18.01 
8.25 13138 –3.53 –12.85       –17.99 
8.45 13174 –3.52 –13.05       –18.19 
8.65 13210 –4.76 –13.73       –18.87 
8.85 13246 –5.06 –13.97       –19.11 
10.05 13683 –6.23 –13.59       –18.73 
10.65 13917 –6.43 –11.50       –16.63 
10.85 13995 –5.68 –12.70       –17.84 
11.25 14151 –7.84 –12.00       –17.13 
11.45 14229 –7.50 –11.31       –16.44 
11.65 14270 –6.50 –10.49       –15.62 
12.05 14329 –7.16 –11.62       –16.75 
227 
 
 
  
2
2
7
 
 
2
2
7
 
  
 
2
2
7
 
 
2
2
7
 
12.25 14358 –5.74 –12.71       –17.85 
12.45 14388 –7.05 –11.73       –16.86 
12.85 14447 –4.91 –9.27       –14.39 
13.05 14476 –5.66 –12.09       –17.22 
13.25 14505 –5.66 –11.58       –16.71 
13.45 14535 –6.58 –11.64       –16.77 
13.65 14564 –5.76 –11.48       –16.61 
13.85 14593 –8.69 –11.12       –16.25 
14.05 14623 –6.01 –11.83       –16.96 
14.25 14652 –5.12 –12.29       –17.42 
14.45 14681 –5.52 –12.05       –17.18 
14.65 14711 –6.94 –12.53       –17.67 
14.85 14740 –7.61 –11.51       –16.64 
15.05 14770 –4.57 –11.28       –16.41 
15.25 14799 –4.72 –12.79       –17.93 
15.45 14828 –4.49 –13.22       –18.36 
15.65 14858 –5.30 –11.99       –17.12 
15.85 14887 –6.30 –12.36       –17.50 
16.05 14916 –4.39 –13.18       –18.32 
16.25 14946 –7.09 –11.76       –16.89 
16.45 14975 –3.60 –12.94       –18.08 
16.65 15004 –4.69 –12.62       –17.76 
16.85 15034 –4.44 –13.44       –18.58 
17.05 15060 –3.08 –12.83       –17.97 
17.25 
 
–4.83 –12.61       –17.75 
17.45 
 
–6.45 –12.10       –17.23 
17.65 
 
–4.47 –13.43       –18.57 
17.85 
 
–3.50 –13.02       –18.16 
18.05 
 
–4.25 –12.97       –18.11 
18.25 
 
–4.42 –12.83       –17.97 
18.45 
 
–4.07 –12.95       –18.09 
18.65  –4.71 –12.78       –17.92 
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Core 1336– Rochester basin (Pisidium sp. clams)      
Depth 
(m) 
Age 
(cal BP) 
Clam δ13C 
(‰, VPDB) 
Clam δ18O  
(‰, VPDB) 
Lakewater δ18O 
(‰,VSMOW) 
3.05 8401 +0.43 –2.00       –4.90 
3.25 9141 +0.97 –1.57       –4.47 
4.25 10620 –0.30 –2.71       –5.62 
4.45 11628 –2.23 –4.78       –7.70 
 
Core 1336– Rochester basin (Fabaeformiscandona caudata)     
Depth 
(m) 
Age 
(cal BP) 
Ostracode δ13C 
(‰, VPDB) 
Ostracode δ18O  
(‰, VPDB) 
Lakewater δ18O 
(‰,VSMOW) 
1.85 6183 –2.89 –1.23       –6.31 
2.45 7292 –1.58 –0.78       –5.86 
2.65 7662 –2.84 –1.00       –6.08 
2.85 8032 –2.83 –0.49       –5.57 
3.05 8401 –5.34 –1.70       –6.78 
3.25 8771 –2.59 –0.99       –6.07 
3.85 9880 –4.62 –1.71       –6.79 
4.09 10324 –4.16 –1.46       –6.54 
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Appendix VI bulk organic matter carbon and nitrogen elemental and isotopic 
compositions.  Calculated molar carbon to nitrogen ratios are also reported.  
Core 1334- Niagara basin           
Depth 
(m) 
Age  
(cal BP) 
TN 
(%) 
OC 
(%) 
C/N 
 
δ15N 
(‰, AIR)     
δ13C 
(‰, VPDB)     
0.995 2362 0.20 1.47 8.7 +3.92 –27.21 
1.205 2752 0.18 1.37 8.7 +3.87 –27.48 
2.105 4423 0.15 1.15 8.7 +3.77 –27.50 
2.905 5894 0.14 1.02 8.6 +3.57 –27.41 
3.105 6238 0.11 0.68 7.4 +3.82 –27.48 
4.505 8648 0.17 1.46 10.1 +4.59 –27.67 
5.305 10025 0.16 1.34 9.8 +4.22 –27.76 
5.315 10042 0.15 1.25 9.6 +4.18 –27.72 
6.185 11517 0.06 0.43 8.8 
 
–27.85 
6.195 11534 0.06 0.45 8.8 
 
–29.25 
7.105 12549 
    
–27.97 
8.105 12742 0.04 0.23 7.0 
 
–27.15 
8.905 12896 0.02 0.15 7.3 
 
–27.36 
10.105 13128 0.03 0.26 8.9 
  10.505 13205 0.04 0.27 8.2 
 
–27.87 
11.105 13423 0.05 0.29 7.5 
  11.395 13592 0.05 0.34 7.4 
 
–28.53 
12.105 14005 0.05 0.33 7.9 
 
–28.25 
12.905 14627 0.03 0.26 8.8 
  13.195 15116 0.04 0.29 7.5 
 
–28.85 
13.505 15713 0.05 0.37 8.4 
  14.195 
 
0.04 0.28 7.6 
 
–28.5 
14.905 
 
0.03 0.26 9.3 
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Core 1335– Mississauga basin          
Depth 
(m) 
Age  
(cal BP) 
TN 
(%) 
OC 
(%) 
C/N 
 
δ15N 
(‰, AIR)     
δ13C 
(‰, VPDB)     
0.505 1391 0.25 1.77 8.4 +4.30 –27.42 
0.995 2240 0.20 1.56 8.9 +4.13 –27.82 
1.595 3279 0.17 1.19 8.2 +4.08 –27.71 
2.105 4163 0.28 2.23 9.2 +4.58 –27.64 
3.105 5978 0.20 1.77 10.2 +4.63 –27.90 
3.395 6720 0.21 1.78 9.8 +4.57 –28.10 
4.105 8535 0.19 1.55 9.5 +4.22 –28.04 
5.105 11091 0.13 1.07 9.5 +4.57 –28.30 
5.395 11623 0.08 0.63 9.2 
 
–28.84 
6.105 12376 0.06 0.44 8.4 
 
–29.13 
6.505 12556 0.05 0.39 8.7 
 
–28.01 
7.105 12702 0.05 0.31 7.9 
 
–27.86 
7.505 12799 0.05 0.32 7.0 
 
–27.73 
7.995 12919 0.04 0.29 8.3 
 
–28.25 
8.105 12945 0.03 0.23 7.9 
  8.505 13043 0.04 0.22 7.0 
 
–28.23 
9.105 13189 0.04 0.24 6.7 
  9.505 13296 0.04 0.27 7.6 
 
–27.28 
10.105 13521 0.04 0.22 7.3 
  10.905 13821 0.04 0.27 7.8 
 
–27.41 
11.105 13896 0.04 0.26 6.9 
  12.105 14377 0.04 0.24 6.6 
 
–27.16 
12.705 14839 0.04 0.27 8.0 
  13.105 15010 0.04 0.24 6.8 
 
–27.29 
13.905 15352 0.04 0.28 8.3 
  14.105 15437 0.04 0.24 6.7 
 
–27.59 
14.595 15646 0.04 0.25 7.0 
  15.105 15864 0.04 0.25 7.0 
 
–27.07 
16.105 16291 0.04 0.25 7.0 
 
–27.27 
17.105 
 
0.04 0.25 7.1 
 
–27.13 
17.705 
 
0.04 0.26 7.7 
  18.105  0.04 0.24 7.1  –27.19 
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Core 1336– Rochester basin          
Depth 
(m) 
Age  
(cal BP) 
TN 
(%) 
OC 
(%) 
C/N 
 
δ15N 
(‰, AIR)     
δ13C 
(‰, VPDB)     
1.015 4563 0.20 1.53 8.8 +3.96 –27.49 
1.595 5701 0.15 0.94 7.4 +3.84 –27.39 
2.195 6812 0.23 1.89 9.5 +4.44 
 3.105 8494 0.15 1.27 10.0 +4.30 –27.93 
3.795 9769 0.16 1.30 9.5 +4.04 –28.76 
4.145 10416 0.15 1.26 9.6 +4.10 –28.95 
4.595 12334 0.10 0.71 8.4 +4.40 –28.61 
4.905 12535 0.09 0.59 7.8 
 
–29.16 
5.105 12571 0.09 0.61 7.9 
 
–29.28 
5.705 12679 0.07 0.41 7.0 
 
–28.15 
6.105 12751 0.06 0.36 6.7 
 
–27.98 
6.905 12895 0.05 0.32 7.3 
 
–28.52 
7.295 12965 0.03 0.22 7.6 
 
–28.18 
7.105 13075 0.05 0.32 7.0 
 
–27.73 
7.905 13111 0.05 0.31 7.3 
 
–27.45 
8.105 13219 0.04 0.30 7.8 
 
–27.51 
8.705 13312 0.05 0.26 6.6 
  9.105 13702 0.05 0.29 7.4 
 
–27.45 
10.105 14014 0.04 0.28 7.7 
 
–27.54 
10.905 14092 0.05 0.28 6.9 
  11.105 14336 0.04 0.29 7.5 
 
–27.55 
12.105 14467 0.04 0.29 7.8 
 
–27.84 
12.995 14483 0.04 0.27 7.2 
  13.105 14630 0.04 0.26 7.2 
  14.105 14777 0.05 0.29 7.4 
 
–27.76 
15.105 14924 0.05 0.32 8.0      –27.83 
16.105 
 
0.05 0.30 7.4 
  17.105 
 
0.05 0.37 8.4 
 
–28.20 
18.305  0.05 0.38 8.5   
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Appendix VII reports the n-alkane abundances and carbon isotopic compositions. 
Core 1336- Rochester basin  
Depth 
(m) 
Age 
(cal BP) 
Abundance 
(μg/g) 
         
           
  
C17 C19 C21 C23 C25 C27 C29 C31 C33 C35 
0.515 3583 0.52 0.33 0.38 0.34 0.31 0.35 0.47 0.36 0.13 0.08 
1.38 5289 0.23 0.32 0.36 0.31 0.29 0.35 0.42 0.34 0.14 0.07 
1.91 6294 0.25 0.51 0.34 0.34 0.28 0.36 0.47 0.38 0.23 0.05 
2.315 7033 0.13 0.18 0.30 0.41 0.39 1.02 0.52 0.38 0.14 0.05 
2.715 7773 0.18 0.22 0.35 0.44 0.34 0.42 0.63 0.45 0.19 0.06 
3.105 8512 0.26 0.25 0.30 0.37 0.26 0.30 0.38 0.29 0.11 0.04 
4.31 10922 0.30 0.45 0.27 0.32 0.25 0.37 0.33 0.23 0.13 0.03 
5.13 12577 0.31 0.45 0.46 0.44 0.32 0.34 0.30 0.23 0.20 0.14 
5.51 12645 0.35 0.47 0.44 0.38 0.30 0.31 0.29 0.23 0.19 0.06 
5.99 12731 0.48 0.46 0.44 0.35 0.29 0.29 0.26 0.21 0.17 0.04 
6.97 12908 0.27 0.32 0.27 0.26 0.22 0.26 0.26 0.23 0.25 0.08 
7.51 13005 0.27 0.30 0.30 0.31 0.27 0.27 0.26 0.20 0.16 0.04 
7.96 13086 0.19 0.22 0.24 0.28 0.25 0.27 0.25 0.20 0.19 0.03 
8.99 13271 0.08 0.17 0.21 0.33 0.32 0.38 0.32 0.25 0.10 0.04 
9.99 13659 0.15 0.18 0.18 0.23 0.18 0.18 0.14 0.09 0.04 0.01 
10.99 14049 0.15 0.21 0.25 0.39 0.35 0.35 0.27 0.19 0.08 0.03 
11.99 14320 0.16 0.19 0.22 0.30 0.26 0.26 0.21 0.15 0.06 0.02 
14.93 14752 0.18 0.24 0.25 0.30 0.25 0.27 0.22 0.17 0.12 0.04 
16.51 14984 0.37 0.39 0.39 0.43 0.37 0.40 0.34 0.26 0.13 0.05 
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Depth 
(m) 
Age  
(cal BP) 
δ13C 
(‰,VPDB) 
        
  
C17 C19 C21 C23 C25 C27 C29 C31 C33 
0.515 3583 –34.0 –31.4 –32.3 –33.4 –30.5 –30.7 –31.1 –31.1 –30.4 
1.38 5289 –31.6 –31.2 –32.0 –31.7 –30.1 –30.1 –30.9 –30.9 –30.8 
1.91 6294 –31.8 –32.5 –32.5 –31.4 –29.7 –30.4 –31.0 –31.4 –30.9 
2.315 7033 –30.3 –30.8 –31.8 –32.4 –28.3 –33.0 –29.9 –30.3 –29.4 
2.715 7773 –29.6 –31.3 –29.9 –30.9 –25.1 –26.8 –28.9 –30.3 –30.1 
3.105 8512 –29.6 –30.3 –30.0 –33.6 –28.2 –29.3 –30.8 –30.9 –30.0 
4.31 10922 –29.7 –30.0 –30.8 –32.8 –28.6 –31.1 –30.5 –31.5 –31.2 
5.13 12577 –29.8 –30.4 –31.8 –32.4 –31.2 –31.8 –31.2 –31.2 –31.1 
5.51 12645 –30.7 –30.7 –31.4 –31.8 –31.7 –31.5 –31.9 –32.8 –32.3 
5.99 12731 –29.9 –29.2 –31.2 –31.2 –32.9 –31.2 –31.8 –32.4 –31.4 
6.97 12908 –29.3 –29.8 –31.3 –31.5 –31.5 –32.0 –32.2 –32.4 –32.0 
7.51 13005 –30.3 –30.5 –31.5 –32.3 –31.7 –31.6 –32.4 –33.2 –33.3 
7.96 13086 –29.5 –30.0 –31.5 –31.5 –31.6 –31.5 –32.0 –32.8 –32.2 
8.99 13271 –29.7 –30.0 –30.5 –31.6 –31.7 –31.5 –31.9 –32.0 –32.0 
9.99 13659 –29.1 –30.3 –30.4 –31.2 –31.9 –31.4 –31.8 –32.3 –31.7 
10.99 14049 –29.9 –29.5 –30.0 –31.4 –31.2 –31.4 –32.2 –31.7 –31.5 
11.99 14320 –29.1 –29.4 –30.3 –32.0 –32.2 –31.9 –32.3 –32.7 –31.3 
14.93 14752 –29.8 –30.2 –31.6 –31.7 –31.9 –32.0 –32.6 –33.2 –32.5 
16.51 14984 –30.2 –29.8 –32.8 –32.9 –33.3 –32.6 –33.2 –33.4 –33.6 
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Appendix VIII provides the gas-chromatograph spectrums used to calculate n-alkane abundances.  
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